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Preface
This dissertation, entitled The Brazil-Malvinas Confluence: from local to global scales, is
presented as a partial requirement to obtain the Doctoral degree from the Universitat Politèctica
de Catalunya. This investigation is the compilation of 5 studies aimed at describing the circulation and mixing processes within the Brazil Malvinas Confluence. The research presented
here has been conducted between 2014 and 2019 under the guidance of Dr. Josep Lluis Pelegrí
Llopart, who is a Research Professor at the Intitut de Ciències del Mar – Consejo Superior de
Investigaciones Científicas, supported through a FPU predoctoral grant (FPU13/02884). It has
been developed in the framework of the projects TIC-MOC (Tipping Corners of the Meridional
Overturning Circulation, reference CTM2011-28867, carried out between January 2012 and December 2015) and VA-DE-RETRO ( Retroflexiones de frontera oeste: conexiones en transportes
latitudinales y recirculación de giro en el océano Atlántico, reference CTM2014-56987-P, carried
out between January 2015 and December 2018).
This doctoral dissertation is structured into a brief Introduction and the presentation of the
main Datasets. The following five chapters constitute the core of the dissertation, each of them
presented as a scientific article. Four of them ( the two datasets and Chapters 3, 4) have already
been published or are in the final steps of the publication process, while the other three (Chapters 1, 2 and 5) are still in preparation and should therefore be considered as preliminary drafts.
The thesis concludes with the exposition of the main results of this work, as well as with comments on the potential future lines of research. Along this period of research two collaborative
research stays were done, at University of Las Palmas de Gran Canaria under the guidance of
Dr. Francisco Machín, and at the University of Southampton under the guidance of Prof. Alberto Naveira Garabato. The derived works are shown in Chapters 3 and 5, respectively. During
this period the author of this thesis has attended a total of four conferences and two summer
colloquia and has participated in three research cruises.
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Summary

Summary
The Southwest Atlantic Ocean is a key component of the global climate system. It holds the
Confluence of the Brazil and Malvinas Currents (BMC), one of the highest frontal systems of
the world ocean. The BMC is the encounter point of subtropical origin warm and salty waters, transported southward within the Brazil Current, and subantarctic waters flowing equatorward along the Malvinas Current. The intense mixing and cross-frontal exchanges highly
transform the water masses at this region, which will finally flow southward, eastward or will
be subducted into the subtropical thermocline. This PhD dissertation aims at extending our
knowledge on the circulation and dynamics in the BMC, placing these results in perspective
from the small to the global scales.
The intense property contrast found in this region resemble the intense temperature gradients
between low and high latitudes. We first analyse the changes in the heat content of the atmosphere and upper ocean compartments for the last 450 kyr and analyse the sensitivity of the
system to changes in albedo, cloud cover and atmospheric and oceanic heat transports.
We then describe the hydrographic conditions found at the BMC during and early fall cruise
(TIC-MOC cruise). These reveal the presence of brackish river water on top the frontal system.
The salinity anomaly at the surface correlates with the presence of large ageostrophic velocities
along the frontal jet. In addition, the rapid evolution of these waters impinges on the thermohaline variability in the proximity of the front. The comparison of surface overview during
the cruise is well represented by the high-resolution reanalysis, although at depth it misses the
thermohaline intrusions developed both sides the front. On the other hand, climatological data,
as it shows the monthly fields, is not able to reproduce the numerous mesoscale features.
We also examine the circulation pattern in the upper 2000 m depth. We find a relatively weak
MC near 41o S, 56o W followed by its cyclonic retroflection, an intense subtropical anticyclone
replacing the BC-overshoot (BCO), a subantarctic inflow near 53o W maintained both by an
upstream earlier diversion of the MC and the cyclonic recirculation of the flow leaving the east
along the confluence front. On the northern extreme of the Confluence we found the southward
flow of BC, close to its mean value. The results in this chapter also suggest the existence of
dianeutral mixing and cross-frontal exchanges resulting in water mass tranformations at the
conflunce region.
Combining sea surface temperature images with novel high-resolution SeaSoar measurements
(RETRO-BMC cruise), in chapter 4, we further assess the high-frequency temperature variability at at the BMC. We found spatio-temporal scales between 1.5 and 6 days and between 20 and
5
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50 km with the shortest scales along the shelf-break BC and over the Confluence front and the
largest ones along the MC and MRC. We conclude that Variability increases at the subsurface
due to submesoscale thermohaline intrusions.

Finally, in chapter 5, we analyse the relative role of dianeutral mixing by small scale turbulence
and isoneutal mixing induced by mesoscale eddy stirring in setting the temperature-salinity
relationship in the Argentine basin. Using microstructure measurements along the Subtropical
Front, we found that dieneutral mixing is enhanced in the upper 500 m of the water column,
especially downstream the BCO, and at depth over the shelf-break and the eastern limit of the
basin, at the mid-Atlantic ridge. Isoneutral diffusivity dominates below 500 m in the centre of
the basin. Moreover, we determine the cross-frontal eddy-advective mass flux. These induce
the subduction of about 3 Sv of mode and intermediate waters into the subtropical thermocline
and the poleward transport of Upper Circumpolar Deep Water.
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Resumen

Resumen
El suroeste del Océano Atlántico es clave del sistema climático global. En esta región se encuentran las corrientes de Brasil y Malvinas, dando lugar a uno de los sistemas frontales más
intensos del océano mundial, la Confluencia de Brasil-Malvinas (BMC). Esta región frontal es
el punto de encuentro de aguas de origen subtropical, cálidas y saladas, que son transportadas
hacia el sur en la corriente de Brasil y aguas de origen subantárctico que viajan hacia el ecuador
a lo largo de la corriente de Malvinas. La intensa mezcla y los intercambios frontales cruzados
transforman en gran medida las masas de agua que aquí se encuentran y que finalmente fluirán hacia el sur, hacia el este o que serán subducidas hacia la termoclina subtropical. Esta tesis
tiene como objetivo principal ampliar nuestro conocimiento sobre la circulación y dinámica en
la BMC, colocando estos resultados en perspectiva, desde la pequeña escala a la escala global.
El intenso contraste de propiedades de las aguas que se encuentran en esta región se asemeja
a los intensos gradientes de temperatura que encontramos entre las altas y bajas latitudes. En
un primer trabajo, analizamos los cambios en el contenido de calor de la atmósfera y el océano
superior durante los últimos 450 millones de años.
A continuación, describimos las condiciones hidrográficas encontradas en la BMC a principios
de otoño de 2015 a partir de los datos recogidos en una campaña oceanográfica (TIC-MOC) y
su comparación con datos de reanálisis y climatológicos. Estos revelan la presencia de aguas
salobres del Río de la Plata en los primeros metros del sistema frontal. La anomalía de salinidad presenta una correlación positiva con las intensas velocidades ageostróficas a lo largo
del jet frontal. La comparación de la visión general de las condiciones superficiales durante
la campaña está bien representada por el reanálisis de alta resolución, aunque en profundidad su exactitud es menor debido a la presencia de intrusiones termohalinas desarrolladas a
ambos lados del frente, no reproducidas por el modelo. Los datos climatológicos, sin embargo, al representar las condiciones medias del mes, no muestran las numerosas estructuras de
mesoescala encontradas en la región.
Asimismo, examinamos el patrón de circulación en los primeros 2000 metros de la columna de
agua. Al sur del frente encontramos un transporte débil de la MC aproximadamente a 41o S,
56o W, seguido de su retroflexión ciclónica, un anticiclón subtropical intenso que reemplaza
la retroflexión de la corriente de Brasil, un flujo de aguas subantárcticas a 53o W alimentado
por un desvío aguas arriba de la MC y la recirculación ciclónica del flujo que sale al este a lo
largo del frente de Confluencia. En en extremo norte, encontramos el transporte hacia el sur,
dentro de los valores medios, de la corriente de Brasil. Los resultados en este capítulo sugieren
también la existencia de mezcla dianeutra e intercambios frontales en la BMC.
7
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Evaluamos la variabilidad de alta frecuencia de la temperatura en esta región combinando imágenes de temperatura superficial del mar con nueva mediciones de alta resolución recogidas
con un SeaSoar (campaña RETRO-BMC). Encontramos escalas espacio-temporales características de entre 1.5 y 6 días y entre 20 y 50 km. Las escalas más cortas se encuentran la lo largo de la
corriente de Brasil en su proximidad a la plataforma continental y sobre el frente de Confluencia, mientas que las mayores escalas corresponden a la MC y su retroflexión. La variabilidad
aumenta en profundidad debido a la presencia de las intrusiones termohalinas submesoescalares.

Finalmente, analizamos el papel relativo de la mezcla dianeutra debida a turbulencia de pequeña escala y de la mezcla isoneutra inducida por remolinos de mesoescala en establecer la
relación temperatura-salinidad en la cuenca argentina utilizando para ello mediciones de microestructura. La mezcla dianeutra es máxima en los primeros 500 m de la columna de agua,
especialmente aguas abajo de la BCO, y en profundidad sobre el borde de la plataforma continental y el límite oriental de la cuenca sobre la Dorsal Mesoatlántica. La difusividad isoneutral
domina en profundiad (>500 m) en el centro de la cuenca. Además, determinamos el flujo de
masa meridional debido a la advección inducida por los remolimos mesoscalares.
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General Introduction

The ocean modulates the Earth’s heat distribution
The thermodynamic state of the Earth system depends on different physical parameters, such
as the incoming solar energy, the greenhouse effect and atmospheric and oceanic circulation, as
well as on the strong internal climate feedback mechanisms such as snow/ice albedo, water vapour and cloud feedbacks. Biogeochemical factors are also potentially important in controlling
the Earth’s thermodynamic state, although they act in a more subtle way, indirectly through
the regulation of carbon dioxide (CO2 ) and other greenhouse gases.
Incoming solar radiation is the primary source of energy and the main driver of the Earth
climate system. Tropical latitudes, due to their particular astronomical and atmospheric conditions, receive more short-wave radiation in comparison to higher latitudes. On the other hand,
outgoing long-wave radiation does not vary much with latitude, resulting in a heat-gain at latitudes less than 35o while at higher latitudes there is a deficit (Bryden and Imawaki, 2001).
This difference settles a meridional heat transport from the equator towards the poles, aimed
at addressing this imbalance.
The atmospheric and oceanic circulation contribute near - equally to the meridional heat flux,
although atmospheric transports dominate at high latitudes and oceanic transports do so in tropical regions (Wunsch, 2005; Czaja and Marshall, 2006). Both compartments also differ in the
predominant transport mechanisms: in the atmosphere the poleward heat flux is mainly achieved through the release and transport of dry static and latent energy (Trenberth and Stepaniek,
2003) while in the ocean this occurs through large-scale (wind-driven and thermohaline) circulation and mesoscale eddies (Wunsch, 1999; Jayne and Marotzke, 2002; Ferrari and Ferreira,
2011). In particular, the Meridional Overturning Circulation (MOC) [Fig. 1] is responsible of
a large fraction of the poleward heat transport, becoming a key element in the global energy
balance (Talley, 2003).
Changes in any of the transport and feedback mechanisms can result in changes in the thermodynamic state of the Earth. These fluctuations occur at multiple time scales, from interannual and interdecadal periods such as El Niño-Southern Oscillation or North Atlantic Oscillation to centuries and even glacial-interglacial periods. Most of these climate phenomena are
related to changes in the way the ocean stores and transports heat. Lower-frequency variability changes, that is from centennial to glacial periods, are linked to changes in the deep ocean
circulation and stratification (Ferrari et al., 2014) responding to the reorganization and variations in the intensity of the MOC (Broecker et al., 1997; 2003). Furthermore, the MOC interacts
with the carbon reservoir of the deep ocean and therefore conditions the atmospheric CO2 concentration (Sigman et al., 2010; Watson et al., 2015), amplifying or diminishing the greenhouse
effect.
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Time-independent box-type models, time-dependent heuristic models and deterministic boxtype models have been used to identify and parameterize the factors controlling the way the
Earth changes between different thermodynamic states (Sarmiento and Toogweiller, 1984; Siegenthaler and Wenk, 1984; Paillar, 1998; Paillard and Parrenin, 2004; Garcia-Olivares and Herrero, 2012; 2013; Pelegrí et al., 2013). Despite their relative simplicity, these models are able to
satisfactorily reproduce the glacial-interglacial periods as well as the maximum and minimum
CO2 concentration or δ18 O (used as a proxy of temperature). However, less is known about the
mechanisms controlling the effect of different feedback mechanisms at these temporal scales.
In Chapter 1, we develop a simple time-dependent coupled ocean-atmosphere model aimed
at analysing the changes in the heat content of the atmosphere and upper-ocean during the last
four glacial-interglacial periods. In addition, we assess the effect of changes in the MOC, the
atmospheric and upper-ocean circulation and the different feedback mechanisms such as cloud
coverage and ice-albedo.

Fig. 1: Schematic of the global MOC. The red curves in the Atlantic indicate the northward flow of
water in the upper layers (MOC upper limb). The blue and purple curves denote the deep and bottom
water circulation (MOC lower limb). The filled orange circles in the Nordic and Labrador Seas indicate
regions where near-surface water cools, releasing heat to the atmosphere, and becomes denser, causing
the water to sink to deeper layers of the Atlantic (deep water formation). At the southern end of the
Atlantic, the AMOC connects with the Antarctic Circumpolar Current (ACC). Deep waters formed in the
Southern Ocean spread at levels deeper than those used by waters from the North Atlantic. The circles
with interior dots indicate regions where water upwells from deeper layers to the upper ocean. Black
arrows indicate the direction of the circulation. Reproduced from Kuhlbrodt et al. (2007) after Rhamstorf
(2002).

18

General Introduction

The Atlantic meridional overturning circulation
According to paleoclimate records, changes in the Atlantic branch of the global MOC, the
Atlantic MOC (AMOC), have been related to abrupt climate changes (Peterson et al., 2000;
Ganopolski and Rahmstorf, 2001; Stott et al., 2002). The worldwide implications of the AMOC
circulation arise from the overall northward heat transport in this basin, from the Southern
to the Northern hemisphere across the equator (Trenberth and Caron, 2011; Ganachaud and
Wunsch, 2003), in contraposition to the poleward circulations, asymmetric about the Equator,
in the Pacific and Indian oceans.
The AMOC schematic circulation consists of two primary overturning cells forced by polar
water mass formation: (1) an upper cell formed by the southward flow of cold North Atlantic
Deep Water (NADW) at 1500-4500 m depth and the compensating northward flow in the upper
1000 m of relatively warm and salty waters and (2) a deep cell in which Antarctic Bottom Water
(AABW), formed around Antarctica, flows northward at about 4500 m and gradually rises into
the lower part of the southward flowing NADW (Talley et al., 2013) [Fig. 1].

Fig. 2: A schematic view of the dynamics in the Southern Ocean with water density colored from red for
surface light waters to purple for the densest deep waters. The westerly winds drive northward Ekman
transports at the ocean’s surface. The latitudinal variation in the westerlies creates a divergence in the Ekman transport, which causes water to upwell along the sloping density layers from the deep ocean to the
surface. Both eddies and the strong eastward Antarctic circumpolar current over topographic ridges also
influence the upwelling. Upon reaching the upper ocean, the upwelled waters split into two pathways:
Water that reaches the surface close to Antarctica’s sea ice is cooled, sinks along the continental shelf,
and is transformed into dense bottom water; water that surfaces north of the sea-ice edge is warmed and
flows northward with the Ekman layer. Reproduced from Morrison et al. (2015).

In order to sustain the AMOC, it is necessary that the dense deep waters return to the sea surface (Wunsch and Ferrari, 2004; Visbeck, 2007). Two possible mechanisms have been proposed
for this upwelling: turbulent mixing in the deep ocean and northward wind-driven Ekman
transports in the Southern Ocean. The first mechanism, turbulent mixing in the ocean interior,
19
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is driven by the energy cascading from mesoscale to submesoscale internal waves and smallscale motions. It diffuses heat downward across surfaces of equal density (diapycnal mixing)
and contributes to the lightening and hence upwelling of cold and dense waters (Munk and
Wunsch, 1998; Nikurashin and Vallis, 2011), forming the returning path of the lower cell of the
MOC. The second mechanism, upwelling of deep waters, happens primarily along the outcropping isopycnal surfaces in the Southern Ocean, which are driven by the strong westerly winds
blowing around Antarctica (Toggwailer and Samuels, 1995; Marshall and Speer, 2012) [Fig. 2].
The zonal wind stress induces downwelling equatorward of the maximum zonal wind stress of
mode and intermediate waters, which will end up reaching the North Atlantic, and poleward
upwelling supplied by southward geostrophic flow at depth. The deep flow along the steep
isopycnals is baroclinically unstable and forms mesoscale eddies, which enhance a vertical cell
across the ACC, which in the upper layers opposes the wind-induced transport and enhances
upwelling down to some 2000 m (Marshall and Radko, 2003; Marshall and Speer, 2012). Therefore, the water mass transformations associated with the AMOC is the complex outcome of the
interaction between surface currents, deep currents and eddy-driven circulation (Buckley and
Marshall, 2016).

The South Atlantic circulation
Thermocline and intermediate waters subducted at the southern extreme of the South Atlantic
Subtropical gyre, along the Subtropical Front, contribute greatly to the returning path of the
AMOC (Campos et al., 1999). Part of these waters are originated in the South Atlantic Ocean
(Stramma and England, 1999) but most of them come from the Pacific Ocean through the Drake
Passage, known as the cold route (Rintoul, 1991), and the Indian Ocean via the Agulhas leakage,
referred to as the warm route (Gordon, 1986). All these water masses experience important
modifications along their journey in the South Atlantic basin due to air-sea interactions, small
scale diapycnal mixing (Bianchi et al., 1993; 2002; Sloyan and Rintoul, 2002), eddy-induced
isopycnal mixing, subduction and advection processes (Garzoli and Matano, 2011). This variety
of processes makes the circulation of this basin a fundamental component of the AMOC.
The South Atlantic subtropical gyre circulation is driven by both wind and large-scale thermohaline imbalances. The upper 500 m of the subtropical South Atlantic are dominated by
the wind-driven anticyclonic subtropical gyre (Peterson and Stramma, 1991; Stramma and
England, 1999), consisting of the South Equatorial Current (SEC), Brazil Current (BC), South
Atlantic Current (SAC) and Benguela Current [Fig. 3]. The circulation of intermediate waters
(500-1200 m) is also coupled to this gyre (Reid, 1989; Rintoul, 1991; Gordon et al., 1992).
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Fig. 3: Schematic representation of the surface circulation in the South Atlantic Ocean. The main ocean
currents are depicted in black, with the arrows indicating their direction. The depth of the water column
is grey-shaded, in meters. Reproduced from Talley et al. (2011).

The southern limit of the South Atlantic Subtropical gyre is formed by the SAC, flowing quasizonally eastward from 50o W towards the African continent. Near South Africa, a branch continues into the Indian Ocean while the other turns north into the Benguela Current and finally
into the SEC. The SEC transports subtropical waters from the Benguela Current region westward, towards Brazil, representing the northern limit of the subtropical gyre. Once this current
reaches the South America continental slope, near 15o S, it bifurcates to the north as the North
Brazil Current and to the south as the BC. At intermediate depths this bifurcation occurs further south, near 27o S, feeding the southern flow of the Intermediate Western Boundary Current
(Boebel et al., 1999; Legeais et al., 2013).
The poleward western boundary circulation of the subtropical gyre is governed by the BC,
which carries warm and salty waters at central and intermediate levels and NADW in the
Deep Western Boundary Current (Reid et al., 1977). The BC encounters the Malvinas Current
(MC) near 38o S, in a region known as the Brazil Malvinas Confluence (BMC) (Gordon and
Greengrove, 1986), where it separates from the boundary and continues south drawing a tight
loop known as the Brazil Current Overshoot (BCO) (Saraceno et al., 2004). The BCO retroflects
northward at around 45o S-55o W, splitting into one branch that turns northward as the BC
offshore recirculation (Stramma and England, 1999; Valla et al., 2018) and another one that
21
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continues eastward as the SAC, closing the subtropical gyre. The Subtropical Front (STF), as
the southern extreme of the Subtropical gyre, separates warmer and saltier subtropical water
masses to the north from cold, fresh and highly oxygenated subantarctic water masses to the
south.
South of the STF, the circulation is governed by the eastward flowing ACC. Its zonal flow is
organized in three frontal systems, which correspond to water mass boundaries as well as deepreaching eastward flowing jets, the Subantarctic Front (SAF), Polar Front (PF) and Southern
ACC Front (Orsi et al., 1995) [Fig. 3].
In the southwestern basin, the MC transports equatorward subantarctic water as part of the
cold path source for the upper limb of the AMOC. Originated as an offshoot of the Antarctic
Circumpolar Current (ACC), it enters the Argentine Basin east of the Malvinas Islands (Lumpkin and Johnson, 2013) and then flows northward along the path of the SAF following the
1000-2000 m isobaths (Piola et al., 2013) up to 38o S where it encounters the BC. After the confluence, it sharply turns south as the Malvinas Return Current (MRC) (Piola et al., 2013) before
finally flowing east at about 45o S (Peterson and Whitworth, 1989).

The Brazil-Malvinas Confluence
The BMC is a key site in the AMOC, with important implications on the global climate system
(Campos et al., 1999). Its characteristics and variability depend on several dynamic processes.
Firstly, the convergence of the STF and SAF at this site, and thus the encounter of subtropical
and subantartic waters, favours the exchange of properties across the front and controls the
distribution of heat and salt over the basin (Jullion et al., 2010). Secondly, the intense mixing and
water mass transformation processes occurring in the BMC (Sloyan and Rintoul, 2001) to a large
extent condition the water mass structure of the South Atlantic Ocean (Garzoli and Matano,
2011). Finally, it is the locus of the ventilation of the subtropical gyre, as some of these young
and oxygen-rich formed waters and Antarctic origin surface waters are subducted under the
surface subtropical waters and extend northward (Karstensen and Quadfasel, 2002; Donners et
al., 2005). Therefore, understanding processes and dynamics at this region would contribute to
improve our knowledge of the role of the South Atlantic as a major component of the global
climate.
The high variability of the BMC (Garzoli, 1993; Lumpkin and Garzoli, 2011) and the reduced
number of in-situ measurements hinders the description of its regional circulation. The complexity of the water mass structure, characterized by the convergence of multiple water masses
of very different origin and hence properties (Maamaatuaihutapu et al., 1992, 1994) [Fig. 4],
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challenges an accurate description of this region. Due to the scarcity of in-situ velocity measurements, the hydrographic observations have been used to identify the different water masses
and the spatial distribution of properties has led to propose different spreading pathways [Fig.
5] (Stramma and England, 1999; Wienders et al., 2000; Valla et al., 2018).

Fig. 4: (Top) Vertical section of salinity across the WOCE A17 section. Retrieved from the eWOCE gallery (Schlitzer, 2000). (Bottom) θ-S diagram for the A17 section showing the main water masses in the
western South Atlantic: SMW (Salinity Maximum Water), SACW (South Atlantic Central Water), AAIW
(Antarctic Intermediate Water), UCPW (Upper Circumpolar Water), NADW (North Atlantic Deep Water)
and AABW (Antarctic Bottom Water). The panel on the right shows a zoom to the intermediate and deep
waters. Reproduced from Mémery et al. (2000).

The upper 200 m of the BC water column are characterized by the salty and warm Tropical
Water (TW). This water mass is modified Salinity Maximum Water, which is formed in the
subtropics where evaporation exceeds precipitation (Mémery et al., 2000). Thus, it is the saltiest
(>36) and warmest (>20o C) water mass found in the Argentine Basin. After mixing at the BMC,
a fresher and colder TW splits into two branches, one flowing eastward within the SAC and
the other recirculating northward as the BC offshore recirculation.
Below TW, between 200 and 600 m (shallower in the core of the BC) we find South Atlantic
Central Water (SACW). It is characterized in the potential temperate-salinity (θ-S) diagram by
a near-straight line between (5-6o C, 34.6) and (18-20o C, 36.0) (Stamma and England, 1999) [Fig.
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5]. This water mass comprises two mode waters: Subtropical Mode Water (STMW) and Subantarctic Mode Water (SAMW). STMWs are found in every western boundary current system
(Hanawa and Talley, 2001). Three different types of STMW have been identified in the South
Atlantic (Provost et al., 1999), covering a range of temperatures between 12o C and 18o C. In
particular, two of them are formed mainly in the BCO as the result of air-sea exchanges and
thermodynamic processes at the BMC (Provost et al., 1999; Sato and Polito, 2014). The STMW
shows a circulation pattern analogue to TW. On the other hand, the SAMW water characterizes
the first meters of the MC, being much colder (θ ∼
= 5-8o C) and fresher (S ∼
= 34.1) than STMW.
This water mass is formed north of the SAF by winter convection (McCartney, 1977, 1982) and
flows northward within the MC. At the BMC front, it subducts into the subtropical thermocline
and continues northward (Piola and Gordon, 1989).
Intermediate levels of the BMC are occupied by Antarctic Intermediate Water (AAIW), which is
characterized by salinity minimum values (S <34.3) and maximum dissolved oxygen content.
It is formed through the subduction of Antarctic Surface water in the northern Drake Passage
and the MC loop (Talley, 1996). At the BMC, these relatively new AAIW mixes intensely with
warmer, saltier and less oxygenated older AAIW, which flows poleward south of 27o S under
the BC (Valla et al., 2018; Orúe-Echevarría et al., 2019). After the confluence, the AAIW splits
into three branches: one that flows northward under the offshore BC recirculation, another that
continues southward with the MRC, and a final fraction flows eastward within the SAC (Valla
et al., 2018).

Fig. 5: Schematic pathways of the water masses in the northwest Argentine Basin, colourcoded according to the different water masses defined by neutral density ranges (in kg
m-3 ): TW/SACW (red), AAIW (yellow), UCDW
(green), NADW (blue), LCDW (cyan), AABW
(magenta). The zigzag yellow and green arrows
indicate property exchanges in the BMC region,
and the dashed paths indicate sporadic or unconfirmed pathways. Reproduced from Valla et
al. (2018).
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Below AAIW and down to about 2000 m depth, we find Upper Circumpolar Deep Water
(UCDW). It is a large body of relatively fresh (S >34.3) and oxygen-poor (<4.2 ml l-1 ) water,
characterized by a maximum broad silicate concentration (Stramma and England, 1999). It is
formed from the mixing of upwelled NADW with waters circulating within the ACC (Reid et
al., 1977). It presents the same circulation patters as AAIW, that is, a more pristine (less oxygenated and colder) UCDW entering the Argentine basin mixes with the older recirculated UCDW
flowing under the BC core. After the BMC, the UCDW splits in two branches, one that flows
beneath the BC offshore recirculation into the subtropical Atlantic and another that moves into
the subantarctic zone with the MRC.
Below UCDW, we find NADW flowing along the deep western boundary current. It is identified by its relatively high potential temperature (θ

∼
= 3o C) and salinity (S ∼
= 34.9) values.

South of the BMC, there is a recirculation cell and a diluted variety of NADW turns northward.
Deepest water masses correspond to Lower Circumpolar Deep Water (LCDW) and AABW.
Both cross northward the Argentine Basin, from the Drake Passage until the deep MC waters
(Georgi, 1981; Reid, 1989).
A useful technique to aid these descriptions is inverse modelling. The inverse method is based
on the principle of conservation of properties in any closed box, such as a region delimited
by the coast and certain hydrographic lines (Wunsch, 1996). These methods have been applied to the Argentine basin and the BMC region in order to estimate mass and property transports (Maamaatuaihutapu et al., 1998; Sloyan and Rintoul, 2001; Jullion et al., 2010). However,
these studies have used low-resolution or non-synoptic hydrographic data. Therefore, some
small-scale local pathways, but with regional or even global implications, could be missed. In
this study we use a recently gathered hydrographic and velocity dataset (Dataset on TIC-

MOC cruise and Chapter 2), together with satellite data in order to analyse the circulation
and main water - mass modifications in the BMC at two different spatial scales (Chapter 3).
Our results reveal the prominent role of mesoscale structures in the circulation and exchanges
between the subtropical and subantarctic region and point at the important modifications that
water masses experience in the region.
On top the regional BMC circulation pattern, there is a rich mesoscale eddy and filament field
(Legeckis and Gordon, 1982; Olson et al., 1988; Pilo et al., 2015; Mason et al., 2017). The anticyclonic/cyclonic eddies confine subtropical/subantartic waters, which contrast with the properties of surrounding waters. These mesoscalar features distort the large-scale STF and SAF,
giving rise to less pronounced fronts along these features. Further, the large-scale fronts and the
mesoscalar features experience displacements that cause variability that ranges from months
to weeks (Legeckis and Gordon, 1982; Pilo et al., 2015). At the submesoscale, the features experience faster changes, which suggests the existence of much shorter (of the order of days
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and tens of kilometres) temporal and spatial scales. The sharp surface property contrasts have allowed to determine the variability of this region from satellite imagery, although most of
the studies have focused on the semi-annual or interannual variability (Legeckis and Gordon,
1982; Olson et al., 1988; Goni and Wainer, 2001; Goni et al., 2011). However, little is known
about the high-frequency surface and subsurface correlation scales. In Chapter 4, based on
novel data from two high-resolution near-synoptic three-dimensional surveys in the frontal region (Dataset on RETRO-BMC cruise) and high-resolution SST imagery, we assess the
surface temporal, cross-front vertical and both surface and subsurface spatial correlation scales
of the temperature field at the BMC.

Mixing in the Southwest Atlantic
The large-scale ocean patterns rely significantly upon the mesoscale and submesoscale processes, which are responsible for the turbulent diffusion and redistribution of heat and salt, among
other properties. In the absence of diffusive processes, advection would bring about sharp physical and biogeochemical property contrasts. The submesoscale diffusion (with typical scales
of several kilometres and days) is responsible for smoothing out these contrasts, in such a way
that the advective currents themselves also weaken out. The combination of external forcing,
advection and diffusion leads to what we view as the mean state of the ocean.
Diffusion occurs both along and cross isopycnals – isopycnal and diapycnal – in directions close
to the horizontal and vertical. The small-scale turbulent processes associated with the submesoscale motions occur at horizontal lengths shorter than O (10 km) and O (100 m), typically
one order of magnitude less than the mesoscalar eddies. Rather than being globally uniform,
these processes are intensified in certain specific areas, often related to topographic obstacles
and variations in external forcing (Wunsch and Ferrari, 2004).
Diapycnal mixing caused by small-scale turbulence varies with depth and location (Whalen et
al. 2012; Mackinnon et al., 2013). In the upper 1000 m of the water column, dissipation is enhanced by the downward propagation and breaking of near-inertial waves generated by winds
acting on the surface mixed layer (D’Asaro, 1985; Waterman et al., 2013). At depth, elevated dissipation values are found above rough topography, such as abrupt isolated ridges, related to
the generation and dissipation of internal lee waves or to strong near-bottom flows (Polzin
et al., 1997; Ledwell et al., 2000; Nikurashin and Ferrari, 2011; Naveira Garabato et al., 2014;
Waterhouse et al., 2014) [Fig. 6].
Eddies play a primary role in the distribution of tracers such as heat, nutrients, dissolved gases
and other biogeochemical properties in the world ocean. This mechanism is indeed necessary to
transfer the net input of heat at low latitudes towards the high latitudes, where it is eventually
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lost to the atmosphere (Johnson and Bryden, 1989). Eddies affect tracers’ distributions through
three mechanisms: (1) eddy-diffusive transport or isopycnal stirring, which results from eddies
stirring tracers due to their rotation primarily along interior neutral surfaces (Redi, 1982; Naveira Garabato et al., 2011) [Figs. 6], (2) eddy-advective transport or ‘bolus velocity’, as these
features extract potential energy from the mean flow and induce a flattening of isoneutral surfaces by volume fluxes (Gent and McWilliams, 1990; Bates et al., 2014), and (3) eddy trapping
and advection, where water properties are quasi-isolated and laterally transported to ocean
areas with other physico-chemical properties (Flierl, 1981; Chelton et al., 2011).

Fig. 6: Scheme of the spatial variability of mixing processes in the Southern Ocean. Isopycnal mixing
(double headed blue arrows) is inhibited in the upper part of the ACC jets, where the mean flow is strong
relative to the eddies. Diapycnal mixing (squiggly red arrows) is enhanced near the sea surface and near
bottom rough topography. The dotted lines indicate contours of neutral density and the principal water
masses are indicated. Reproduced from Rintoul et al. (2018).

Isopycnal mixing by mesoscale eddies is enhanced in regions of high eddy kinetic energy, such
as western boundary currents and along the ACC (e.g. Cole et al., 2015; Roach et al., 2018).
This mixing process is especially relevant in the transport of properties across the zonal jets
of the ACC which act as barriers to the poleward transport of properties (Abernathey et al.,
2010; Naveira Garabato et al., 2011). These transports are suppressed by one to two orders of
magnitude in the core of the jets (Naveira Garabato et al., 2011, 2016), due to the much larger
velocity of the ACC as compared with the eddy’s phase speed (Ferrari and Nikurashin, 2010),
and it is intensified at depth, where the flow’s speed is reduced [Fig. 6].
At the Southern Ocean, the poleward eddy heat flux is enhanced in several hotspot regions [Table 1], where the fronts meander around major topographic obstacles or interact with western
boundary currents, such as Drake Passage, Kerguelen Plateau or the BMC (Foppert et al., 2017).
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The BMC has indeed a large contribution to the Southern Ocean heat budget, accounting for the
47 % of the total heat flux across the STF and 11 % of the heat crossing the southern boundary
of the ACC [Table 1]. However, most of the studies have focused on the eddy diffusion across
the Drake Passage (Ferrari et al., 2014; Dufour et al., 2015; Watts et al., 2016). In this thesis we
use in-situ data along the STF in the Argentine basin to estimate both diapycnal and isopycnal
diffusivities at the BMC in order to characterize mixing rates (Chapter 5).

Table 1: The last column shows the along circumpolar integrated streamline time-mean and depthintegrated meridional eddy heat flux across five major ACC fronts, as defined using sea surface height
contours (SSH sat ) criteria (N-Edge: northern edge of the Subantarctic front; SAF: Subantarctic Front; PF:
Polar Front; SACCF: Subantarctic Circumpolar Current Front; S-Edge: southern edge of the SACCF). The
other columns show the fraction ( %) of the transport associated with hot spots of eddy activity (ARC:
Agulhas Return Current; BMC: Brazil Malvinas Confluence; SWIR: Southwest Indian Ridge; KP: Kerguelen Plateau; SEIR: Southeast Indian Ridge; MR: Maquarie Ridge; PAR: Pacific Antarctic Ridge; DP: Drake
Passage). Reproduced from Foppert et al. (2017).
Label
N-Edge
SAF
PF
SACCF
S-Edge

SSH sat (m)
0.3
-0.1
-0.4
-0.8
-1.0

ARC
42
14
1

BMC
47
27
13
7
11

SWIR

KP

1
15
22
26

6
6
21
21

SEIR
5
16
15
15
7

MR
14
12
3
3

PAR
1
4
6
6
9

DP
12
23
15
7

Total (PW)
-1.06
-0.33
-0.24
-0.08
-0.02

Furthermore, mesoscale eddies can play an important role in the ventilation of the subtropical
thermocline at oceanic frontal systems (Marshall, 1997; Qu et al., 2002). At the upper ocean the
eddy lateral advection across large density gradients at frontal structures leads to the subduction of mode waters. This is achieved by the thickness flux in the northward direction down the
mean thickness gradient, and across the mean flow (Nishikawa et al., 2010). We use the isoneutral diffusivity determined in Chapter 5 together with potential vorticity changes along the
basin to determine the eddy-induced meridional overturning streamfunction across the STF
(Chapter 5).
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Aims and Outline

The main objective of this doctoral dissertation is to broaden our knowledge of the circulation
and dynamics in the Brazil Malvinas Confluence, placing these results in perspective from the
small to the global scales.
In order to achieve this objective, we divide this dissertation in two dataset chapters and five
chapters covering the main results. These chapters are structured as scientific papers, which can
result in some reiteration but allows reading them as independent pieces of research. Finally,
we end with a conclusions chapter where we summarize the principal conclusions.

Dataset on the TIC-MOC cruise onboard R/V Hespérides, March 2015, BrazilMalvinas Confluence
The TIC-MOC cruise was designed to characterize the mesoscale and regional dynamics of
the BMC. It was carried on board the R/V Hespérides, between 8 and 22 March 2015, with
departure from Ushuaia and arrival to Salvador de Bahía. In this chapter we describe the experimental design, instrument types, field methodology, data processing and sensor calibration.
This dataset is used in Chapter 2 and Chapter 3.

Dataset on the RETRO-BMC cruise onboard R/V Hespérides, April 2017, BrazilMalvinas Confluence
In this chapter we present the dataset gathered during the RETRO-BMC cruise, which was aimed at analysing the structures and variability of the BMC at different spatial scales. The cruise
was carried on board the R/V Hespérides, between 8 and 17 April 2017, with departure from
Ushuaia and arrival to Santos. We describe the cruise design, the hydrographic data acquisition
and processing methodology. This dataset is used in Chapter 4.

Chapter 1: Idealized box models as effective tools to understand the glacialinterglacial response of the ocean-atmosphere systems
The Earth climate system has shifted between glacial and interglacial periods during the last
3 Myr, alternating between different temperature and atmospheric-CO2 states. These variations arise from modifications in key global processes, such as CO2 atmospheric concentration,
incoming solar radiation, meridional overturning circulation and albedo, and the consequent
variations in the numerous energetic feedback mechanisms that condition the climate state. In
this chapter we present a simple idealized box model to analyse the effect that changes in these
processes have on the heat content in the atmosphere and upper ocean during the last 450 kyr.

Chapter 2: A 3D view of the Brazil-Malvinas Confluence
In this chapter we present a description of the BMC as deduced from the hydrographic dataset
gathered during the TIC-MOC cruise and compare this description with both the mean climatological situation and numerical model data. This includes the description of the thermohaline
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and chemical characteristics along a perimeter enclosing the entire BMC as well as in several
sections across and along the BMC front. Besides, we analyse the water exchange between the
platforms and deep waters during the first three months of 2015, as well as the relationship
between surface ageostrophic velocity and the presence of brackish waters.

Chapter 3: Inverse modelling the Brazil-Malvinas Confluence region
In this chapter we assess the circulation pattern of the BMC using hydrographic and satellite
data. To this end, we determine the baroclinic and barotropic water mass transports using boxinverse models at two different spatial scales: frontal area and confluence region. The frontal
area focuses on the flow at the frontal system itself while the confluence region is used to
identify the impinging BC and MC, as well as the MRC and BCO. In addition, we identify the
most important water mass modifications in the region.

Chapter 4: Temperature spatio-temporal correlation scales in the Brazil-Malvinas
Confluence from high-resolution in-situ and remote sensing data
The BMC is a highly variable region, with numerous mesoscale structures and intense thermohaline modifications occurring within a few hours and kilometres. In this chapter we characterize the temporal and spatial, both horizontal and vertical, high-frequency autocorrelation
function and correlation scales of the temperature field. To this end, high-resolution SST images
are combined with novel near-synoptic high-resolution hydrographic data gathered during the
RETRO-BMC cruise.

Chapter 5: Mixing in the Brazil-Malvinas Confluence
The Argentine basin is of special relevance in the AMOC, as it holds intense water mass transformations, exchange of properties between subtropical and subantarctic waters and contributes to the ventilation of the subtropical gyre through the northward transport of Subantarctic Mode Water and Antarctic Intermediate Water. Based on in-situ microstructure data and
climatological data, we explore how the mean potential temperature-salinity relationship is
established in the Argentine basin and investigate what is the contribution of eddy-induced
overturning across the Subtropical Front. In particular, we focus on the relative role of both
dianeutral stirring via small-scale turbulence and is isoneutral stirring induced by mesoscale
eddies.
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Datasets

Dataset on the TIC-MOC cruise onboard
R/V Hespérides, March 2015,
Brazil-Malvinas Confluence

Orúe-Echevarría, D., Pelegrí, J. L., Alonso-González,
I. J., Benítez-Barrios, V. M., De La Fuente, P., Emelianov, M., Gasser, M., Herrero, C., Isern-Fontanet,
J., Peña-Izquierdo, J., Ramírez-Garrido, S., RosellFieschi, M., Salvador, J., Saraceno, M., Valla, D., and
Vidal, M.

Data in Brief (2019), 22, 185-194.

Abstract
This oceanographic dataset was gathered during the TIC-MOC cruise, which was designed to
characterize the dynamics of the Brazil-Malvinas Confluence. The cruise was carried on board
the R/V Hespérides, with departure from Ushuaia and arrival to Salvador de Bahía. A total
of 66 conductivity-temperature-depth (CTD) stations were completed between 8 and 22 March
2015, offshore from the continental platform and within 45o S-35o S and 61o W-50o W. At each
station, water samples were collected, which were used to calibrate the CTD salinity-oxygen
sensors and to determine inorganic nutrient concentrations, and the horizontal current was
measured. Along its track, the vessel recorded surface temperature and salinity, as well as the
horizontal flow down to about 700 m. Lastly, eight position-transmitting drifters were launched and two profiling floats were deployed and later recovered.

Dataset on TIC-MOC cruise

Data
This dataset presents the different measurements collected during an oceanographic cruise,
with a careful description of the experimental design, instrument types, field methodology,
data processing and sensor calibration. All data files are available at Mendeley Data (see the
readme.txt file at https://data.mendeley.com/datasets/hk8t43z3t3/2 for a description of the
actual contents of each data file).

Fig. 7: (Left) Vessel track during the TIC-MOC cruise (blue line) and location of the CTD stations (red
dots). Black lines represent the 200, 500, 1000, 2000, 4000 and 5000 m isobaths. (Right) Map showing the
location of all CTD stations (red dots), the position where the drifters were deployed (black dots), and the
release and recovery locations for Apex profilers 9231 (magenta points) and 9027 (yellow points), on top
the bathymetry (smoothed GEBCO 2008; color-coded in meters).

One type of data corresponds to the hydrographic stations [Fig. 7], a total of 66 stations including conductivity-temperature-depth (CTD) data, inorganic nutrient concentrations and water
velocity obtained with a lowered acoustic Doppler current profiler (LADCP). In addition, it
comprises flow velocity recorded along the ship track (with a vessel-mounted ADCP, VADCP)
and near-surface temperature and salinity (with a thermosalinograph). The dataset also includes 42 vertical profiles completed by two profiling floats, holding salinity, conductivity and
pressure sensors (one of them having additional oxygen and fluorescence sensors) and the trajectories of eight near-surface drifters.
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Experimental design, materials and methods
The TIC-MOC (Tipping Corners in the Meridional Overturning Circulation) cruise was carried
onboard the R/V Hespérides (Spain), with departure from Ushuaia (Argentina) on 5 March
2015 and arrival to Salvador de Bahía (Brazil) on 30 March 2015 [Fig. 7]. The study area was
offshore from the continental platform, within 45o S-35o S and 61o W-50o W. Of the 66 completed
hydrographic stations, 14 reached down to the seafloor, 24 stations down to 2000 m and 28
stations down to 400-500 m.

Fig. 8: Vertical profiles for stations 2 (continuous line) and 10 (dotted line), respectively characterizing

the subantarctic and subtropical waters, of (a) potential temperature (T in o C) and salinity (S), (b) dissolved oxygen concentration (DO in ml l-1 ) and phosphate concentration (PO4 -3 in µmol l-1 ), (c) fluorescence
(Flu in mg m-3 ) and turbidity (Turb in NTU) and (d) zonal (u in m s-1 ) and meridional (v in m s-1 ) velocity
components. The black and blue lines correspond to the black and blue axes, respectively.

CTD and thermosalinograph data
At each hydrographic station [Fig. 7], CTD data were obtained with a SeaBird 911 Plus multiparametric probe with redundant temperature and conductivity sensors and a SBE-43 dissolved oxygen sensor, Wetlabs AFL-NTU-RTD fluorescence and turbidity sensors and Biospherical QSP-2300 PAR (Photosynthetically Active Radiation) sensor. The CTD data were vertically averaged at 1 dbar pressure intervals after processing. The probe was mounted on a 12-l
24-Niskin-bottles rosette and water samples were collected at standard depths in all stations,
which were later used for several biogeochemical analyses (only inorganic nutrients are presented in this study).
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For each hydrographic station there are two sorts of files with CTD data: (1) the variables gathered in a near-continuous mode during the entire cast, with about three samplings per second,
which are presented as 1-dbar averaged values, with separate files for the descending and ascending portions of the cast (hereafter CTD cast) [Fig. 8]; (2) the variables gathered at the depth
where the Niskin bottle was closed during the rosette ascension (hereafter bottle data).
A SBE 21 SeaCAT thermosalinograph recorded temperature and salinity data in a continuous
mode (one value every five seconds) from the vessel’s underway system, approximately located at a depth of 5 m [Fig. 9]. These data include the vessel’s position, obtained through two
differential global positioning systems.

Fig. 9: (a) Temperature (in o C) and (b) salinity as measured by the thermosalinograph (color-coded)
along the ship’s trajectory; the plot includes (a) the mean velocity in the top 700 m and (b) and the velocity
at 20 m as obtained with the VADCP (vectors).

LADCP and VADCP data analysis
Velocity data was recorded on each cast with the LADCP fixed to the rosette. It consisted of a
dual-head setup (down-looking master, up-looking slave) four-beam RDI Workhorse Monitor
with a working frequency of 300 kHz, set to obtain velocities in 4-m bins. Two configurations
were initially prepared: one for casts reaching the sea bottom, which used staggered pings in
order to avoid previous-ping interference, and another for profiles not reaching the sea bottom.
During CTD profile 9 a major malfunction occurred, which caused that only the down-looking
four-beam head worked properly on the next casts. A careful processing and data quality control confirmed that velocity profiles posterior to the instrument malfunction suffered no significant increase in observed error. LADCP data were processed with the Matlab LDEO IX toolbox
(Visbeck et al., 2002), which uses CTD, vessel’s navigation and bottom-tracking data.
The VADCP consists of an Ocean Surveyor Broadband/Narrowband 75 kHz Teledyne RDI
equipment. The instrument was set to provide one velocity profile or ensemble every 5 min,
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between about 24 m and 800 m at 8-m bins. Raw data were quality controlled, corrected and
edited with the Common Oceanographic Data Access System (CODAS) (Firing, 1995). The
Single-Ping processing scenario proposed by the CODAS software was used to process the
VADCP data acquired with the RDI velocity processing software (VMDAS). The calibration
of the instrument was checked and heading-corrected according to the bottom-tracking and
water-tracking results.

Salinity
The CTD was equipped with duplicate conductivity sensors in order to detect any possible
drift. In addition, a total of 65 water samples collected from the Niskin bottles were analysed
onboard using a Guildine Autosal 8400B salinometer (installed in a constant temperature room)
with the objective of calibrating the CTD conductivity sensors. These water samples were gathered at stations scattered throughout the entire cruise, typically at depths where the vertical
property gradients were low. Water samples were analysed by lots, about 24 h after collection, after having equilibrated to laboratory temperature. Previous to each batch of samples,
the instrument was calibrated using a standard seawater sample (SSS) from the International
Association for the Physical Sciences of the Oceans. At the end of each batch, again a SSS was
analysed to verify the instrument’s stability.

Fig. 10: (a) Differences between the CTD salinity
data (thin lines) and the salinometer measurements,
and linear adjustments for these differences after
discarding outliers (thick lines). The black and red
lines correspond to the primary and secondary sensors, respectively. (b) Difference between the CTD
primary and secondary salinity sensors in bottles
closed deeper than 1000 m. The red line shows the
linear adjustment.

The comparison between the salinity measured with the salinometer and the salinity derived
from the CTD shows a mean offset of 0.003 and a shift of 0.0014 for the primary CTD conductivity sensor and a mean offset of 0.003 and a variation of 7 x 10-5 for the secondary sensor, with
the shift corresponding to the 15-day entire cruise period [Fig. 10a]. Further, a comparison of
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the primary and secondary CTD conductivity sensors for all bottles closing at depths higher
than 1000 m shows an offset of 7.1 x 10-4 which is less than the differences with the salinometer
[Fig. 10b]. Therefore, we may conclude that the measurements from both CTD conductivity
sensors were stable throughout the cruise, with no significant offsets. Since the secondary sensor shows slightly more stable measurements, with an offset close to the salinometer detection
limit, we recommend using the data provided by this sensor.

Oxygen sensor calibration
In order to calibrate the CTD oxygen sensor (Sea-Bird, 2012), 183 water samples from the Niskin
bottles were used to determine the dissolved oxygen concentration via the Winkler-titration
method (Winkler, 1888). The comparison shows good agreement between the CTD and Winkler
method oxygen measurements [Fig. 11]. The correction factor for the CTD oxygen is 1.0746,
with no specific temporal or spatial significant dependences. After using the correction factor,
the difference between CTD and Winkler oxygen concentrations is 0.002

± 0.051 ml l-1 This

factor has been applied to the enclosed datasets.

Fig. 11: Linear regression between the
Winkler and CTD oxygen concentrations
for the samples used to compute the
correction factor. The red dots indicate
outliers eliminated for the calibration.

Drifters
Eight subsurface drifting buoys (drifters) were launched during the cruise [Figs. 7 and 12, Tab.
2]. These drifters have a spherical surface buoy, containing the batteries and the electronics of
the system, and a 15-m holey sock dragged at 100-200 m depth (García-Ladona et al., 2016).
The electronics consists of a global positioning system and a satellite data transmitter (Global
Star in four buoys and Iridium in the other four); positions were acquired every 30 min in all
drifters. The data presented corresponds to the period between the launching and the 26 March
2015.
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Fig. 12: Trajectories of the surface drifters and profiling floats between their
launching and 26 March 2015, with the
deployment point indicated by a diamond.

Table 2: Deployment times and positions for the near-surface drifters
Name
TICMOC 1
TICMOC 2
TICMOC 3
TICMOC 4
IRIDIUM150
IRIDIUM190
IRIDIUM200
IRIDIUM210

Date (yyyy/mm/dd)
2015/03/11
2015/03/12
2015/03/10
2015/03/12
2015/03/10
2015/03/11
2015/03/11
2015/03/11

Time (GMT)
08:20:00
08:24:00
16:50:00
08:08:00
17:31:00
03:50:00
06:34:00
11:21:00

Latitude S
39o 14.85’
36o 53.93’
40o 19.80’
36o 54.39’
40o 18.45’
39o 44.75’
39o 29.50’
39o 00.29’

Longitude W
54o 58.90’
53o 31.11’
55o 52.80’
53o 34.23’
55o 53.18’
55o 12.35’
55o 05.50’
54o 52.25’

Transmitter
Global Star
Global Star
Global Star
Global Star
IRIDIUM
IRIDIUM
IRIDIUM
IRIDIUM

Drogue (m)
100
100
200
200
100
100
100
100

Vertical profiling floats
Two Argo-type Apex profilers (Teledyne Webb Research) were deployed and recovered during
the cruise [Fig. 7 and 12, Tab. 3]. Both floats were equipped with SBE41CP CTD sensors (float
9027 also had fluorescence and oxygen sensors) and Iridium transmitters with bidirectional
communication. These transmitters allowed modifying the programmed cycle while the drifter
was in the water, changing the profiling and parking depths and the time the float remained at
the parking depth and at the sea surface. In all cases (except for float 9027 between profiles 20
and 21) we asked the profiles to not remain at the parking depth and to stay at the sea-surface
only until it successfully connected with the satellite.
Float 9027 was deployed on 11 March and recovered on 19 March, completing a total of 22
profiles. The maximum pressure was about 500 dbar for the first 12 profiles and around 750
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dbar for the remaining 10 profiles. The first 13 profiles sampled in continuous mode (one measurement approximately every 2 dbar) and since profile 14 the vertical resolution was set to
10 dbar. After profile 17, the communication with the float was lost, emerging two days later
after having performed three profiles, two of them (18 and 19) not positioned. This was caused
by the presence of significantly fresh Rio de la Plata waters in the uppermost 10-20 m of the
water column (e.g. at 04:04:56 UTM on 16 March, with the buoyancy bladder fully extended,
drifter 9027 was at 11.5 dbar; having no capacity to gain further buoyancy, it descended again
to the parking depth). Between profiles 20 and 21 the float remained at the sea surface while
providing 33 surface positions.

Table 3: Deployment and recovery times and positions for the profiling floats
Float
9027
9231

Date (yyyy/mm/dd)
2015/03/11
2015/03/11

Start
Latitude S
39o 30.01’
39o 00.29’

Longitude W
55o 06.00’
54o 52.25’

Date (yyyy/mm/dd)
2015/03/19
2015/03/17

End
Latitude S
40o 31.50’
38o 53.52’

Longitude W
52o 57.78’
54o 56.52’

Float 9231 was deployed on 11 March and recovered on 17 March after doing 20 profiles. The
first 9 profiles reached down until around 300 dbar and from profile 10 to 20 the maximum
pressure was about 800 dbar. During the first 14 casts, continuous-mode sampling was set for
the upper 200 dbar and 10-dbar sampling further deep; for the last 6 profiles continuous-mode
sampling was set for the entire profile.

Inorganic nutrients
At each station, 50-ml water samples were obtained from the Niskin bottles and later used to
determine inorganic nutrient concentrations (nitrate, nitrite, silicate and phosphate). These water samples correspond to the standard water depths plus a selected number of depths, which
changed depending on the maximum sampling depth and the observation of particular features during the descending CTD cast. Samples were immediately frozen at -20o C and analysed
within three months at the Institute of Marine Sciences in Barcelona using an AA3 HR Seal
Analytical instrument. The nutrients analyses allowed determining the concentrations of nitrate, nitrite, phosphate and silicate (Grasshoff, 1983). Data detection limits and accuracies are
included in Table 4 (EPA, 2003).
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Table 4: Lowest range (µM), coefficient of variation and detection limit (µM) in the lowest range of the
inorganic nutrient analysis method
Nitrate + Nitrite
Nitrite
Silicate
Phosphate

Lowest range
0 to 2.9
0 to 0.3
0 to 8.0
0 to 6.5

Coefficient of variation (10 replicates at 50 %)
0.21 %
0.20 %
0.50 %
0.20 %

Detection limit in lowest range (MDL)
0.0100
0.0015
0.0160
0.0200

Fig. 13: (Left) Potential temperature - salinity (T-S) and (right) dissolved oxygen - phosphate concentration (DO-PO4 -3 ) diagrams.
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Abstract
This dataset, gathered during the RETRO-BMC cruise, reports multiple-scale measurements at
the Confluence of the Brazil and Malvinas Currents. The cruise was carried out between 8 and
28 April 2017 onboard R/V Hespérides, departing from Ushuaia and arriving to Santos. Along
its track, the vessel recorded near-surface temperature and salinity, as well as the horizontal
flow from 20 m down to about 800 m. A total of 33 hydrographic stations were completed
in a region between 41.5o S-35.9o S and 58o W-52o W. At each station, a multiparametric probe
and velocity sensors were deployed inside the frame of a rosette used to collect water samples
at selected depths; these samples were later used for several water analyses, including inorganic nutrient concentrations. Microstructure measurements were carried out in 11 of these
hydrographic stations. In addition, two high-resolution three-dimensional surveys were conducted with an instrumented undulating vehicle between 40.6o S-39.0o S and 55.6o W-53.8o W.
Lastly, eight high-frequency vertical profilers were deployed in the region and five positiontransmitting drifters (dragged at a nominal depth of 100 m) were launched.

Dataset on RETRO-BMC cruise

Data
This dataset describes the observations gathered during an oceanographic cruise (RETROBMC) in an intense frontal region, the Confluence of the Brazil and Malvinas Currents, which is
characterized by the coexistence of substantial variability at many different temporal and spatial scales. The instruments configuration and deployment and the cruise planning were done
such as to allow an unprecedented multi-scale analysis of this frontal system: from regional
and mesoscale, assessed through continuous along-track sampling and hydrographic stations,
to horizontal submesoscale and vertical fine-structure, evaluated with the help of an undulating vehicle, to the microscale structures, studied with a free-falling microstructure profiler.
The continuous along-track measurements include near-surface salinity and temperature, as
well as the velocity fields at depths from 20 to 800 m. There were a total of 33 hydrographic
stations, each consisting of a vertical profile with a multi-parametric probe, a velocity sensor, and a 24-bottle carrousel to collect water samples at discrete vertical positions. In 11 of
these stations, microstructure measurements were also carried out. In addition, the dataset includes two high-resolution surveys, through a towed instrumented undulating vehicle (SeaSoar), between about 5 and 360 m depth. Further, it comprises data from eight high-frequency
vertically-profiling instruments, six of them released as part of the international Argo program
(http://www.argo.net) and reaching down to 2000 m and the other two sampling at an even
higher frequency and reaching down to typically 500 m. Finally, it contains positioning data
from five near-surface drifting buoys (dragged at a nominal depth of 100 m) for the time of the
cruise. Data files are available at https://digital.csic.es/handle/10261/188363.

Experimental design, materials and methods
The RETRO-BMC survey observations were collected onboard R/V Hespérides in April 2017,
departing from Ushuaia (Argentina) on 8 April and ending in Santos (Brazil) on 28 April, on the
framework of the VA-DE-RETRO project. The study area was the Brazil-Malvinas Confluence
(BMC), at the time of the cruise comprising the region offshore the South American continental
platform within 41.5o S-35.9o S and 58o W-52o W [Fig. 14].
Prior to the cruise, the frontal system was positioned thanks to daily sea surface temperature (SST) and sea surface height (SSH) images together with one-week forecasts of temperature, salinity and horizontal velocity down to 1000 m, as provided by the MERCATOR Ocean
PSY4V3R1 operational model (1/12o resolution) (http://marine.copernicus.eu). The BMC region was sampled between 13 and 24 April 2017.

53

Part II

Fig. 14: (Left) Track of the vessel during RETRO-BMC (blue line) with the 200, 500, 1000, 2000 and 5000 m
isobaths (grey contours). (Right) Position of the CTD stations (red dots), SeaSoar1 and SeaSoar2 transects
(black and magenta respectively) and the launching position of the high-frequency profiling floats (black
dots), profiles of Apex 9231 (green dots) and Apex 9027 (cyan dots) profilers and sub-surface drifters
(yellow dots) on top the bathymetry (smoothed GEBCO, 2008, color coded in meters).

CTD and continuous measurements
A total of 33 hydrographic stations were done. In 26 out of the 33 hydrographic stations, the
water depths were less than 2000 m and the CTD cast reached down to the seafloor. In the other
7 stations the sampling reached down to 2000-3500 m.
One core instrument in the hydrographic stations was a SeaBird 911 Plus multi-parametric probe with a pressure gauge and redundant temperature and conductivity sensors. The probe had
attached dissolved oxygen (SBE-43), fluorescence and turbidity sensors (Wetlabs AFL-NTURTD). The vertical profile obtained with this probe is commonly known as a CTD cast, standing
for the conductivity-temperature-depth measurements.
The probe was mounted on the lower portion of a 12-liters 24-Niskin-bottles rosette, which
descended and ascended at typical speeds of about 1 m s-1 . The probe sampled at a rate of
24 measures per second, which was vertically averaged at 1 dbar pressure intervals using the
Sea-Bird Electronics Data Processing software. There are both downcast and upcast profiles
but, as is standard for CTD casts, we recommend using the downcast simply because of the
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location of the sensors, which allows sampling the water column before the rosette generates
any significant turbulence.
The rosette collected water samples in all stations. The water samples were taken during the
upcast, at standard depths plus possibly several other levels of potential interest, identified
during the downcast. The water samples were used for several biogeochemical analyses, including the determination of inorganic nutrient concentrations.

Fig. 15: (Left) θ-S and (right) DO-S diagrams, color-coded with pressure (dbar).

All property vertical profiles were first visually checked to detect possible instrument anomalies. During the first two stations there was a clear drift in the primary conductivity sensor
(noticeable by comparing the two sensors as well as the downcast-upcast profiles). After the
adjustment of the probe connector, the problem was solved in the successive stations. Anomalies were also checked through property-property diagrams, such as the standard potential
temperature-salinity (θ-S) diagrams [Fig. 15]. In the θ-S diagrams the entire data set is clearly
located in a domain that lies between the contrasting subtropical and subantarctic water types (Fig. 15, left). When using other properties, such as dissolved oxygen (DO), the separation
between the two water masses may take very different forms (Fig. 15, right).
Additionally, during the entire track of the vessel in the BMC (1600 nm), a SBE 21 SeaCAT
thermosalinograph recorded temperature and salinity data in a continuous mode (4 Hz). The
vessel’s underway system is approximately located at a depth of 5 m [Fig. 16]. The equipment
was finally set to register 1 data every 6 seconds. The data was displayed visually and hel55
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ped identify when the vessel was crossing the frontal system, characterized by temperature
gradients as sharp as 0.2 o C km-1 .

Fig. 16: (Left) Temperature (o C) and (right) salinity along the cruise track as measured by the vessel’s
thermosalinograph.

LADCP and VADCP data analysis
The velocity fields were sampled with two different types of acoustic Doppler current profilers
(ADCP). The first one was a lowered-ADCP (LADCP), mounted on the rosette frame, which
allowed gathering profiles of horizontal velocity on each cast [Fig. 17]. It consisted of a dualhead set-up (down-looking master, up-looking slave) four-beam RDI Workhorse Monitor with
a working frequency of 300 kHz, set to obtain velocities in 4-m bins. Two configurations were used: one for casts reaching the sea bottom, which used staggered pings in order to avoid
previous-ping interference, and another for profiles not reaching the sea bottom. In those stations down to the seafloor, an altimeter on the lowered package allowed sampling until about
10 m above the sea bottom. The LADCP data were processed with the Matlab LDEO IX toolbox
(Visbeck, 2002), which uses CTD, vessel’s navigation and bottom-tracking data.
The second velocity sensor is the vessel-mounted ADCP (VADCP), which allowed gathering
velocity data in a continuous mode along the vessel’s track. It consists of an Ocean Surveyor
Broadband/Narrowband 75 kHz Teledyne RD Instrument mounted on the hull of the vessel.
The instrument was set to provide one velocity-profile ensemble every 5 min between about 24
m and 800 m at 8-m bins [Fig. 17]. Raw data were quality controlled, corrected and edited with
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the Common Oceanographic Data Access System (CODAS) (Firing et al., 1995). The calibration
of the instrument was checked and heading-corrected according to the bottom-tracking and
water-tracking calibration results.

Fig. 17: Mean velocity in the upper 800 m
of the water column, as obtained with the
VADCP (black vectors), and velocity at 4 m
at each hydrographic station, as obtained
with the LADCP (blue vectors). The temperature at 22-28 m, as measured during
the SeaSoar surveys, is also shown (colorcoded).

SeaSoar data
Two high-resolution frontal surveys were completed on 17-19 and 19-21 April, respectively,
with a Chelsea Group Technologies towed undulating vehicle (SeaSoar) [Figs. 14 and 17]. The
objective of this repeated high-resolution sampling was to assess the spatial and temporal variability and thermohaline intrusions of the Brazil Malvinas Confluence front. With this goal,
each survey was designed onboard, continuously changing the location and length of the meridional transects according to in-situ continuous measurements provided by the thermosalinograph, VADCP and the SeaSoar itself. Grossly, each survey consisted of six cross-frontal
near-parallel transects, each about 100 km-long. The first survey (SeaSoar1) was completed
within 46 h, covering 620 km, while the second one (SeaSoar2) started 40 h after and sampled
751 km during 52 h.
The SeaSoar was equipped with a Sea-Bird 9 Plus CTD, with pressure, redundant temperature and conductivity sensors, and additional fluorescence and dissolved oxygen sensors. This
equipment recorded data, while pulled by the vessel at a sustained speed of 8.5 knots, optimally
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undulating in a sawtooth pattern between 5 and 360 m depth, with a horizontal spacing between apogees of 4 km. This range was generally completed except when changing the vessel’s
heading, where the vertical span was reduced and the upper and lower meters were lost. The
distance between cross-frontal tracks in each of the surveys is 10 nm, with both survey-tracks
interlaced in such a way that the spacing between tracks was 5 nm.

High-frequency profiling floats
During the cruise, six NKE Instrumentation ARVOR-I profilers from the Euro-Argo program
(https://www.euro-argo.eu/) were launched, all them with parking depth at 1000 m [Fig. 14
and 18b]. Two of them were set up following the Argo standards, i.e. completing a temperature
and salinity profile between the surface and 2000 depth every 10 days. The other four, launched
at the frontal system, had a high-frequency cycling, completing one profile per day for 20 days,
thereafter recovering the standard configuration cycle. These are identified by the platform
numbers 3901891 to 3901896 of the World Meteorological Organization.

Table 5: Deployment and recovery times and positions for the APEXi profiling floats
Float
9027
9231

Time and day
2017/04/16 19:16:54
2017/04/16 11:12:19

Start
Latitude S
39o 33.60’
39o 14.76’

Longitude W
55o 44.70’
55o 17.58’

Time and day
2017/04/23 12:34:11
2017/04/23 09:00:40

End
Latitude S
39o 31.74’
39o 31.08’

Longitude W
52o 57.78’
55o 11.46’

Moreover, two APEXi profilers (Teledyne Webb Research) were also deployed [Fig. 14 and 18b,
Table 5]. Their configuration, that is cycle-time and parking depth, was controlled from the vessel in real time thanks to their Iridium transmitters with bidirectional communication. During
the 8 days they remained in the water, these two profilers completed a total of 53 profiles, in
most of them between approximately the surface and 500 m. Each of them was equipped with
CTD SBE41CP sensors. Further, float 9027 had additional fluorescence and dissolved oxygen
sensors.

Drifting buoys
Five subsurface drifting buoys were launched [Figs. 14 and 18a, Table 6]. These drifters consist
of a spherical surface buoy, containing the batteries and the electronics of the system, and a 15m long and 1-m diameter holey sock dragged at a nominal depth of 100 m (García-Ladona et
al., 2016). Each buoy was equipped with a global positioning system and a receiver/transmitter
from Global Star satellites. Positions were acquired every hour.
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Table 6: Deployment times and positions for the near-surface drifters
Name
Vaderetro1
Vaderetro2
Vaderetro3
Vaderetro4
Vaderetro5

Day (yyyy/mm/dd)
2017/04/24
2017/04/16
2017/04/16
2075/04/13
2017/04/16

Time (GMT)
20:37:33
12:30:01
02:14:11
20:17:06
17:51:35

Latitude S
36o 24.85’
39o 17.14’
38o 44.44’
41o 10.06’
39o 32.82’

Longitude W
53o 00.38’
55o 33.75’
55o 14.58’
56o 43.87’
55o 45.68’

Fig. 18: (a) Trajectories of the surface drifters between their launching and 26 April 2017, with the deployment point indicated by a diamond. (b) Location of the profiles by the high-frequency ARVOR-I floats
and the Apex 9231 and Apex 9027 floats.

Microstructure profiles
Microstructure profiles were gathered with a free-falling vertical microstructure profiler MSS90L
(Sea Sun Technology) carrying two small scale shear probes and precision CTD sensors, all
them calibrated by the manufacturing company before the cruise. A total of 41 profiles were
collected in 11 CTD stations. A minimum of two (except in station CTD010 with only one because of an operational difficulty) and up to 7 microstructure profiles were collected at each
single station, extending from the surface to between 160 m and 400 m (Fig.14, Table 7). The
instrument provides in situ temperature (T), salinity (S) and kinetic dissipation rate () as a
function of pressure [Fig. 19].
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Table 7: Microstructure profiles and maximum depth at each station
CTD station
CTD003
CTD006
CTD009
CTD010
CTD019
CTD021
CTD022
CTD023
CTD024
CTD026
CTD032

Microstructure profiles
MSS001-MSS007
MSS008-MSS014
MSS015-MSS018
MSS019
MSS020-MSS024
MSS025-MSS027
MSS028-MSS030
MSS031-MSS032
MSS033-MSS034
MSS035-MSS039
MSS040-MSS041

Maximum depth (m)
300
160
280
195
270
300
360
320
333
400
380

The data quality of the small-scale shear was tested by comparing their spectral representation (experimental spectra) with the theoretical Panchev-Kesich model (Greg, 1999). A best-fit

 was inferred by adjusting the Batchelor temperature spectra (maximum likelihood spectral
method; Ruddick et al., 2000) to the 1D transversal Panchev-Kesich shear spectra (Roget et al.,
2006; 2007) in the 6-20 cpm range. By comparing the ratio of the experimental spectra and the
Panchev-Kesich theoretical spectra, we verified that the statistical variability of the fit follows
a chi-squared distribution with 6 degrees of freedom, χ26 , which was then used to obtain the
likelihood function (Ruddick et al., 2000) (Fig. 7).

Fig. 19: (a-c) Example of the salinity, temperature and density profiles between 140 m and 240 m depth
in a microstructure station and in panel (d) the corresponding profile of the dissipation rates obtained for
segments of 2 m.
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Fig. 20: Example of histograms of the ratio of the spectra derived from the recorded small-scale shear
data (Sexp ) and computed with the Panchev-Kesich model (Sthe ), and the theoretical χ26 probability distribution functions (blue line), for the eight first 30-m segments in one single profile.

Inorganic nutrients
At each station, 50-ml water samples were obtained from the Niskin bottles. These water samples were obtained at the standard water depths plus a selected number of depths, which changed depending on the maximum sampling depth and the observation of particular features
during the descending CTD cast; two replicate samples were obtained at each of these depths.
Samples were immediately frozen at -20o C and analysed within three months at the Institute
of Marine Sciences in Barcelona using an AA3 HR Seal Analytical instrument. These analyses
included the determination of inorganic-nutrient, specifically the concentrations of nitrate, nitrite, phosphate and silicate (Grasshoff, 1983). Data detection limits and accuracies are included
in Table 8 (EPA, 2003).
Table 8: Lowest range (µM), coefficient of variation and detection limit (µM) in the lowest range of the
inorganic nutrient analysis method

Nitrate + Nitrite
Nitrite
Silicate
Phosphate

Lowest range
0 to 2.9
0 to 0.3
0 to 8.0
0 to 6.5

Coefficient of variation (10 replicates at 50 %)
0.21 %
0.20 %
0.50 %
0.20 %

Detection limit in lowest range (MDL)
0.0100
0.0015
0.0160
0.0200
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Chapter 1
Idealized box models as effective tools
to understand the glacial-interglacial response of
the ocean-atmosphere systems

Orúe-Echevarría, D., Pelegrí, J. L., and GarcíaOlivares, A.
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Abstract
We have developed a simple time-dependent five-box box model that incorporates all the principal physical components of the Earth’s climatic system. It has two active atmospheric and
two active upper-ocean compartments and one passive deep-ocean compartment. The model
allows simulating the time series of the temperature for all four active compartments as well
as the heat fluxes between them. For the simulation, it requires the time series of solar radiation and the values of all intrinsic parameters that control the reflection and transmission of
all heat fluxes. For this purpose, we set the greenhouse back-radiation as an empirical relation that depends on the time history of atmospheric carbon dioxide, and allow the surface
albedo in the high-latitude compartments to depend on the upper-ocean temperature. We use
the model to simulate the climate of the Earth during the last four glacial-interglacial cycles.
The preliminary results are very encouraging, providing temperature time series that reproduce reasonably well the observed low- and high-latitude patterns, and that yield heat fluxes
and patterns in fair agreement with proxies. Our results suggest that the major elements in the
Earth’s internal climatic system are the horizontal exchange between the adjacent atmospheric
and oceanic low- and high-latitude regions, and the dependence of the high-latitude albedo
on temperature. In particular, the introduction of the albedo feedback mechanism brings about
the relevance of the 100 kyr band in the temperature energy spectra. This study, when completed, will provide a useful tool for governmental officers and climate scientists, which shall
allow them to assess not only general trends but also to investigate specific features. One such
feature, of particular interest for this thesis, is the heat transfer between the two adjacent ocean
boxes, which parallels the contrasting subantarctic and subtropical regions on both sides of the
Brazil-Malvinas Confluence.

Idealized box models

1.1 Introduction
The climate on the Earth system is essentially the result of three elements: (1) the radiation
coming from the Sun, (2) the circulation in the ocean and atmosphere, and (3) the radiative characteristics of the atmosphere and land-sea surface. Numerous processes and feedback mechanisms determine the role of these processes on the radiative budget of the Earth [Fig. 1.1] and
therefore on its temperature. All starts with the amount of radiation arriving from the Sun and
the way this is distributed in latitude through time. And continues with the way the energy
surplus at low latitudes is transferred to high latitudes through winds and ocean currents.
But equally important are the internal processes within the atmosphere, which determine how
much of the Sun’s radiation is reflected by the atmosphere and the land-sea surface and also
how much of the Earth’s radiation can effectively reach the outer space. It is the non-linear
combination of these three factors that causes the thermodynamic variables to oscillate within
a relatively narrow range of values, constituting what we know as climate.

Fig. 1. 1: Schematics with the principal fluxes in the Earth’s heat balance.

The Earth has alternated between glacial and interglacial states during the last 3 Myr (Imbrie
et al. 1993; Paillard 2001). The temperature changes between the peak glacial and interglacial
periods are considerable, nearly 7o C between the last glacial maximum and the preindustrial
period (Hansen et al., 2004). Different processes have been suggested as responsible for these
climate transitions, being the most important: (1) the latitudinal distribution of the solar radia69
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tion, (2) the reflection of this incoming radiation (planetary albedo), (3) the concentration of
greenhouse gases (GHG), and (4) the intensity of the global overturning circulation (GOC).
The amount of energy arriving to the entire Earth over one full year has remained nearly unchanged during the last several mission years but its latitudinal distribution has substantially
changed, majorly because of the Milankovitch cycles: eccentricity, obliquity and precession (e.g.
Paillard, 2001). These differences in latitudinal distribution have brought about relatively large insolation changes at high latitudes, which may have been largely increased and have had
planetary impacts because of different feedbacks.
One such feedback is the amount of ice at high latitudes: a cooling brings about an increase
in ice coverage that in turn increases the albedo and leads to less radiation being absorbed by
the system (e.g. Gildor and Tziperman 2003). Another feedback is the amount of GHGs, particularly CO2 , with low/high concentrations during glacial/interglacial periods (e.g. Petit et al.
1999; Siegenthaler et al. 2005). These CO2 changes may be caused by variations in biological
and chemical processes (biological and carbonate pumps) but also through fluctuations in the
amount of CO2 -rich deep waters recirculating through the upper oceans, i.e. through the intensification or weakening of the GOC (the physical pump). Additionally, changes in the GOC
would drive differences in the amount of heat transported to high latitudes (e.g. Kageyama
et al. 2013); actually, different MOC equilibrium configurations have been related to different
equilibrium states of the climate (Broecker et al. 1985; Manabe and Stouffer, 1988; Rahmstorf
2001).
Numerical modelling of the temperature distribution during glacial/interglacial periods
evolved from the early radiative models (Budyko, 1969; Sellers, 1969; Held and Suarez, 1974)
to intermediate- and high-complexity numerical models. Numerical modelling of the Earth
system, aimed at reproducing the Earth’s climate, evolved from the initial low-complexity
atmosphere-ocean models (Manabe and Bryan, 1969; Manabe et al., 1975; Bryan et al., 1975)
into the intermediate- and high-complexity models, progressively increasing the temporal and
spatial resolution and incorporating more and more processes (e.g. Bush and Philander, 1999;
Ganopolski and Rahmstorf, 2000; Holloway et al. 2016), including the carbon cycle (e.g. Cox et
al., 2000); see Flato et al. (2013) for a review.
Box models appeared somewhat later than numerical models, with the pioneering works of
Sarmiento and Toggweiler (1984) and Siegenthaler and Wenk (1984), and became more sophisticated with the incorporation of more processes and numerous compartments (e.g. Birchfield,
1989; Paillard et al., 1993; Toggweiler, 1999; Peacock et al., 2006; Skinner, 2009). These box models, however, focused on reproducing the energy and carbon balance during one single period,
typically the last glacial maximum or the recent preindustrial interglacial, rather than on the
time evolution of climate.
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In contrast with numerical models, box models have been rarely used to reproduce the full
glacial-interglacial cycle (see Pelegrí et al., 2013, for a review). Their low computational cost
and the possibility of turning on/off some of the boxes and internal processes, without the model’s collapse, turns them into a very convenient tool to explore the temporal evolution of the
system for glacial-interglacial periods. Hence, we propose a simple time-dependent coupled
ocean-atmosphere model to analyze changes in the heat content of the atmosphere and the
upper-ocean for the last 4.5 kyr, exploring the sensitivity of the atmosphere-ocean system to
changes in albedo, cloud cover, thermohaline circulation and atmospheric and oceanic heat
transports. The model is still undergoing careful testing but we have decided to include some
of the preliminary results as a chapter of this thesis; we foresee that further work shall eventually lead to a manuscript that will be submitted to a scientific journal.
The presentation of the ongoing work is structured as follows. Firstly, we present a five-box
model that includes two atmospheric and two upper-ocean compartments plus an immutable deep-ocean compartment. We carefully discuss the parameterization of the different terms
– atmospheric radiative, atmospheric and oceanic convective, and ocean-atmosphere heat exchange terms – and define a set of output parameters that will be used to characterize the
behaviour of the climate system. We next show some initial results, including the time series of
the temperatures in the different compartments, a description of the climatic changes as depicted by the output parameters, and the analysis of the energy spectra. Finally, we conclude with
some preliminary conclusions.

1.2 The five-box model
1.2.1 Model equations
Box models are a simple yet effective tool for studying the evolution of the temperature in
the Earth system. These models are composed of several well-mixed compartments, externally
forced by the Sun’s radiation and interconnected through time-dependent energy equations.
The simplest option would probably be a three-box model, composed by single atmospheric,
upper-ocean and deep-ocean compartments (Annex 1.1, Supporting Information); we ignore
the land and cryosphere compartments, assuming that the amount of energy they store is negligible as compared with the atmospheric and ocean compartments. All three boxes are interconnected through the upper-ocean. The atmosphere and upper ocean are allowed to evolve
in time, driven by the external forcing and the internal connections, but the deep ocean is considered to remain immutable through time. However, such a model would cause that warm
surface waters go back to the deep ocean, hence ignoring the possibility of this heat being released to the atmosphere. Further, as the deep ocean is not an infinitely large compartment,
the heat incorporated to the deep ocean would warm it on time scales of the order of 1-10 kyr.
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Nevertheless, since the simplicity of the model is illustrative of some of the responses and interactions between the compartments, some results from this model are presented in Annex 1.2
(Supporting Information).

Fig. 1. 2: Compartments and heat fluxes in the five-box model.

The above limitations are removed with a five-box model: two boxes for the atmosphere plus
three boxes for the ocean: one box for the deep ocean, one box for the low-latitude upperocean and one box for the high-latitude upper-ocean. The model schematics is shown in Figure
1.2 and the dimensions and major characteristics of the compartments are presented in Table
1.1; as for the three-box model, we ignore the land and cryosphere compartments. The cold
deep- ocean waters, after their return to the surface, will capture atmospheric heat in the lowlatitude. These waters will follow to the high-latitude compartment where they will release heat
to the atmosphere before returning, as cold waters, to the deep-ocean. The deep ocean is again
considered to remain steady through time. The model also includes heat exchange between
the two atmospheric compartments and between the two upper-ocean ones, simulating both
diffusive and advective near-horizontal fluxes.
The five-box conceptual model is represented as a system of four heat equations, one for each
of the active compartments: the low-latitude atmosphere and ocean and the high-latitude atmosphere and ocean; the time dependent variables are the temperatures T of these four compartments. The heat in the low- and high-latitude atmospheric compartments is exchangeable
through horizontal fluxes; similarly, in the low- and high-latitude oceanic compartments, heat
is transferred directly through horizontal fluxes but energy is also converted as water recircu72
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lates through the deep ocean. For simplicity, we consider each compartment to have constant
depth and further assume that the areas of the upper- and deep-ocean are the same; finally, we
let the entire upper-ocean to be in contact with the atmosphere but allow that some fraction of
the atmosphere lies over land.

Table 1. 1: Dimensions and properties of the atmosphere and ocean in the five-box model
Property

Deep-ocean

Horizontal area, A
(m2 )
Depth, h (m)
Salinity, S (kg m-3 )
Specific heat, Cp
(J kg-1 K-1 )

1.65 x 1014
3500
34.9
4000

High-latitude
atmosphere
2.5 x 1014

High-latitude
upper-ocean
1.65 x 1014

Low-latitude
atmosphere
2.5 x 1014

Low-latitude
upper-ocean
1.65 x 1014

8000

1400
35.5
4000

8000

1400
36.0
4000

1000

1000

We build the equations as the rate of change of heat per unit area that results from the several
heat fluxes (heat transports per unit area) into and out of each compartment. The heat per unit
volume is expressed as ρ c p T , where ρ is the density and c p the specific heat, so that the heat
contained in a compartment of volume V is ρ c p T V ; writing the volume as the mean area

= A h, it turns out that the heat per unit area is ρ c p T h and the

temporal rate of change is d ρ c p T h /dt.

times the mean depth, V

The latitudinal heat fluxes are caused by flows at different scales that exchange waters with different properties. This junction of horizontal motions, from small to global scales (basin-scales
for the ocean), is commonly divided into diffusive and advective motions carrying waters from
different latitudes. However, in our simple model, the temperature of each basin is uniform so
all motions carry the same water temperature and the heat exchange is simply proportional
to the total volume transferred between the adjacent compartments. Therefore, we add up all
water exchanges in one single horizontal exchange transport E (with units of volume per time)
such that the heat transport is ρ c p T E, and the heat transport per unit area is ρ c p T E/A.
When exchanging fluid between two adjacent compartments, the net heat transfer per unit
(horizontal) area is ρ h c p,h Th E/A h − ρl c p,l Tl E/Al ≡ Kh Th − Kl Tl , where the l and
h subindexes stand for the low- and high-latitude compartments, respectively; for the particular case that both compartments have equal sizes, and since the changes in density and
specific heat are much less than the variations in temperature, this can be approximated by

K ( Th − Tl ), with one single mixing coefficient K = ρ c p Q/A.
In the ocean, asides the near-horizontal exchange between adjacent compartments, we must
consider advection associated with the formation of deep waters at high latitudes and their
recirculation through the deep-ocean compartment, i.e. the global overturning circulation. The
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intensity of this global overturning transport can be expressed in terms of the deep-ocean volume and a characteristic residence time-scale, Q0

= Vd /τ0 . The overturning volume transport

is constant through all oceanic compartments but the water, after being incorporated to each
chamber, changes its properties. Hence, the associated heat transport per unit area would be

ρ c p T Q0 /A = ρ c p T Vd /(τ0 A) , where the temperature and properties correspond to the
departing compartment; there is one single exception, however, as we assume that deep water formation at high latitudes will only occur in winter, we consider that the water departing
the high-latitude upper-ocean into de deep ocean will carry the same water temperature as the
deep ocean.
Finally, we have the non-advective fluxes, again expressed as energy flux per unit of surface
area. These are the solar and greenhouse radiation terms, S and G, and the atmosphere-ocean
heat exchange terms due to net long-wave radiation, and latent and sensible heat transfer,

LW , LH and SH . The expressions used to specify the average fluxes (per unit area) for these
different terms are discussed in next section.
The resulting equations are the following:
ρ a,l c pa,l h a,l

dTa,l
= Sa,l (t) − LWa,l (t) + G (t) − f l So,l (t) + f l ( LHl (t) + SHl (t)) − Ka,l Ta,l + Ka,h Ta,h (1.1)
dt


dTo,l
Q 
=
ρo,d c po,d Td − ρo,l c po,l To,l + So,l (t) − LWo,l (t) − LHl − SHl − Ko,l To,l + Ko,h To,h
dt
Al
(1.2)
dTa,h
ρ a,h c pa h a,h
= Sa,h (t) − LWa,h (t) + G (t) − f h So,h (t) + f h ( LHh (t) + SHh (t)) + Ka,l Ta,l − Ka,h Ta,h (1.3)
dt

dTo,h
Q 
=
ρo,h c po ho,h
ρo,l c po,l To,l − ρo,d c po,d Td + So,h (t) − LWo,h (t) − LHh − SHh + Ko,l To,l − Ko,h To,h
dt
Ah
(1.4)
ρo,l c po,l ho,l

where sub-indexes o and a stand respectively for the oceanic and atmospheric compartments,
sub-indexes l and h stand respectively for the low and high latitude compartments, and subindex d stands for the deep-ocean compartment; in particular, Ta,l , To,l , Ta,h , To,h are the unknowns and Td is taken as constant.
All other quantities are parameters that need to be specified: ρ, C p, h, are the density, specific
heat and thickness of each reservoir; f l and f h are the land fractions in each of the atmospheric compartments, indicating how the fluxes from the ocean into the atmosphere have to be
distributed over the entire atmospheric compartment; V and A are the volume and area of
each oceanic compartment; τ0 is the characteristic glacial MOC recirculation time; K a and Ko
are the heat-transfer coefficients between the low- and high-latitude atmospheric and oceanic
compartments, respectively.
The above analysis shows that the equations depend on the size of each box, as determined by
the thickness of each compartment and the critical latitude θc separating the low- and high74
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latitude compartments. The critical latitude affects both the advective fluxes, through the relative sizes of the adjacent compartments, and the radiative and sensible-latent heat fluxes,
because of the different fractions of the ocean compartments in contact with the atmospheric
compartments. One possibility is to choose this latitude to be 30o , which corresponds to the
actual latitude where the atmosphere-ocean heat exchange changes sign. This allows having
one single mixing coefficient, K , and sets the approximation f l = f h = f . In this work we
will present the results for this case, although the software has been adapted to allow changes in this critical latitude. Further, assuming that the thickness of the low- and high-latitude
compartments is the same and neglecting the changes in density and specific heat as compared
with the changes in temperature, the equations become:
dTa,l
= Sa,l (t) − LWa,l (t) + G (t) − f So,l (t) + f ( LHl (t) + SHl (t)) − Ka ( Ta,l − Ta,h )
dt

(1.1’)

Qρo c po
dTo,l
=
( Td − To,l ) + So,l (t) − LWo,l (t) − LHl − SHl − Ko ( To,l − To,h )
dt
A

(1.2’)

dTa,h
= Sa,h (t) − LWa,h (t) + G (t) − f So,h (t) + f ( LHh (t) + SHh (t)) + Ka ( Ta,l − Ta,h )
dt

(1.3’)

Qρo c po
dTo,h
=
( To,l − Td ) + So,h (t) − LWo,h (t) − LHh − SHh + Ko ( To,l − To,h )
dt
A

(1.4’)

ρ a c pa h a

ρo c po ho
ρ a c pa h a

ρo c po ho

1.2.2 Radiative and ocean-atmosphere heat exchange terms
In this section we propose expressions for the different radiative and atmosphere-ocean heat
exchange terms discussed above. Consider first the short-wave solar radiative term. A time
series for this value arriving at the outer atmosphere, S (t), is available as a function of time
and latitude (Berger, 1978; Berger and Loutre, 1991). We can integrate this function over time,
e.g. to obtain monthly- or annual-mean values, and over space, to have the average insolation
value for each compartment. Once having the average value, it can be divided by the surface
area of the compartment in order to have the arriving solar radiation per unit area; the premise
behind this spatial averaging is that each compartment mixes on time scales much shorter than
our scales of interest (glacial-interglacial).
A fraction α a of the incoming Sun’s radiation is reflected by the atmosphere, associated with
the presence of clouds and aerosols. The amount of radiation ultimately reaching the upperocean, So (t), is further influenced by the sea-surface albedo αo (with the lowest values for
water and the highest ones for fresh snow) and the cloud cover nc (Gill, 1982).
S a ( t ) = S ( t ) (1 − α a )

(1.5)



So (t) = S(t) (1 − α a ) (1 − αo ) 1 − 0,7n2c

(1.6)
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Fig. 1. 3: Greenhouse gas forcing (blue line) as inferred using the CO2 model data (Pelegrí et al., 2013)
(blue line) adjusted to the Vostok’s CO2 time series (Petit et al., 1999) (green line). The corresponding
MOC water mass transport is also shown (red line) (Pelegrí et al., 2013).
Next consider the long-wave radiative terms. The outgoing long-wave radiation emitted from
the atmosphere is proportional to its temperature – emitted as if it was a blackbody – according
to Stefan’s law,
LWa (t) = σTa4
(1.7)
where σ is the Stefan-Boltzmann constant. Part of this outgoing flux is retained by GHGs in the
atmosphere and is radiated back to the sea surface. The amount of this is is calculated with the
help of an empirical relation between the concentration of carbon dioxide in the atmosphere
C (t) and the radiative forcing relative to all greenhouse gases, referenced to the preindustrial
value of G0 =144.2 W m-2 (Ramaswamy, 2001; Hogg, 2008; Roca and Pelegrí, 2019)

G (t) = G0 + A log

C (t)
C0


(1.8)

where A= 20.5 W m-2 and C0 =280 ppm. For the carbon dioxide time series, we use the simulation values for the last 450 kyr by Pelegrí et al. (2013). The resulting time series for the
greenhouse radiation is shown in Figure 1.3.
The expression for the long-wave radiation emitted from the sea surface differs from equation
(1.7) because of several correction factors: departures from blackbody behaviour (0.985); radiation emitted back to the surface because of water vapour in the atmosphere; and cloud effects.
The proposed expression is (Gill, 1982):
i
h

LWo (t) = 0,985σTo4 0,39 − 0,05 (e A )1/2 1 − 0,6 ∗ n2c

(1.9)

where e A is the vapour pressure of water at a standard height and nc the cloud cover fraction.
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We express the water vapour pressure in terms of the relative humidity in decimal form (r) and
temperature of the atmosphere ( Ta ) (Haney 1971).

9,4051−

ea = r10

2353
Ta

!

(1.10)

Finally, we use a very simple approximation for the latent and sensible heat fluxes. There are
different empirical expressions for both quantities but commonly the sensible heat is set to be
proportional to the product of wind speed times the temperature difference between air and
water while the latent heat is set to depend on the wind speed times the difference in specific humidity at the sea surface and at some standard level (Gill, 1982); since specific humidity
changes with temperature, the latent heat can also be thought to be proportional to the oceanatmosphere temperature difference. Hence, we let the sum of both to depend on the temperature difference between the atmospheric and upper-ocean compartments,
HE(t) = SH (t) + LH (t) = B ( To + Ta )

(1.11)

where B is a convective heat transfer coefficient. Hoffert et al. (1980) used a similar approximation and found that, for typical surface wind speed over the ocean, B may range between 9
and 90 W m-2 K-1 .

1.2.3 Model parameters
There are eight parameters that need to be specified, four for the low-latitude box and four for
the high-latitude compartment – atmospheric albedo (α a ), surface albedo (αo ), relative humidity (r) and cloud cover (nc ) – plus the horizontal heat-transfer coefficients for the atmosphere
and ocean (K a , Ko ).
We consider atmospheric albedo to be constant in time, but differentiate between 0.29 in the
low-latitude box and 0.45 in the high-latitude compartment (Loeb et al., 2009; Donohoe and
Battisti, 2011). In contrast, we let the surface albedo to change both in time and among the
compartments; this is particularly important because of the dependence of this parameter on
ice and snow coverage (Donohoe and Battisti, 2011) and its potential large influence on climate
(Romanova et al., 2006). We do so by setting a relationship between temperature and albedo: for
temperatures above 0o C the surface albedo is equal to a modern reference value, 0.15 (Donohoe
and Battistini, 2011), while for lower temperatures we establish an inverse linear relationship,
increasing surface albedo as temperature falls:
(
αo =

0,15

To > 0

12074 − 0,05To

To < 0

(1.12)

The saturation vapour pressure depends on the temperature and the relative humidity. We take this humidity as constant and equal to nowadays mean value over oceans, 0.8 (e.g. London,
1957; Peixoto and Oort, 1996). According to general circulation models that estimate small mo77
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difications on relative humidity over oceanic regions during the Last Glacial Maximum (LGM)
(Bush and Philander, 1999), we maintain this value constant.
Clouds have a double effect: they trap part of the long-wave radiation emitted from the surface (long-wave effect) but also reflect the solar radiation (short-wave effect) (Schneider, 1972;
Wetherald and Manabe, 1980; Ramanathan et al., 1989). The long-wave effect is larger in midand high-latitudes while the short-wave effect predominates in the tropics. Global mean cloudcover lies between 60 and 70 % (Warren et al., 1988; Rossow and Schiffer, 1999). We set the cloud
at low-latitude value to be 0.65 and let it increase to 0.75 in the extratropical oceans, where cloud
cover is largest (Warren et al., 1988; Rossow and Schiffer, 1999; Ross and Dueñas 2004).
The convective heat-transfer coefficient, B, accounts for all factors (wind speed, humidity,
height and atmospheric stability) that determine the latent and sensible heat fluxes (e.g. Gill,
1982). Different estimates of the global annual mean energy budget show that latent heat (8810
W m-2 ) is several times larger than sensible heat (247 W m-2 ) (e.g. Kiehl and Trenberth, 1997;
Stephens et al., 2012). Latent heat is high in tropical regions (∼
= 120 W m-2 ) and decreases towards mid- and high-latitudes (∼
= 40 W m-2 ), while sensible heat shows an inverse pattern
(10 to 30 W m-2 ) (OAFLUX Project, 2008). We set B to 50 and 20 W m-2 K-1 in the low- and
high-latitude compartments, respectively.
The deep and upper-ocean are connected through the GOC. The current rate Q0

= Vd τ0 is

a function of the deep-ocean volume and a characteristic residence time-scale. However, this
rate may have changed in the past; in particular, during glacial periods the deep-ocean was
probably smaller and the rate of exchange between the upper and lower boxes was much less
than nowadays. We follow Pelegrí et al. (2013), who adjusted the carbon-dioxide time series by
locking the deep ocean during glacial periods and letting the GOC increase linearly between
zero during the glacial maximum up to nowadays maximum transport rate (22 Sv, 1 Sv ≡ 106
m3 s-1 ) during the following interglacial peak. We have introduced a modification in the model,
allowing the GOC to decrease linearly at the end of the interglacial, down to zero in a period
of 500 years [Fig. 1.3].
One of the challenges of the model is to set the atmospheric and ocean heat-transfer coefficients
between low and high latitudes boxes, K a and Ko , respectively. We follow a practical approach
that consists in choosing values that provide transports of the order of current observations.
Poleward of 30o latitude, the atmosphere is responsible of around 90 % of the total meridional
heat transport, reaching its maximum near 35o N, near the edge of the atmospheric boxes. In
contrast, the ocean dominates the heat transport between 0o and 17o N (Trenberth and Caron,
2001), i.e. within the low-latitude box. Hence, for the atmosphere we set K a = 1.35 W m-2 K-1 ,
which will account for meridional mass transports of the order of the observations, some 200
Sv (1 Sv

≡ 109 kg s-1 ) (Czaja and Marshall, 2006), while for the ocean we set Ko = 1.0 W m-2

K-1 , leading to mass transports of the order of 40 Sv (Czaja and Marshall, 2006).
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For the numerical solution we use a leapfrog time integration scheme, with equal time steps
for both the atmospheric and oceanic compartments. These time steps are either one year when
using the annual-mean values or one month when using the monthly values. In this work we
will restrict our discussion to the results obtained using the annual-mean insolation averaged
over each compartment.

1.2.4 Study cases and output variables
Table 1.3 summarizes the characteristics of all cases explored with the five-box (5B) model. A
total of six cases (5B-1 through 5B-6) have been considered. In case 5B-1 we set the same albedo, cloud cover, relative humidity, and heat-transfer coefficients for the low- and high-latitude
boxes, and let no horizontal exchange between the low and high latitudes. We progressively
explore the effect of changing the parameters: in case 5B-2 we differentiate between the lowand high-latitude atmospheric albedos and in case 5B-3 we discriminate between the low- and
high-latitude cloud cover. We then modify case 5B-3 by first distinguishing between the lowand high-latitude heat-transfer coefficients (case 5B-4) and then incorporating the horizontal
exchanges in both the ocean and atmosphere (case 5B-5). Finally, we modify this last case by
letting the high-latitude albedo to depend on temperature. In all cases we allow the GOC to
develop during the interglacial but lock the circuit during the glacial periods, following Pelegrí
et al. (2013).
Table 1. 2: Parameters for the low/high latitude boxes in each of the five-box (5B) model cases.
Case
5B-1
5B-2
5B-3
5B-4
5B-5
5B-6

B
(Wm-2 K-1 )
30/30
30/30
30/30
50/20
50/20
50/20

αa

αo

nc

r

0.3/0.3
0.28/0.45
0.28/0.45
0.28/0.45
0.28/0.45
0.28/0.45

0.15/0.15
0.15/0.15
0.15/0.15
0.15/0.15
0.15/0.15
0.15/ αo (t)

0.65/0.65
0.65/0.65
0.65/0.75
0.65/0.75
0.65/0.75
0.65/0.75

0.8/0.8
0.8/0.8
0.8/0.8
0.8/0.8
0.8/0.8
0.8/0.8

Ka
(Wm-2 K-1 )
0
0
0
0
1.3
0

Ko
(Wm-2 K-1 )
0
0
0
0
0.35
0

The references used to set these values are: Kiehl and Trenberth (1997), Stephens et al. (2012), OAFLUX Project
(2008) for B; Loeb et al. (2009), Donohoe and Battisti (2011) for ; Warren et al. (1988), Rossow and Schiffer (1999),
Ross and Dueñas (2014) for nc ; Warren et al. (1988), Rossow and Schiffer (1999), Ross and Dueñas (2014), London
(1957), Peixoto and Oort (1996), Bush and Philander (1999) for r; Czaja and Marshall (2006) for K.

We explore the different cases in three different ways: exploring the character of the time series
of temperature, horizontal heat fluxes (both the heat-transfer and GOC fluxes), and shortwave and longwave radiative and ocean-atmosphere heat-exchange fluxes; calculating the energy
spectra for these temperature time series; and considering the mean (± standard deviation)
values of several complementary variables during glacial and interglacial conditions. These additional variables are the glacial and interglacial peak temperatures and the glacial-interglacial
temperature differences, as well as the radiative fluxes (incoming, outgoing and net), the ocean79
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atmosphere heat-exchange flux, and the low-to-high latitude atmospheric and oceanic heat fluxes at the time of the peak temperatures [Fig. 1.4].

Fig. 1. 4: The glacial-interglacial temperature change is calculated as the difference between the temperature during one glacial maximum and the following interglacial, both for the atmosphere (∆Ta ) and the
upper-ocean (∆To ) compartments.

1.3 Results
As indicated in the Prologue of this thesis, this chapter reports work in progress. For this reason,
here we solely present some preliminary results, leaving more complete calculations and a
careful discussion of the results to future works.

1.3.1 Time series
In Figures 1.5 to 1.8 we show the time series of the temperature and fluxes for cases 5B-4, 5B-5
and 5B-6, while the main output parameters for all cases are presented in Tables 1.3 and 1.4. A
brief narrative of some of these results follows.
Table 1. 3: Glacial-interglacial temperature differences, with negative values indicating cooling during
the glacial period

Case
5B-1
5B-2
5B-3
5B-4
5B-5
5B-6
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∆To,h
-1.9±0.5
-2.1±0.4
-2.1±0.4
-2.1±0.4
-1.0±0.2
-4.0±0.3

∆To,l
0.9±0.3
1.1±0.3
1.1±0.3
0.9±0.3
-0.1±0.1
-0.9±0.2

∆Ta,h
-1.7±0.4
-1.9±0.4
-1.9±0.4
-1.8±0.4
-0.9±0.2
-3.0±0.2

∆Ta,l
0.7±0.2
0.8±0.3
0.8±0.3
0.7±0.3
-0.1±0.1
-0.9±0.2

Idealized box models

Fig. 1. 5: Atmospheric (red) and upper-ocean (blue) temperatures in low (dashed lines) and high latitudes (continue line) for cases 5B-4 (top), 5B-5 (middle) and 5B-6 (bottom).

Fig. 1. 6: Upper-ocean (blue) and atmosphere (red) temperatures for case 5B-6. (Left) Comparison of the
low-latitude model outputs with Harbert et al. (2010) proxy data (grey) for tropical sea surface temperature. (Right) Comparison of the high-latitude model output – here expressed as the temperature difference
with respect to time 0 – with the temperature anomaly estimated by Petit et al. (1999) from the Vostok ice
core data.
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To,h
1.2±0.1 /
3.1±0.4
-8.5±0.1 /
-6.4±0.3
-9.4±0.1 /
-7.3±0.3
-9.1±0.1 /
-7.0±0.3
2.7±0.1 /
3.7±0.2
-0.3±0.3 /
3.7±0.2

To,l
38.0±0.1 /
37.1±0.2
41.3±0.1 /
40.2±0.3
41.3±0.1 /
40.2±0.3
39.3±0.1 /
38.4±0.2
26.9±0.0 /
26.9±0.1
26.0±0.0 /
26.9±0.3

Ta,h
-0.0±0.1 /
1.7±0.4
-9.2±0.1 /
-7.3±0.3
-9.9±0.1 /
-8.1±0.3
-10.0±0.1 /
-8.2±0.3
0.8±0.1 /
1.7±0.1
-1.4±0.2 /
1.7±0.2

Ta,l
33.3±0.1 /
32.6±0.2
36.1±0.1 /
35.2±0.2
36.1±0.1 /
35.2±0.2
36.1±0.1 /
35.4±0.2
24.8±0.0 /
24.9±0.1
24.0±0.1 /
24.9±0.1

LWo,h
65.9±0.0 /
66.0±0.0
56.2±0.0 /
56.9±0.1
56.2±0.0 /
56.9±0.1
56.4±0.0 /
57.2±0.1
59.0±0.0 /
59.1±0.0
58.3±0.1 /
59.1±0.0

LWo,l
24.9±0.2 /
26.9±0.8
14.8±0.2 /
17.8±1.0
14.8±0.2 /
17.8±1.0
14.2±0.2 /
16.9±1.0
46.0±0.1 /
45.7±0.2
47.4±0.2 /
45.7±0.2

HEh
36.6±0.2 /
43.1±0.8
21.2±0.1 /
27.9±0.5
16.9±0.1 /
23.5±0.4
16.7±0.1 /
22.8±0.4
38.2±0.1 /
40.9±0.3
21.1±1.5 /
40.8±0.3

HEl
143.0±0.2 /
135.4±1.2
157.8±0.2 /
148.5±1.3
157.8±0.2 /
148.5±1.3
158.4±0.2 /
149.9±1.3
102.5±0.1 /
100.7±0.3
98.8±0.4 /
100.7±0.3

24.1±0.1 /
23.2±0.3
26.3±0.2 /
23.2±0.3

0 /0

0 /0

0 /0

Oc
0 /0

31.3±0.1 /
31.3±0.4
34.3±0.2 /
31.3±0.4

0/0

0/0

0/0

At
0/0

Table 1. 4: Mean glacial/interglacial values for the temperature (o C), long-wave radiation (LW), latent and sensible heat fluxes (HE) as well as the flux between
both atmospheric compartments (At) and upper-ocean ones (Oc). All fluxes are in W m-2 , with positive values indicate flux towards high-latitudes.
Case
5B-1
5B-2
5B-3
5B-4
5B-5
5B-6
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Fig. 1. 7: Integrated latitudinal heat transports for case 5B-6. Horizontal transports in the atmosphere
(red) and the upper-ocean (blue), and transport associated with the GOC (black).

The model is able to reproduce the temperature gradient between both compartments, forced by the different solar radiation reaching each of them. In all cases we can appreciate the
GOC’s influence at the end of the glacial period [Fig. 1.5]; however, when MOC is the only
direct mechanism connecting the low and high latitudes, the modelled temperatures are much
warmer/colder than expected for interglacial/glacial periods (cases 5B-1 through 5B-4). As we
include the horizontal fluxes we find that the high (low) latitude box warms up (cools) some
10o C (case 5B-5). Additionally, the high-latitude compartment always warms during the interglacial but the effect on the low-latitude box differs: in the absence of horizontal fluxes, the
low latitudes cool down; as we incorporate the horizontal transport, the low-latitude cooling
disappears (case 5B-5); and when letting the albedo depend on temperature, we find that the
low-latitude box warms while the GOC remains active (case 5B-6).
The effect of the albedo feedback mechanism is striking: the low latitudes show interglacial
periods substantially warmer than the glacial ones and the polar cooling during the glacial
periods is remarkable. Without this mechanism, the glacial-interglacial temperature anomaly
in the high-latitude upper-ocean would range between 1 and 2o C [Table 1.3], which is much
less than observed. If we consider the albedo feedback, the low-latitude anomalies in both the
ocean and atmosphere are about 1o C and the high-latitude anomaly increases to some 4o C in
the upper-ocean and 3o C in the atmosphere.
The glacial-interglacial temperature differences for case 5B-6 lead to oceanic/atmospheric estimates that are higher/lower than inferred by Annan and Hargreaves (2013). This is probably
the consequence that HE decreases at high latitudes during glacial periods [Table 1.3] but it is
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worth noting that we have not considered the possibility of atmospheric and upper-ocean compartments being isolated by the ice sheet. This would intensify the atmosphere high-latitude
cooling and would reduce the high-latitude upper-ocean warming, leading to a better agreement with observations. Further, this would reduce the horizontal heat exchange between low
and high latitudes, leading to a better agreement with observations (Annan and Hargreaves,
2013; Ballantyne et al. 2005).
A comparison of the low-latitude predictions (case 5B-6) with the tropical sea surface temperature (SST) (Herbert et al., 2010) shows that we cannot reproduce the temperature anomaly and
the high variability during glacial periods. However, the model does reproduce the patterns at
the end of the glacial and during the interglacial.

Fig. 1. 8: Fluxes in the upper-ocean compartment for cases 5B-4 (top), 5B-5 (middle) and 5B-6 (bottom):
short-wave insolation (blue), long-wave back radiation (magenta), latent and sensible heat fluxes (black),
GOC flux from the deep ocean (red), horizontal flux between upper-ocean compartments (cian) and the
net energy in the upper-ocean compartment (green, right hand axis), for the low- (dashed lines) and highlatitudes (continue line) boxes.

Considering now the fluxes in each upper-ocean box [Table 1.4 and Figure 1.8], we observe that
the infrared long-wave radiation emitted from the surface is larger in the high-latitude box than
in the low one. This is counterintuitive, as warmer bodies are expected to have larger emissions.
This can be explained by the water vapour/infrared radiation feedback, according to which
above a certain temperature threshold this flux is smaller (Alexeev and Lindberg 2004). The
sum of sensible and latent heat in the high/low latitude compartment is higher/lower during
interglacial periods, with a mean value of 40/100 W m-2 , which are less than present values
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(OAFLUX Project 2008).
The total oceanic heat diffusion to high latitudes varies between 4.5 PW during interglacial
periods and 4 PW during glacial [Fig. 1.7]. Deep recirculation contributes with around 0.5 PW
and the upper-ocean circulation with around 4 PW. The upper-ocean circulation is intensified
during glacial, what corresponds to the suggestion of a shallower and stronger tropical circulation during the LGM (Ballarota el al. 2014). The influence of the atmospheric flux is higher,
reaching 5.2 PW, which is close to current annual peak estimates 5.0 ± 0.14 PW (Trenberth and
Caron 2001), although these maximum occurs at latitudes of 43o instead of 30o . As a result of
the increase of the latitudinal temperature gradient, the atmospheric heat transport increases
during glacial periods, as has been suggested by proxy data (Bush and Philander, 1999).
Finally, we may consider the resulting heat balance for each box, which is the temporal rate of
change of energy contained in that compartment [Fig. 1.8]. At the beginning of the interglacial,
the low-latitude compartment losses energy as a consequence of the activation of deep water
recirculation; however, this loss only lasts for 1 kyr, afterwards gaining energy, as the latent
and sensible heat fluxes to the atmosphere decrease, recovering a near-equilibrium in about 6
kyr. When the GOC stops, the heat flux from low to high-latitudes stops and the low-latitude
compartment gains energy since, recovering again the glacial equilibrium in about 7 kyr. In the
high-latitude compartment, the maximum energy gain is achieved when the MOC is active,
recovering equilibrium in about 10 kyr. At the end of the interglacial, as the heat flux from lowlatitudes in the ocean stops, the high-latitude compartment losses energy, stabilizing in 6 kyr.
During glacial periods, both oceanic compartments have a net energy balance that oscillates
around cero, with changes reflecting the variations in solar radiation. Similarly, the net flux
in each of the atmospheric compartments displays a pattern similar to the underlying upperocean box, with a somewhat reduced range of variation.

1.3.2 Spectra
Glacial-interglacial periods during the last 800 kyr have been associated to astronomical changes in the latitudinal and temporal distribution of the solar energy received by the Earth (Berger, 1978; Hays, 1976; Imbrie et al., 1984). These variations in solar insolation, known as Milankovitch cycles, are due to changes in obliquity, precession and eccentricity with a frequency
of about 41, 23 and 100 kyr, respectively. Surprisingly, while most of the changes are related to
obliquity, the analysis of proxy data reveals that the dominant frequency is in the 100 kyr band
(Hays et al. 1976).
We calculate the spectra of the upper-ocean temperature time series for cases 5B-5 and 5B-6.
For case 5B-5, we observe that both the low- and high-latitude compartments have the main
energy peaks at 39 and 108 kyrs, with the highest peak at the shorter period, particularly in
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the low-latitude box; the 23-kyr period is weakly present in both compartments. For case 5B-6,
when considering the albedo temperature feedback, the 39-kyr peak practically disappears and
the 108 kyr one is greatly enhanced, in agreement with the analysis of proxy data.

Fig. 1. 9: Spectral power for the temperature time series in the upper ocean: case 5B-5 at (a) low and (b)
high latitudes, and case 5B-6 at (c) low and (d) high-latitudes.

1.4 Conclusions
We have developed a simple five-box model with two atmospheric and two upper-ocean boxes, plus a deep-ocean compartment. The model has all major physical factors controlling the
Earth’s climate: the short-wave solar radiation, the long-wave radiation from the Earth and its
atmosphere, the latitudinal heat fluxes within the oceanic and atmospheric compartments, and
global overturning circulation between the deep-ocean and upper-ocean compartments. The
greenhouse effect is incorporated in a deterministic way from the time history of the concentration of carbon dioxide in the atmosphere.
Because of its simplicity, the model can be used to provide a rapid assessment of the importance
of the different climatic elements and the impact of feedback mechanisms on the Earth’s energy
balance during glacial-interglacial cycles. It allows assessing the sensitivity of the temperature
and the diverse heat fluxes to all internal parameters: those that control the ingoing and emitted radiations (atmospheric and surface albedos, cloud coverage, vapour content, greenhouse
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gases) and those that regulate the latitudinal heat fluxes (horizontal exchange coefficients and
the intensity of the global overturning circulation).
We have produced some preliminary results that confirm the model’s potential. We realize that
in order to produce feasible results we have to incorporate all elements. In this manner, for the
interglacial conditions, we obtain radiative, atmosphere-ocean exchange, and latitudinal heat
fluxes that are not far away from current values; however, the temperatures in the high-latitude
compartment are higher/lower in the ocean/atmosphere than the present ones for interglacial
periods. The reconstructed time series display realistic patterns, although the glacial maximum
values are slightly less than predicted by more complex climatic models and proxy data. This
likely reflects the lack of those effects associated with changes in ice coverage, atmospheric dust
or the biosphere’s albedo.
Our results suggest that changes in the annual mean solar radiation and the greenhouse gases
have small direct contributions to the global heat balance, not being able to produce the glacialinterglacial climatic transitions. The glacial collapse of the global overturning circulation contributes to reduce the poleward heat transport during glacial; however, the intensification in
the meridional temperature gradient during these periods strengthens the atmospheric fluxes,
diminishes the temperature difference between compartments. The main parameter controlling
the cooling in high latitudes during glacial periods is indeed the change in surface albedo due
to the presence of ice. This is in agreement with other studies that have pointed at the terrestrial and sea-surface albedo as the most significant factor leading to the amplification of climate
change ( Holland and Bitz, 2003; Romanova et al., 2006). Interestingly, the spectral analysis of
the model time series shows major energy peaks both in the 41 kyr and especially the 100 kyr
bands. This suggests that the model has the skill of reproducing the non-linear mechanisms
that lead to the amplification of the solar insolation.
All these encouraging results motivate us to complete this study with the objective of producing a tool that can be useful for the assessment of potential future climatic scenarios, both for
scientists and governmental officers. This is work in progress. Undoubtedly, we expect that
while completing this study there will be other aspects of interest that will be revealed.

Supporting Information
Annex 1.1: Formulation of the three-box model
We consider the time-dependent energy-conservation equations for a three-box model consisting of two active compartments (one for the atmosphere and for the upper-ocean) and on
passive compartment (for the deep ocean). Each box is well mixed and the three boxes are
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interconnected through the upper-ocean compartment. The governing equations are:
ρ a c pa h a

dTa
= Sa (t) − LWa (t) + G (t) − f (So (t) − LHo (t)) + f ( LH (t) − SH (t))
dt

(S1.1)


dTo
Q
ρd c p,d Td0 − ρo c po To + So (t) − LWo (t) − LH (t) − SH (t)
=
dt
A

(S1.2)

ρo c po ho

where the subindexes a and o correspond to the atmospheric and upper-ocean compartments,
respectively. All variables are defined as in the description of the five-box model (section 1.2.1),
with the single exception that there is no distinction between the low- and high-latitude compartments.
For the three-box model we set constant atmospheric and oceanic albedos of 0.3 and 0.15, respectively. We also set constant cloud cover, being either 0 or 0.65. Finally, we set the heatexchange coefficient B = 30 W m-2 K-1 , in order to have ocean-atmosphere exchange fluxes
close to present values. Finally, we set the intensity of the GOC to either be zero, a constant
value or to change between maximum interglacial and zero glacial values, Q(t), as discussed
in the main text. The set of parameters are shown in Table S1.2.

Fig. S.1. 1: Compartments and heat fluxes in the three-box model.
Table S.1. 1: Properties of the atmosphere and the upper-ocean in the three-box model
Property
Horizontal area, A (m2 )
Depth, hi (m)
Salinity, S (kg m-3 )
Specific heat, Cpi (J kg-1 K-1 )
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Deep ocean
1.65 x 1014
3500
34.9
4000

Upper ocean (i=o)
3.3 x 1014
1400
35.7
4000

Atmosphere (i=a)
5.1 x 1014
8000
1000

Idealized box models

Annex 1.2: Results from the three-box model
Table S1.2 summarizes all cases explored with the three-box model and some selected results
are shown in Figures S1.2 and S1.3. A total of seven cases (3B-1 through 3B-7) have been considered. In the first four cases (3B-1 through 3B-4) we analyse the effects of water vapour and
cloud cover on the radiative terms. In cases 3B-5 through 3B-7 we include latent+sensible heat
exchange between the ocean and atmosphere and explore the effect of collapsing (case 3B-6)
and maintaining a constant rate (case 3B-7) of deep-water formation.
When we do not consider water vapour and cloud cover (case 3B-1), the model shows the
surface air temperature to be slightly colder and the upper-ocean warmer in the glacial than
during the interglacial. If we consider the long-wave retention by water vapour (case 3B-2) the
upper-ocean warms to 60o C and the atmosphere remains below 10o C, due to the long-wave
radiation scattered back to the surface [Fig. S1.2].

Table S.1. 2: Parameters used for each of the three-box (3B) model cases.
Case
3B-1
3B-2
3B-3
3B-4
3B-5
3B-6
3B-7

B (Wm-2 K-1 )
0
0
0
0
30
30
30

Q
Q(t)
Q(t)
Q(t)
Q(t)
Q(t)
0
60

αa
0.3
0.3
0.3
0.3
0.3
0.3
0.3

αo
0.15
0.15
0.15
0.15
0.15
0.15
0.15

nc
0
0.65
0
0.65
0.65
0.65
0.65

r
0
0
0.8
0.8
0.8
0.8
0.8

Regarding the fluxes, in the uncoupled cases (3B-1 to 3B-4) the net long-wave radiation at the
surface is around 170 W m-2 , largely exceeding the modern annual mean, 53±13 W m-2 (e.g.
Stephens et al. 2012). When both compartments are coupled, the long wave radiation reduces to
realistic values, 58 W m-2 . The latent+sensible heat fluxes varies between 63 W m-2 during the
interglacial and 66 W m-2 at glacial, both less than current values (120 W m-2 ); the model cannot
reproduce this flux even when increasing the heat transfer coefficient. During the interglacial
maximum, the total flux from the deep ocean is around 1.5 PW (1 PW = 1015 W), in the order of
current rates (Ganachaud and Wunsch 2003; Johns et al. 2011), which leads in the upper-ocean
to a loss of around 4 W m-2 and a cooling of 0.8o C [Fig. S1.3].
In the case of the coupled model (3B-5), the upper-ocean releases this heat excess to the atmosphere in the form of latent and sensible heat, warming the atmosphere up to 17o C while
the upper-ocean cools down to 20o C, these values still larger than current mean ones. In this
case, both boxes show the same pattern as the solar forcing. This is interrupted during the interglacial when the MOC is active, as it brings cold waters to the upper-ocean and thus cools
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both compartments around 0.5o C [Fig. S1.2]. Although the atmosphere is not directly affected
by MOC, as the ocean is colder during interglacial, latent and sensible heat fluxes are reduced, with the consequent decrease in the temperature of the atmosphere. This leads to a cooler
upper-ocean during interglacial, what is counterintuitive; we expect higher temperatures during interglacial periods. In contrast, when we do not consider changes in MOC, either constant
or null (cases 3B-6 and 3B-7), the glacial is colder than the interglacial, although this decrease is
lower than reports that have estimated anomalies to be around 4o C for the LGM (Annan and
Hargreaves, 2013).
The atmosphere is near equilibrium during the entire period being the net energy almost cero
(2 x 10-4 W m-2 ). During glacial, the net energy in the upper-ocean follows the pattern of the
solar radiation. The main changes occur during interglacial, when the MOC is active, with the
flux of water towards the deep ocean leading to an energy loss in the upper compartment. Once
the MOC slows down, this upper compartment gains energy because the flux to the deep ocean
stops; after the MOC collapse, the system recovers equilibrium in about 2 kyr.

Fig. S.1. 2: Temperature of atmosphere (red) and upper-ocean (blue) for cases 3B-1 (top), 3B-4 (middle)
and 3B-5 (bottom).
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Case
3-B1
3-B2
3-B3
3-B4
3-B5
3-B6
3-B7

∆To
2.0±0.3
2.3±0.3
5.7±0.6
7.3±0.6
0.1±0.2
-0.7±0.2
0.6±0.2

∆Ta
-0.5±0.1
-0.5±0.1
-0.5±0.1
-0.5±0.1
0.0±0.2
-0.6±0.2
-0.6±0.2
To
27.0±0.1
22.7±0.1
65.5±0.2
60.6±0.2
19.5±0.1
19.5±0.1
18.7±0.1

Glacial
Ta
LWo
8.4±0.1
176.8±0.1
8.4±0.1
124.5±0.1
8.4±0.1
176.8±0.1
8.4±0.1
124.5±0.1
17.3±0.1
57.9±0.1
17.3±0.1
57.9±0.1
16.7±0.1
58.5±0.1
HE
0
0
0
0
66.6±0.2
66.6±0.2
61.8±0.2

To
25.0±0.2
20.4±0.2
59.8±0.5
53.3±0.6
19.4±0.2
20.2±0.2
19.4±0.2

Interglacial
Ta
LWo
8.9±0.1
172.0±0.6
8.9±0.1
120.7±0.4
8.9±0.1
163.4±0.6
8.9±0.1
112.7±0.5
17.3±0.2
57.8±0.2
17.3±0.2
57.2±0.2
17.3±0.2
57.8±0.4

HE
0
0
0
0
63.0±0.6
67.9±0.6
62.9±0.5

negative values indicating cooling during the glacial period. Temperature, long-wave radiation (LW) and latent and sensible heat fluxes (HE) in the upper-ocean for
nowadays (interglacial) and during the LGM; positive values indicate fluxes out the compartment.

Table S.1. 3: Main results from the three-box model. The temperature anomaly corresponds to the difference between glacial and interglacial temperature, with
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Different MOC modes have been proposed for different climate situations. The ’Interglacial
Mode’, corresponding to the current one, the ’Glacial Mode’ with a weaker circulation rate and
a southward shift of deep water formation location, and ’MOC collapse’ caused by an intense
discharge of freshwater in the North Atlantic that leads to the stop of MOC for a certain period
(Rahmstorf 2006). In our model, based on Pelegrí et al. (2013), we have proposed MOC to be
active during interglacial periods and collapse during glacial.
In order to evaluate the influence of this flux in our model we consider three scenarios: case 3B5, with a linearly increasing MOC during interglacial from zero to the current water formation
rate (22 Sv) which stops during the glacial period; case 3B-6 without MOC (3B-6); and case 3B-7
with a constant MOC (22 Sv) at all times. The interglacial MOC conduces to the upper ocean
cooling 0.7o C (Fig. S1.4). If we consider a constant recirculation rate the upper ocean would be
0.8o C colder during the entire period.

Fig. S.1. 3: Fluxes in the upper-ocean compartment: short-wave radiation (blue), long-wave radiation
(magenta), latent and sensible heat fluxes (black), the flux from the deep ocean (red) and the net energy
flux (green, right hand axis) for cases 3B-1 (top), 3B-4 (middle) and 3B-5 (bottom).
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Fig. S.1. 4: Effects of different MOC configurations in the three-box model: case 3B-5 (interglacial MOC,
black line), case 3B-6 (no MOC, blue line) and case 3B-7 (permanent MOC, red line).
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Abstract
The encountering of the subtropical Brazil Current (BC) and the subantarctic Malvinas Current
(MC) constitutes the Brazil-Malvinas Confluence, an important site for the modification and
generation of intermediate waters that conform the returning limb of the Atlantic Meridional
Overturning Circulation system. Here, we provide a comprehensive description of the BMC
with the help of physical and biogeochemical data – hydrographic stations, profiling floats and
Lagrangian instruments – gathered in March 2015. We use these data in order to characterize
the impinging and outflowing currents and describe the cross- and along-frontal structure. In
addition, we compare the in-situ measurements with both climatological data and the Mercator
Ocean eddy-resolving reanalysis. The hydrographic sections illustrate the contrasting properties between the two boundary currents: warm, salty, nutrient- and oxygen-poor oligotrophic
subtropical waters encountering the cold, fresh, oxygen- and nutrient-rich subantarctic waters.
The frontal system is also characterized by the presence of thermohaline intrusions, with the
frontal gradients and along-front velocities sharpening as the colliding currents get entrained
into the frontal system. We also observe brackish waters spreading on top the frontal jet as a
result of advection favoured by north-easterly winds, which are positively correlated with the
surface ageostrophic speeds. The sight provided by the cruise data illustrates the high regional
and mesoscale variability as compared with climatological conditions, and further evidence the
submesoscale subsurface complexity that remains yet to be captured by operational models.

A 3D view of the BMC

2.1 Introduction
The continental shelf and slope circulation of the southwest Atlantic Ocean has significant implications in the biogeochemistry and water mass structure of the entire Atlantic basin. This
significance arises from exchanges between subantarctic and subtropical waters and between
shelf and deep-ocean waters, which lead to high primary production and intense water mass
transformations (Acha et al., 2004; Jullion et al., 2010; Valla et al., 2015; Combes and Matano,
2018; Orúe-Echevarría et al., 2019b).
The regional circulation is controlled, both over the shelf and in the open ocean, by the opposing flow and consequent encounter of cold, fresh, nutrient-rich subantarctic waters flowing
equatorward and the poleward warm, salty, nutrient-poor subtropical waters (Palma et al.,
2008; Matano et al., 2010). At the open ocean these flows correspond to the Malvinas Current
(MC) and Brazil Current (BC), respectively. Both boundary currents flow close to the shelf break
until their collision point around 38o S, giving rise to an intense thermohaline front known as
the Brazil Malvinas Confluence (BMC) (Gordon and Greengrove, 1986). Once these currents
meet, both veer offshore, with the MC turning south in a cyclonic loop, then referred to as the
Malvinas Return Current (MRC; Piola et al., 2013) whereas the BC continues southward east to
the MRC and finally retroflects northeastward at about 45o S (Brazil Current Overshoot, BCO;
Saraceno et al., 2004). Following this retroflection, the BCO splits into two branches: one continues northward offshore the BMC (BC offshore recirculation; Valla et al., 2018) while the other
flows eastward forming the South Atlantic Current (SAC) (Stramma and Peterson, 1990) [Fig.
2.1a].
The MC and BC follow the path of two frontal structures, the Subantarctic Front (SAF) and the
Brazil Current Front (BCF), respectively, which converge in one single front at the BMC (BMCF)
(Saraceno et al., 2004). The SAF corresponds to the northern branch of the Antarctic Circumpolar Current (ACC) system, separating subtropical and subantarctic origin waters (Orsi et al.,
1995) while the BCF defines the southern limit of the BC (Roden, 1986). The BMCF extends over
the shelf-break at about 36o S separating over the platform subtropical and subantarctic origin
waters, over the shelf being referred as the Subtropical Shelf Front (STSF) (Piola et al., 2000).
The encounter of the different water masses at the BMCF generates a complex vertical thermohaline front (Provost et al., 1996), depicted by the interleaving of different water masses
(Bianchi et al., 1993). Furthermore, the retroflection of each of the currents results in the creation of structures of multiple scales, such as eddies and filaments (Legeckis and Gordon, 1982;
Garcia et al., 2004; Barré et al., 2006; Lentini et al., 2006). The interleaving and mesoscale structures enhance epipycnal and diapycnal mixing between the water masses that converge at the
BMC (Bianchi et al., 1993; 2002; Gaube et al., 2014; Mason et al., 2017; Orúe-Echevarría et al.,
2019b).
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The BMC is also a preferential site for the exchange of properties across the shelf. The off-shelf
detrainment of platform waters, primarily Subantarctic Shelf Water (SASW), is enhanced during spring/summer southeast of the Rio de La Plata mouth (Strub et al., 2015). The prevailing
north-easterly winds during these seasons produce a southward displacement of the Rio de
La Plata and Patos-Mirim Lagoon waters (hereinafter referred as RdlP), which coincide with a
southern position of the BMC over the shelf-break (Olson et al., 1988; Wainer et al., 2000; Goni
and Wainer, 2000). Both southward migrations, together with the influence of local winds and
boundary currents over the shelf, favour the seasonal advection of platform and river waters
towards the deep ocean, contributing to the off-shelf export of freshwater and organic matter,
among other properties (Combes and Matano, 2014a; Matano et al., 2014; Combes and Matano,
2018; Franco et al., 2018).
The interest over this region dates back to the 1980’s, when the R/V Atlantis II cruise 107-3
(Gordon, 1981) and Marathon cruises 7-8-9 (Gordon, 1989) were carried out (October- November 1984). About six years later, another intense study was completed, with three surveys done
from November 1988 to February 1990 by the Confluence Program (Confluence Principal Investigators, 1990). These field data were used to characterize the spring (Gordon, 1989) and
summer (Provost et al., 1996) conditions, including the heat and salt fluxes (Bianchi et al., 1993;
2002), current velocity and transports (Gordon and Greengrove, 1986; Peterson, 1992; Garzoli,
1993; Maamaatuaiahutaou et al., 1998; Vivier and Provost, 1999b) and water masses (Maamaatuaiahutaou et al., 1992; 1994).
Motivated by the high productivity along the shelf-break upwelling (Acha et al., 2004; Dogliotti
et al., 2014) and its relevance in the biogeochemical cycle of carbon (Bianchi et al., 2009; Kahl et
al., 2017), most recent studies have done cross-shelf measurements (e.g. Piola et al., 2000; 2005;
2010; Möller et al., 2008; Valla and Piola, 2015; Carranza et al., 2017) and fewer studies have
addressed the open-ocean circulation. In the early 1990’s and 2000’s, and recently between 2013
and 2017, moorings have been installed in the northern and southern margins of the BMC in
order to study the variability of the BC (34.5o S) (Meinen et al., 2012; 2013; 2017; 2018; Valla
et al., 2018) and MC (41o S) (Vivier and Provost, 1999a; Spadone and Provost, 2009; Ferrari et
al., 2017; Artana et al., 2018a; Paniagua et al., 2018). Other studies have dealt with the surface
dynamics at the confluence based on satellite data (e.g. Saraceno et al., 2004; 2005; Barré et al.,
2006; Lumpkin and Garzoli, 2011; Saraceno and Provost, 2012; Strub et al., 2015) or on either
regional or general circulation models (e.g. Matano et al., 1993; Palma et al., 2004; Fetter and
Matano, 2008; Combes and Matano, 2014a,b; Matano et al., 2014).
Pursuing the cruises in the 1980’s and 1990’s, the TIC-MOC cruise was a renewed effort to
produce a high-resolution quasi-synoptic survey of the BMC, capable of providing a new picture of the physical and biogeochemical frontal structure and dynamics. Here, we present the
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physical and chemical conditions found during the cruise and compare it with climatological
and reanalysis data. In section 2.2 we describe the field, reanalysis and climatological datasets.
In section 2.3 we use the remote sensing and cruise data to describe the surface and threedimensional (3D) structure of the frontal system. In section 2.4 we start comparing the cruise
observations with the reanalysis data, and place both views under the climatological perspective, and continue by exploring the sources of surface and subsurface variability at the BMC.
Finally, we close with the main conclusions in section 2.5.

Fig. 2. 1: (Left) CTD stations during TIC-MOC cruise. Red (blue) lines represent the BCF (SAF) paths
as defined by the 0.3 m (-0.05 m) ADT contours (Ferrari et al., 2017). The position of the main currents is
indicated: Brazil Current (BC), BCO (Brazil Current Overshoot), Malvinas Current (MC), MRC (Malvinas
Return Current). SW-AC/SE-C show the position of the main anticyclonic/cyclonic eddies sampled during the cruise. The black dots represent the stations over the outer perimeter while the blue dots indicate
the cross-frontal sections. Roman/Arabic numbers indicate the section/station number. Grey lines represent the 200, 500, 1000, 2000, 4000 and 5000 m isobaths (GEBCO 2008 bathymetry). (Right) Cross-frontal
sections (grey dots), positions of the profiles realized by float 9231 (red dots) and 9027 (blue dots), and
surface positions provided by float 9027 between profiles 20 and 21 (black dots).

2.2 Data
2.2.1 Field measurements
Hydrographic data were gathered during the oceanographic TIC-MOC cruise onboard R/V
Hespérides, between March 8 and 22, 2015. Figure 2.1a shows the location of the hydrographic
stations and their position relative to the main frontal systems. Throughout this study, we will
distinguish three study regions for our analysis: (1) the outer section, formed by 28 stations in
a nearly circular perimeter delimiting the confluence; (2) the western near field, formed by the
westernmost cross-frontal sections (sections I-III); and (3) the far field, which includes the two
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eastern cross-frontal interior sections (sections IV-VI) plus seven stations along the meridional
section of the outer perimeter (51o W). In the outer perimeter, the stations are spaced about 45
km and sampling reaches down to a depth of 2000 m in the open ocean or to the sea floor
over the upper slope. Each of the interior cross-frontal sections has a length of approximately
100 km, with stations spaced about 15 km and sampling down to the sea floor over the slope
or 400/500 m depth in the near/far field sections. Below we include a brief description of the
cruise and methodology for the data acquisition and processing. Further information can be
found in Orúe-Echevarría et al. (2019a) and the data are available at Pelegrí et al. (2018).
At each of the 66 hydrographic stations, a conductivity-temperature-depth (CTD) cast was performed with a CTD SBE 911+ instrument, with redundant salinity and temperature sensors
and additionally equipped with a SBE 43 oxygen sensor. Raw data, after processed, were vertically averaged into 1 dbar. At each station, water samples were collected at standard depths to
determine nitrate (NO3 - ), phosphate (PO4 -3 ) and silicate (Si) concentrations.
Throughout the cruise, continuous vertical profiles of horizontal current from 20 m to around
700 m, in 8-m depth bins, were obtained with the vessel’s acoustic Doppler current profiler
(VADCP). Raw data were quality controlled, corrected and edited with the Common Oceanographic Data Access System (CODAS, Firing et al., 1995). Besides, the thermosalinograph
provided continuous near-surface temperature and salinity data from the vessel’s underway
system.
With the objective of getting a better detail of the BMC front, two profiling floats (identified
as 9027 and 9031) were deployed [Fig. 2.1b]. Both Apex-type floats were equipped with a SBE
41CP CTD, enabling this to monitor water mass properties along their journey. Float 9027 completed 22 profiles in 9 days while Float 9231 did 20 profiles in 7 days. The journey of float 9027
was peculiar and deserves a brief mention. After profile 17 the communication with the float
was lost for two days, performing two additional (non-positioned) profiles and recovering the
position data for the 20th profile. We estimate the location of those two profiles from the positions of profiles 17 and 20 and the time spent between them. Between profiles 20 and 21 the
float drifted at the sea surface, providing 33 additional positions.
Finally, subsurface drifters and profiling floats of the Argo program were launched during the
cruise. A total of eight near-surface drifting buoys were launched in order to track near surface
waters in the frontal area (six dragged at 100 m and two dragged at 200 m); drifting positions
were acquired with a frequency of 30 minutes. A total of six Argo floats were also launched
in the region during the cruise. During one month, four of these units (hereafter identified as
TICMOC-1 through TICMOC-4) had a 5-day cycle and their parking depth at 400 m.
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2.2.2 Remote sensing data
A description of the sea-surface conditions in the entire region is obtained with sea surface temperature (SST) and altimetry satellite products. Satellite altimetry data corresponds to the delayed time DUACS altimeter gridded product (Pujol et al., 2016) provided by Copernicus Marine and Environment Monitoring Service (CMEMS, http://marine.copernicus.eu/) (daily 1/4o
Mercator grid, multi-satellite, delayed time product), which includes absolute dynamic topography (ADT) and surface geostrophic velocity. SST correspond to 1/4o gridded AMSR-2 7-day
average images (Advanced Microwave Scanning Radiometer, http://www.remss.com/).

2.2.3 Reanalysis and climatological data
A climatological view is available from the World Ocean Atlas 2013 v.2 (WOA13), which provides monthly-mean fields of temperature and salinity at 69 vertical level (0-5600 m) for the global ocean at 1/4o resolution on a Mercator grid (https://www.nodc.noaa.gov/OC5/woa13/)
(Locarnini et al., 2013; Zweng et al., 2013).
High-resolution operational CMEMS model PSY4QV2R2 predictions for ADT and SST – as
well as for temperature, salinity and velocity at 0, 92, 453 and 1062 m – were received onboard
the vessel. These data were fundamental for the cruise design, particularly in the preliminary
location of the frontal system. Artana et al. (2018b) compare this forecasting model with insitu measurements and conclude that it correctly reproduces the large-scale circulation at the
BMC. Instead of model predictions, here we use the GLORYS12V1 reanalysis product (hereafter reanalysis), largely based on the CMEMS forecasting system. This is a reanalysis between
1993 and 2018 on a 1/12o grid and 50 standard vertical levels, from the sea surface down to
5500 m. It uses the NEMO3.1 numerical model forced at the surface with the European Centre
for Medium-Range Weather Forecasts (ECMWF) ERA-Interim reanalysis, continuously assimilating in-situ temperature and salinity profiles, SST from the 1/4o resolution Advanced Very
High Resolution Radiometer (AVHRR) and along-track altimetry data. This reanalysis has recently been used to analyze the MC at the BMC (Artana et al., 2019).
Finally,

we

use

the

daily-mean

Cross-Calibrated

Multi-Platform

(CCMP,

https://podaac.jpl.nasa.gov/dataset/) winds (25 x 25 km resolution) (Atlas et al., 2011) from
the 1st January to the end of March 2015. This wind dataset has shown to have a good correspondence with in-situ measurements at the BMC, being able to capture the high variability of
this region (Carranza et al., 2017).

101

Chapter 2

2.3 Results
2.3.1 Surface fronts
SST and SSS images [Fig. 2.2] allow the identification of the MC’s signature as colder, fresher and lighter waters flowing northward along the Patagonian shelf-break until reaching the
BCMF located at about 39.5o S. At this point, it encounters higher ADT, SST and SSS values that
characterize the subtropical waters to the north of the BCF. The differences between both sides
of the BCF front are around 10o C, 0.8 m and 1.5 practical salinity units, respectively. The satellite and reanalysis images in Figure 2.2 show data for 17th March 2015, when the sampling of the
interior cross-frontal sections began (the reanalysis SST/SSS evolution before and during the
entire cruise is available in Figs. S2.1 and S2.2, Supplementary materials); Artana et al. (2018b;
2019) have already confirmed the fairly good performance of the model for this region.
The model’s mesoscale fields are very similar to the satellite SST and ADT ones, as expected
from its assimilation of these datasets. However, there are some significant differences. First,
the high horizontal resolution of the reanalysis shows submesoscale structures, such as various
vortex and filaments southeast the BMC, which are not visible in the satellite and altimetry
data. Second, while the position of the BCF derived from satellite and reanalysis data is almost
the same, the location of the reanalysis ADT-derived SAF is about 75 km further south than the
one derived from altimetry data. Additionally, the satellite SST shows slightly colder waters
than the reanalysis in the northern part of the interior cross-frontal sections, with a more intense
temperature gradient at the front.
On the other hand, WOA13 data shows a much smoother field than either the satellite or the
reanalysis, displaying only each of the main currents and the front, whose position differs from
the other datasets. The SSS fields from the reanalysis and WOA13 also present large differences,
with the BC and MC core waters being fresher in the reanalysis. In the reanalysis image, we can
identify the offshore RdlP freshwater on top the frontal jet. The northern edge of the interior
cross-frontal sections is within this plume, which allows us to characterize its dimensions [sections 2.4.1 and 2.4.2]. On the contrary, WOA13 does not represent this feature. The near-surface
salinity measured along the cruise-track [Fig. 2.2h] is consistent with the reanalysis SSS image.
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Fig. 2. 2: (a) Satellite SST (o C) and (b) ADT and geostrophic velocity on 17th March 2015. (c) SST and
(d) SSS from reanalysis data on 17th March 2015. (d) SST and (f) SSS March-mean fields from WOA13. (g)
SST and (h) SSS from the TIC-MOC thermosalinograph data; the vectors show the VADCP velocity (g) at
20 m and (h) averaged in the upper 700 m. The black dots represent the position of the CTD casts during
TIC-MOC, and the black contours in (b,c) show the position of the SAF and BCF (ADT contours for -0.05
m and 0.3 m, respectively).
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From Figure 2.2 we get the general view of the confluence area for March 2015. The regional circulation patterns and mesoscale features are clearly identifiable in all datasets. Both the
reanalysis and satellite fields show the complex surface dynamics of the BMC. The northern
half of the outer section is within the warm and saline waters of the BC. In the southern sector,
the four western stations are characterized by surface cold and fresh waters of the MC. East
from the MC, there is a warm and salty anticyclonic ring (SW-AC) followed by subantarctic
waters revolving around a cyclonic eddy (SE-C) that contributes to the frontal jet. The SAF
reaches approximately 40o S before retroflecting southward following the MRC. The surface
geostrophic and in-situ velocity fields identify the BC and MC as well as the frontal jet flowing
eastward as a result of the collision [Fig. 2.2b,g,h].

2.3.2 Frontal system
We present cross-frontal sections of salinity (S) and potential temperature (θ) [Fig. 2.3], dissolved oxygen (DO) and silicate (Si) [Fig. 2.4], nitrate (NO3 - ) and phosphate (PO4 -3 ) [Fig. 2.5] and
horizontal water velocity [Fig. 2.6] for the outer, near-field and far-field sections. Each section
is referenced at the southern extreme.
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Fig. 2. 3: Vertical sections of S for (a) the outer section, (b, d, f) the near-field cross-frontal sections, and

(c, e, g) the far-field sections. The white lines represent isothermals (o C), black lines indicate isoneutrals
(kg m-3 ) and the black dots show the measurement points. The numbers on top indicate the stations, with
their position as shown in Figure 2.1.
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Fig. 2. 4: Vertical sections of DO (ml l-1 ) for (a) the outer section, (b, d, f) the near-field cross-frontal

sections, and (c, e, g) the far-field sections. The white lines represent Si concentration (µmol l-1 ) and the
black dots show the measurement points. The numbers on top indicate the stations, with their position as
shown in Figure 2.1.
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Fig. 2. 5: Vertical sections of PO4 -3 (µmol l-1 ) for (a) the outer section, (b, d, f) the near-field cross-frontal
sections, and (c, e, g) the far-field sections. The white lines represent NO3 - concentration (µmol l-1 ) and the
black dots show the measurement points. The numbers on top indicate the stations, with their position as
shown in Figure 2.1.
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Fig. 2. 6: Vertical sections of absolute speed normal to the section (m s-1 ) from 25 m down to 700 m as
measured by the VADCP: (a) outer section, (b, d, f) near-field cross-frontal sections, and (c, e, g) far-field
sections. In the outer section, negative/positive values indicate flow into/out of the BMC area. In the
cross-frontal sections, negative/positive values indicate eastward/westward flow.
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2.3.2.1 Outer section
The outer perimeter of the BMC displays substantial contrasts in almost all properties in the
upper 800 m. These contrasts are evident both in the BMCF and between each eddy core and
its surrounding waters. The SW-AC has a radius of around 200 km and extends down to 400 m;
its core has θ/S values of 17o C/35.8 at 100 m, which are about 10o C/1.2 colder/fresher than
the neighbouring waters. The SE-C presents the same water mass structure as the MC, though
slightly saltier and warmer as a result of mixing at the BMC and the incorporation of warmer
waters recirculating around the BCO (Orúe-Echevarría et al., 2019b). In the meridional section
along 51o W, we can identify the BMCF at approximately 40o S-51o W (stations 16-17) extending
from the sea surface down to 500 m depth, where θ/S changes from 5o C/34.2 to 17o C/36.1 in
50 km. Below 800 m, both temperature and salinity differences are reduced.
We use θ-S diagrams [Fig. 2.7] together with the vertical property sections to identify the presence of the different water masses [Table 2.1], using as reference the definitions in Maamaatuaiahutapu et al. (1992) and Álvarez et al. (2014). In the westernmost stations of the outer
section, the upper part of the water column is occupied by very low salinity Plata Plume Water (PPW, S<32.5 of river origin) (Piola et al., 2008), SASW flowing along the Patagonian shelf
(fresher and warmer than MC waters: <21o C, S<34; Piola et al., 2000), and Subtropical Shelf
Water (STSW) formed north of the SASW as a mixture of river and BC waters (θ>18.5o C, S<36;
Piola et al., 2000; Möller et al., 2008). North of BMCF, in the upper 90 m we find the warmest
(θ>20o C) and saltiest (S>36.5) Tropical Water (TW). This is formed at tropical latitudes and
transported southward with the BC, being poorly oxygenated (DO ∼ 4.5 ml l-1 ) and depleted
in nutrients (Worthington, 1976); this water mass was not found south of the BMCF.
Table 2. 1: Average potential temperature (θ), salinity (S), dissolved oxygen (DO), and silicate (Si), nitrate (NO3 - ) and phosphate (PO4 -3 ) concentrations in each water mass layer as defined by neutral density
ranges (γn ).
Water mass
TW
STMW
SAMW
AAIW
UCW

γn (kg m-3 )
<26.2
26.2-26.8
26.8-27.2
27.2-27.55
27.55-27.92

θ(o C)
24
13.0
6.7
3.8
2.9

S
36.7
35.1
34.4
34.2
34.6

DO (ml l -1 )
4.5
4.6
5.4
5.4
4.0

Si (µmol l-1 )
1.0
3.4
8.5
21.8
50.0

NO3 - (µmol l-1 )
2.2
16.5
27.8
35.4
38.8

PO4 -3 (µmol l-1 )
0.2
1.0
1.6
2.0
2.2
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Fig. 2. 7: Potential temperature-salinity (θ-S) diagram for (a, c) the outer section, (b, d) the near-field
sections and (c, e) the far-field sections, excluding the upper 100 m. Small diagrams in each figure include data from the surface. Colours represents the (a, b, c) pressure and (c, d, e) DO (ml l-1 ) content of
each point. Grey colours indicate constant potential density. The water masses are: Tropical Water (TW),
Subtropical Mode Water Type I (STMW1 ), Subtropical Mode Water Type II (STMW2 ), Subantarctic Mode Water (SAMW), Antarctic Intermediate Water (AAIW), Upper Circumpolar Deep Water (UCDW) and
North Atlantic Deep Water (NADW).
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Central waters are occupied by South Atlantic Central Water (SACW), which is characterized
by a straight line joining 5o C-34.15 and 19o C-36.2. It includes two mode waters, Subtropical
Mode Water (STMW) and Subantarctic Mode Water (SAMW). On the northern border of the
BCF we find STMW (θ

∼
= 12-18o C, S ∼
= 35.2-36.2) below the TW and to a depth of 500 m;

this water mass is not present south of the BCF, except for the SW-AC core. The STMW is
formed along the Subtropical Front of the South Atlantic Ocean and at the BCF during austral
winter and early spring (Provost et al., 1999). The θ-S diagram shows two inflection points
at around 19o C-36.5 and 15-8o C-35.8, each corresponding to a different STMW type [Fig. 2.7].
Considering the three STMWs defined by Provost et al. (1999) for the South Atlantic, the first
point corresponds to STMW1 (θ ∼
= 16-18o C, S ∼
= 36.2-36.9), which extends from below the TW

down to approximately 250 m, while at deeper layers we find STMW2 (θ ∼
= 14-16o C, S ∼
= 35.535.9). South of the BCF and below the warm summer mixed-layer, waters are dominated by
the coldest variety of mode water, the SAMW (θ ∼
= 5-8o C, S ∼
= 34.16; Piola and Gordon, 1989).
Due to its winter-convection origin in a nutrient-rich region, along the subantarctic zone of the
northern Drake Passage (McCartney, 1977, 1982; Palter et al., 2010), these waters are relatively
cold and fresh and have high DO, PO4 -3 and Si concentrations (>6.2 ml l-1 , >1.8 µmol l-1 and >6

µmol l-1 , respectively). North of the BCF, SAMW is found at deeper levels (500-800 m), where
it is saltier (S ∼
= 34.4); stations east of the BC core, and especially those along the meridional
section at 51o W, present higher DO values (>5.5 ml l-1 ) in the SAMW layer than in the BC core
(DO ∼
= 4.6 ml l-1 ). These changes are the consequence of intense mixing at the BMCF (Valla et
al., 2018; Orúe-Echevarría et al., 2019b).
Intermediate waters are characterized by salinity-minimum Antarctic Intermediate Water (AAIW;
S

∼
= 34.12, θ ∼
= 3.1o C). The core of this water mass deepens from 200 m in the southern sec-

tor to around 1000 m in the northern flank of the BMCF. It originates from the subduction of
SAMW along the northward flow of the MC (McCartney, 1982; Piola and Gordon, 1989; Talley,
1996; You, 2002), so it presents a DO maximum (>6.0 ml l-1 ) in the inner MC. The AAIW is
highly modified in the BMC (Sloyan and Rintoul, 2000; Valla et al., 2018; Orúe-Echevarría et al.,
2019), contributing to the freshening and oxygenation of the northern part of the front. Once the
AAIW leaves the BMC, one part recirculates northward (Valla et al., 2018) and another continues east with the SAC, mixing in the eastern South Atlantic basin with AAIW from the Indian
ocean, incorporated through the Agulhas Current Retroflection. After crossing the subtropical
gyre, some of these waters return south with the BC (Garzoli and Gordon, 1996; Schmid and
Garzoli, 2009; Schmid et al., 2000; Rodrigues et al., 2010). Thus, saltier (S ∼
= 34.3) and lower DO
(∼
= 4.9 ml l-1 ) waters near 900 m between stations 27 and 29 (core of the BC) correspond to this
older AAIW.
Below the AAIW, we find Upper Circumpolar Deep Water (UCDW), extending in most of the
stations down to 2000 m. It is saltier (S >34.3) and slightly colder (θ <2.9o C) than AAIW, charac111
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terized by very low DO (<4.2 ml l-1 ) and enhanced nutrient concentrations, especially by high
Si values (>50 µmol l-1 ). The low DO and high nutrient concentrations respond to the old age
of this water mass, having travelled from the South Pacific across the Drake Passage and north
with the MC (Peterson and Whitworth, 1980; Tsuchiya et al., 1994). UCDW is slightly fresher
and oxygenated in the core of the BC than in the MC, because of diapycnal mixing with AAIW
and NADW along the South Atlantic basin (Valla et al., 2018). In the deepest stations over the
MC (Station 4) and in the SE-C (stations 11 to 15), we find North Atlantic Deep Water below
1800 m (NADW, θ ∼
= 3o C, S ∼
= 34.9, DO ∼
= 4.6 ml l-1 ).
South of the BMCF the velocity record shows the barotropic nature of both the MC and the
associated SE-C (Goni et al., 1996; Vivier and Provost, 1999a; Piola et al., 2013), with fairly constant velocities in the upper 600 m [Figure 2.6a, where blue/red colours indicate flow into/out
of the confluence domain]. In the SW-AC, the velocity in the top 200 m exceeds 0.8 m s-1 , remaining over 0.6 m s-1 down to 600 m. The frontal jet presents the most intense flow, above 1
m s-1 in the first 300 m and staying higher than 0.8 m s-1 down to 600 m. North of the BMCF
and east of the BC, the current is very weak, not exceeding 0.2 m s-1 . The BC extends its main
core down to 600 m (Piola and Matano, 2001), with the highest velocities (∼
= 0.8 m s-1 ) between
70 and 200 m and decreasing its intensity with depth, evidencing the baroclinic nature of this
current (Matano et al., 2010).
2.3.2.2 Near field
The cruise measurements in the near-field cross-frontal sections [Fig. 2.3b,d,f] show SST values that agree fairly well with the reanalysis and satellite images [Fig. 2.2a,c], which locate
the southern three stations of each section south of the BMCF. However, when considering
the three-dimensional structure of the BMCF, we appreciate that the sub-surface front it not
completely crossed by these sections. Using the definitions that the front is located at the intersection of the 10o C isotherm and the 200 m level (Garzoli and Bianchi, 1987) or the crossing of
the 26.96 kg m-3 isopycnal at 380 m (Artana et al., 2018b), the subsurface front appears to be
located further north.
The most notorious features of the near field sections are the thermohaline intrusions. These are
most evident in the salinity field of sections I and II [Fig. 2.3b, d] where high θ/S subtropical
origin waters intrude into fresher subantarctic waters. These structures are around 10-50 m
thick and 10-20 km wide and intrude some 50 km into the subantarctic side of the front.
The low salinity PPW layer extends down to only 20-30 m. Below the PPW, we find TW and
STSW north of the BMCF (down to 200-250 m) and SASW and SAMW south of the BMCF
(down to 400 m). The southern stations, with waters of subantarctic origin, are characterized
by relatively high DO and nutrient concentrations (DO >5 ml l-1 , NO3 - >26 µmol l-1 , PO4 -3
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>1.6 µmol l-1 ). On the contrary, the northern stations are occupied by oligotrophic and poorly
oxygenated subtropical waters (DO <4.4 ml l-1 , NO3 - <222 µmol l-1 , PO4 -3 <1.2 µmol l-1 ).
Surface velocities increase northward, towards the position of the maximum temperature gradients, where the highest velocities are found [Fig. 2.2]. Thus, velocities in the northern stations
are higher than in the south, 1.2 and 0.2 m s-1 , respectively. The southern stations show westward velocities from the surface down to 400 m (west/east velocities in blue/red in Fig. 2.6b,
d, f). This westward component can be identified in the altimetry derived geostrophic surface
velocity [Fig. 2.2b] representing an extension of the MC towards the shelf.
2.3.2.3 Far field
The satellite and reanalysis SST show some significant differences over the far-field sections
[Fig. 2.2a, c]. In the satellite image, the sections appear on the warm side of the BMCF while, in
the reanalysis image, they cross the front. The cruise sections confirm that most stations belong
to the subtropical side but also show that the subantarctic sector is sampled in the southern
two stations of sections IV and V, being separated by a more vertical and a sharper front than
in the near field [Fig. 2.3c, e].
Comparing with the near field sections, the property gradients are more intense (0.18 psu and
0.25 o C km-1 respectively at 100 m depth) and there are no intrusions. These sections evidence
that the 200-m subsurface front is in a more northern position than the surface one. The subsurface front is characterized by an abrupt temperature change, around 10o C in 30 km. The PPW
is still present in the top meters, although it is shallower than in the near field sections (about
5-15 m in section IV and less than 10 m in section V). Depending on the chosen threshold, we
can estimate the horizontal width of the jet to be 20-40 km. The freshwater plume is thus becoming thinner and narrower as it separates from the source, and once it reaches 51o W [Fig. 2.3g]
it only appears in the upper few meters of the station just north of the BCF.
The stations south of the BCF are occupied by SAMW down to 400 m while north of the BCF,
under the PPW, we find salty-warm TW in the top 200 m and STMW below. As occurs in the
near field sections, there is an abrupt change in oxygen and nutrient concentrations from the
southern (DO >5.5 ml l-1 , NO3 - >30 µmol l-1 , PO4 -3 >1.5 µmol l-1 ) to the northern ends (DO
<5 ml l-1 , NO3 - <15 µmol l-1 , PO4 -3 <1 µmol l-1 ). There is a slight modification of the water
masses along the frontal jet, with the major transformation in the SAMW layer, about 0.1 psu
saltier in the far field as compared with the near field.
The velocity in the far field is eastward from the surface down to 700 m and increases towards
the north, reaching a maximum over the front where the surface velocities exceed 1.6 m s-1
[Fig. 2.6c, e, g], higher than in the near field (1 m s-1 maximum at the frontal jet). These high
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speeds are similar to those experienced by RAFOS floats in the frontal jet (Vigan et al., 2000)
and by the drifters launched during the TIC-MOC cruise [section 2.3.3]. At depth, velocities are
also higher than in the near field, remaining over 0.6 m s-1 in the first 600 m of the BMCF.

2.3.3 Along-front description
The drifting buoys and profiling floats deployed on both sides the BMCF converged into the
frontal jet and eventually ran eastward along it, providing an approximate Lagrangian description of the frontal system [Fig. 2.8a]. All units launched at the northern flank of the BMC
travelled southward with the BC and ran over the northern border of the BMCF, while those
deployed in the southern margin remained mostly south, with only one instance temporarily
crossing the front to the north [Fig. 2.8a].
The subsurface buoys travelled along the frontal jet with mean speeds slightly over 0.7 m s-1 ,
exceeding 1.6 m s-1 at certain intervals and with peak values of 2.0 m s-1 . The BMCF is not
stationary, fluctuating and undulating during the duration of the cruise, with the drifters and
floats changing their trajectory accordingly. Several drifters were trapped by different mesoscale features, which drove them out of the frontal jet [Fig. 2.8b].
The two Apex profiling floats present very different trajectories [Figs. 2.1b and 2.8a]. Float 9027
was deployed in the southern edge of the BMCF, reached the frontal position in three days
and moved along the front afterwards. The overall velocity of float 9027, taking into account
both the surface and subsurface drift, was around 0.2 m s-1 . However, if we only consider the
drifting between profiles 20 and 21, when the float remained at the surface, we get a sustained
velocity of around 1.5 m s-1 . On the other hand, float 9231, which was deployed in the northern
side of the BMCF, moved first westward to later loop anticlockwise to end up near its initial
position. Float 9231 travelled at low speeds, most of the time less than 0.1 m s-1 , reaching
maximum values of 0.3 m s-1 .
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Fig. 2. 8: (a)Trajectories of subsurface drifters and profiling floats over mean ADT contours (from -0.2
to 0.9 m every 0.1 m; grey contours) between the 10th and 22nd March 2015, and position of the SAF and
BCF (black contours). (b) Floats positions (dots) and SAF and BCF locations (northern and southern thin
lines, corresponding to ADT=-0.05 and 0.3 m, respectively), color-coded by the day of March.

The first 14 profiles of float 9027 covered an area between the SAF and BMCF, in the inner part
of the MC, where water properties are homogeneous and there are no subtropical water intrusions [Fig. 2.9]. Between profiles 15 and 17, the float crossed the BMCF and stayed very close
or even over the frontal jet, in a band where both MC and BC waters coexist, hence explaining
the warm and salty intrusions between 80 and 200 m. Most of the structure is confined to the
upper 400 m. For example, in profile 17 there is a salty intrusion at 65 m depth extending horizontally until profile 18, or two intrusions of STMW below 150 m centred in station 19 and
stretching 50 km until profile 20. The salty and warm intrusions affecting down to 700 m in
profile 20 are remarkable. The water column in profiles 21 and 22 is slightly warmer and saltier
than in the previous casts, as the float occupied positions in the border of the SW-AC. During
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the along-frontal journey (profiles 15 to 20), the upper 10-20 m are characterized by very low
salinity PPW waters, in agreement with the vertical extension of the plume observed in the
CTD cross-frontal sections.

Fig. 2. 9: Vertical distributions of (a, b) S and (c) θ along the path of float 9027, for the upper (a, c) 740 m
and (b) 300 m; the contours in panel b represent isotherms. (d) θ-S diagram for the trajectory of float 9027.

On the other hand, float 9231 was deployed in the northern margin of the inner MC just south
of the BCF and close to the shelf break, in some sort of stagnation point in the western margin
of the frontal system [Figs. 2.1b and 2.8a]. As a consequence, this profile ran a short distance,
providing a high-resolution perspective of the area before the collision. The θ structure is very
similar to profile 9027 but the S differences are larger [Fig. 2.10]. The upper 40 m present very
low salinity SASW followed by a 250-m thick layer of SACW where colder and fresher waters
intrude. Below the subsuperface salinity maximum (30-70 m), we find (profiles 1-6 and 8-13)
STMW intrusions, with vertical (horizontal) extension of 80 m (8 km). After profile 13, the
surface layer of SASW deepens to 60 m. Profile 13 revisited the area between profiles 9 and
10 approximately 4.5 days later. In this second visit, the structure below 300 m remains fairly
unchanged but the surface has changed drastically; in particular, the SASW layer is 50 m thick
while days before it was only 20 m. Contrary to expectations, considering the proximity to
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the shelf, the θ-S diagram does not show the presence of PPW [Fig. 2.10d], though there is a
significant presence of SASW. This probably responds to the southern position of the sampling
area with respect to the BMCF, far from the main locus of PPW offshore detrainment (Franco et
al., 2018).

Fig. 2. 10: Vertical distributions of (a, b) S and (c) θ along the path of float 9231, for the upper (a, c) 740
m and (b) 300 m; the contours in panel b represent isotherms. (d) θ-S diagram for the trajectory of float
9231.

2.4 Discussion
2.4.1 Comparison with satellite, reanalysis and climatological data
The satellite, reanalysis and in-situ measurements show good agreement in the surface fields.
The comparison between observations and the reanalysis is particularly good, certainly because of the assimilation of in-situ and satellite data. The high-resolution reanalysis data is able
to reproduce the PPW on top the frontal jet and matches well the hydrographic SST at each
station.
The GLORYS12V1 and WOA13 datasets also provide data at 50 and 69 vertical levels, res117
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pectively, which can be compared with the TIC-MOC stations. For this purpose, we consider
sections II and VI, with spatial resolutions of 10 and 45 km, respectively [Fig. 2.11], and retrieve
the corresponding reanalysis outputs (for the same day of the sampling, 18th March for section II and 14th March for section VI). The major differences are found in section II, where the
reanalysis cannot reproduce the thermohaline intrusions shown by CTD data [Figs. 2.12a,c,e].
GLORYS12V1 reproduces well the frontal structure and location, and even the presence of PPW
in the surface, but fails at replicating the submesoscale features (despite its horizontal resolution is higher than the CTD data). Regarding section VI, the comparison shows a similar vertical
structure in the observations and reanalysis, a simple consequence of the lack of intrusions in
this outer section [Figs. 2.11b,d]. In the case of the climatology, the differences with the observations are very large in both sections; clearly, the monthly fields are unable of reproducing the
BMC variability.

Fig. 2. 11: S (color-coded) and θ (white contours) vertical sections for (a, c, e) section II and (b, d, f)
section VI from (a, b) the CTD casts, (c, d) the MERCATOR reanalysis and (e, f) the WOA13 climatology.
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Based on these results, we can conclude that the reanalysis simulates correctly the surface structure of the BMC region and its main dynamics such as the BMCF/BCF location and the presence of the PPW plume on top the frontal jet. However, it cannot reproduce the subsurface submesoscale structures, clearly present at the frontal system in the form of thermohaline intrusions.
This suggests that GLORYS12V1 dataset is useful in studies concerning surface properties and
their variability but is a limited tool to identify and analyse subsurface submesoscale or mixing
processes.

2.4.2 Presence of shelf water
Franco et al. (2018) identified the BMC region as the main detrainment point of SASW into
the deep ocean, at a rate of about 1 Sv (1 Sv = 106 m3 s-1 ) for early fall. The position of this
off-shelf export is influenced by the location of the BMCF while the local wind regime controls
the magnitude of the transport (Combes and Matano, 2018). This explains the large amount of
SASW found by Apex-9231, at a position close to both the shelf break and the confluence point.
Besides shelf waters, during the TIC-MOC cruise we found river origin waters (PPW, S<32.5)
as far as 100-300 km from the river mouth [Fig. 2.12b]. CTD cross-frontal sections show how
the RdlP plume becomes thinner as it travels to the east, primarily along the subtropical side of
the front. We obtain a similar picture from the GLORYS12V1 monthly-mean (March 2015) data:
selecting positions along the track of the plume, we observe a 15-20 m thick PPW/SASW layer
extending from the shelf-break to around 400 km [Fig. 2.12].

Fig. 2. 12: (a) Mean SSS field for March 2015, as deduced for the reanalysis. The black contours represent
the 33.5, 34 and 35.5 isohalines while the grey lines indicate the 200 and 500 m isobaths. Magenta dots
are TIC-MOC stations, red dots indicate the points used for the cross-shelf volume balance [Fig. 2.13] and
black dots display the locations along the RdlP plume shown in panel b. (b) Salinity vertical section of the
first 200 m along the RdlP plume, following the stations shown in panel a.
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Fig. 2. 13: (a) Daily surface wind vectors from January to March 2015 at points A, B and C in Figure
2.12a. (b) Ekman layer transport at the southern (dashed blue), eastern (black line) and northern (blue
line) sections delimited by the coastline and points A, B and C, and the total shelf balance (red line); negative/positive values indicate transports into/out of the shelf area in Figure 2.12a. (c) Off-shelf Ekman
transport (red line) and its lineal fit (black line) accumulated starting on January 4 2015, and the accumulated river discharge for this same period (blue line) (km3 ). (d) Anomaly of the accumulated Ekman
transport determined as the difference between the accumulates off-shelf transport and the lineal fit in panel c (red line) together with the off-shelf volume of PPW in the BMC as determined from GLORYS12V1
data (black line, right axis). The shaded region highlights the cruise period.

Previous studies have suggested that the presence of PPW in the BMC region is mainly controlled by the along-slope wind regime, with shelf-water being exported during periods of
north-easterly winds (Combes and Matano, 2014a; Guerrero et al., 2014; Matano et al., 2014).
Following Matano et al. (2014), we have analysed the wind regime at three points bounding the
RdlP outflow [Fig. 2.13a]. With these winds and considering a mean river discharge of 0.024 Sv,
we have calculated the surface (Ekman plus river) export from the shelf between 34o S and
38o S [Fig. 2.13b] for the first three months of 2015. Further, from the reanalysis data, we have
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calculated the amount of PPW over the BMC (defined as waters with S<32.5; Piola et al., 2008).
During March 2015 the north-easterly winds prevailed, in agreement with the seasonal windpatterns (Piola et al., 2008), hence favouring the offshore detrainment of surface shelf waters at
a rate that reached almost 0.6 Sv during the peak winds [Fig. 2.13b]. In order to calculate the
relation of the off-shelf transport of brackish waters and the amount of PPW over the BMC we
follow a simple procedure [Figs. 2.13c,d]. First, we calculate the accumulated off-shelf Ekman
transport; we start this summation on January 4 simply because this day is the start of a week
of relatively calm winds, which allows assuming that it is a reasonably good time to reset the
offshore system; second, we fit a lineal curve to this accumulated offshore transport; third, we
calculate the accumulated anomaly as the difference between the actual accumulated transport
and the lineal fit; and finally, this accumulated anomaly is compared with the volume of PPW
over the BMC.
The premise behind these calculations is that the discharge of the RdlP, because of its extremely
large basin (over 3 million squared kilometres), changes at relatively slow (seasonal) frequencies (García and Vargas, 1996). Hence, the river discharge reaches the shelf at a nearly constant
rate but it is intermittently exported into the BMC region through the wind pulses. Further,
we may assume that the amount of fresh water over the BMC region has some characteristic
residence time, which results from the Confluence dynamics. Hence, we may imagine that the
rate of removal of surface waters from the BMC region will be approximately constant, which
will cause that for each value of RdlP discharge there is a characteristic PPW volume (i.e. if the
river water was transported into the BMC at a constant rate then the PPW over the Confluence
would tend to this value). The result is that the amount of PPW in the BMC will increase or
decrease essentially as a consequence of the intermittent wind-induced export of shelf waters,
as confirmed by a correlation value of 0.54 between both time series [Fig. 2.13d].
The above calculations also show that the accumulated river discharge (182 km3 in 88 days;
Fig. 2.13c) is about 4 times less than the amount of surface waters exported from the shelf. This
can be interpreted as if the brackish water exported out of the shelf will have one/four parts of
fresh/salty waters or, assuming that the environment water has a salinity of 35 psu, a salinity
of about 28 psu. Obviously, this water is further diluted with the salty surface offshore waters
over the BMC leading to the definition of S<32.5 for PPW. This is confirmed by the fact that the
offshore wind pulses account for exports of the order of 100 km3 , which is much less than the
average volume of PPW in the region (382.4 km3 ).
All these analysis evidence an important cross-shelf exchange of properties along the BMC,
such as freshwater, chlorophyll, nutrients and organic matter, which would contribute to the
freshening of deep waters and could sustain the elevated primary production of the region
(Brandini et al., 2000; Garcia et al., 2004; Romero et al., 2006; Carranza et al., 2017).
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Fig. 2. 14: (a) Surface (negative) salinity anomaly (psu) as determined from the thermosalinograph data.
(b) θ – S diagram for the thermosalinograph and surface CTD data (black dots), including the PPW-free
best-fit curve (red line). (c) Ageostrophic surface speed field (m s-1 ). (d) Salinity anomaly – ageostrophic
speed relationship.

Finally, we explore the correlation between brackish waters, as reflected by the negative salinity anomaly, and the ageostrophic speeds along the frontal jet [Fig. 2.14]. We expect that the
brackish-water filaments will be relatively small and highly intermittent, hence hardly in geostrophic balance. For this purpose, we define the (negative) salinity anomaly variable as the
absolute value of the difference between the measured salinity and the value it should have according to its temperature in the absence of PPW waters over the confluence area; the PPW-free
values correspond to the best-fit curve to the θ–S diagram formed with thermosalinograph and
surface CTD data, after excluding salinity values less than 33.6 [Fig. 2.14b]. Further, the ageostrophic velocity along the ship track is determined as the imbalance between the in-situ VADCP
velocity at 20 m depth, which it the first VADCP bin, and the altimetry-inferred surface geostrophic velocity [Fig. 2.14c]. The largest ageostrophic speeds (>1 m s-1 ) are found along the BCF
path, where salinity anomalies are also high [Fig. 2.14a].
From the salinity anomaly – ageostrophic speed diagram, it is possible to infer a positive correlation between both variables [Fig. 2.14 d]. For this calculation we exclude the data points over
the BC, where the surface velocity is well reproduced by the altimetry data and the salinity
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anomalies are high because of the proximity of the main site of SASW detrainment (Franco et
al., 2015). It is worth point that some of the scattering in this last diagram may partly relate
to the low spatio-temporal resolution of altimetry, 15 days and 40 km according to Pujol et al.
(2016).

2.4.3 BMC variability
Up to now we have mainly presented a static picture of the BMC for March 2015. However,
this is an extraordinarily variable region, mostly related to the high-frequency migrations of
the BCF, as evidenced by its displacements and meandering during the time of the cruise [Fig.
2.8]. Next, by combining the CTD and APEX-9027 profiles, we explore the temporal variability
of the thermohaline properties of the upper ocean (down to about 400-500 m) in approximately
one same location at time lapses less than 5 days; in all cases, the separation between both casts
is less than 2 km [Table 2.2, Fig. 2.15]. We consider two locations belonging to the near field
(CTD49-Apex17 and CTD47-Apex10 pairs) and one location in the outer field (CTD81-Apex 22
pair).
Table 2. 2: Pair of CTD-Apex profiles used to analyse the temporal variability at the frontal area
CTD
Apex
CTD
Apex
CTD
Apex

Station
49
17
47
10
61
22

Latitude
-54.474
-54.468
-54.795
-54.808
-52.897
-52.913

Longitude
-39.203
-39.207
-39.306
-39.292
-40.523
-40.525

Day
2015/03/18
2015/03/15
2015/03/18
2015/03/13
2015/03/19
2015/03/19

Distance (km)
20.7
21.9
21.4

The largest thermohaline changes are found between CTD49 and Apex17, in a location close
and between the BMCF and BCF [Fig. 2.15a]. The Apex17 station is only 0.7 km to the northeast
of CTD49, i.e. technically closer to the subtropical waters. However, during the three days between both casts the BCF moved significantly to the north [Fig. 2.8], in such a way that the Apex
cast ended up entirely in subantarctic (relatively fresh and cold) waters. In the pair CTD47Apex10 [Fig. 2.15b], although the time lapse and distance between both profiles is larger than
in the preceding pair, the thermohaline variations are much smaller: both profiles display similar subantarctic θ-S properties, belonging to the inner MC [Fig. 2.9]. Finally, the pair in the outer
field (Apex22-CTD61, Fig. 2.15c) belongs to a location in the border of SW-AC, separated by 1.4
km and only a few hours. Both profiles show the relatively fresh and cold characteristics of the
subantarctic waters. As expected from the short-time interval between the casts, both have the
same vertical structure and also share the existence of thermohaline intrusions; nevertheless,
these intrusions present some significant differences, the principal one being the absolute value
of the deep θ-S anomalies, which are indicative of their small horizontal extent.
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Fig. 2. 15: Comparison of potential temperature-salinity among the closest CTD (black) and APEX 9027
(blue) stations: (a) CTD49-Apex17, (b) CTD47-Apex10, and (c) CTD61-Apex22, corresponding to the three
pairs in Table 2.2.

Garzoli and Garraffo (1989) have suggested that the thermohaline variability depends on the
sampling position relative to the BCF. Latitudinal changes in the position of the BCF have
been observed at annual and semiannual periods while zonal migrations have been detected
at higher frequencies (3-5 months) (Ferrari et al., 2017). Superimposed on these low-frequency
motions, shorter spatio-temporal changes can happen in weeks or even days (Legueckis and
Gordon, 1982). The displacements and meanders of the BCF also affect the salinity structure of
the BMC, especially near the 500-m isobath (Provost and Le Traon, 1993), as is the case for the
pair CTD49-Apex17. This situation is even more complex during north-easterly winds, when
river waters are exported over the frontal jet. On the other hand, the variability is maximum at
the subsurface frontal layers, between 100 and 300 m, particularly in the northern side of the
front, due to the presence of both mesoscale and submesoscale intrusions (Orúe-Echevarría et
a., 2019b).

2.5 Conclusions
The dataset gathered during the TIC-MOC cruise provides a general hydrographic context of
the Brazil-Malvinas Confluence (BMC) for late/early summer/fall 2015. During this time, the
region is characterized by the convergence of the Malvinas (MC) and Brazil (BC) currents at approximately 39o S, along the 1000 m isobath, and their posterior offshore diversion in the form
of a high-velocity frontal jet. The southern position of the BMC over the shelf break responds to
its inter-annual variability (Olson et al., 1988; Wainer et al., 2000; Goni and Wainer, 2001). The
Subantarctic Front (SAF) only reached 40o S, reflecting the exceptional southern position of the
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front in 2014-2015 (Ferrari et al., 2017). The confluence of the two western boundary currents
brought about numerous mesoscale features, the most notorious ones being an intense anticyclonic eddy at 41o S-55o W and a cyclonic ring at 41.5o S-51.4o W. This general surface overview
is well captured by both the satellite images and the eddy-resolving Mercator reanalysis.
Overall, the southern margin of the BMC front is dominated by fresh, cold and nutrient-rich
Malvinas waters, whereas the northern region is depicted by warmer, saltier and nutrient-poor
subtropical waters advected within the BC. The frontal region is characterized by an abrupt
transition in almost all sampled properties – potential temperature, salinity, dissolved oxygen,
inorganic nutrients – and by the presence of intense eastward velocities. The BMC frontal system is approximately normal to the slope, with the less dense BC waters overriding heavier
MC waters; at the front, the subantarctic waters are diverted offshore while simultaneously
penetrate northward under the subtropical waters.
The CTD vertical sections and profiling floats have reveal the complex spatial structure of the
frontal area, with thermohaline intrusions on both sides the front, being less common as the
front flows eastward, where it is completely developed and has a sharper structure. These data
also reveal the presence of important amounts of brackish shelf water on top the frontal area,
which is related to the along-shelf wind regime. These surface waters reach maximum eastward
velocities, up to 1.0 m s-1 , which are not in geostrophic balance.
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Fig. S.2. 1: Evolution of the ADT and SST fields from late January to early March 2015 in the BMC.
Black dots indicate the position of the TIC-MOC hydrographic stations.
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Fig. S.2. 2: Evolution of the SST and SSS fields during the TIC-MOC cruise as deduced from the reanalysis data. The black dots indicate the position of the TIC-MOC hydrographic stations.
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Abstract
The Brazil-Malvinas Confluence arises from the frontal encountering of the subtropical Brazil
Current (BC) and subantarctic Malvinas Current (MC). It displays a complex regional circulation that is accompanied by mesoscale features and thermohaline intrusions. Here we combine
altimetry and cruise data to describe the circulation pattern in the upper 2000 m at two spatial
scales encircling the frontal system. The major regional features appear south of the Confluence latitude at 39-40o S: (a) a relatively weak MC near (41o S, 56o W) (28.3 ± 1.4 Sv) followed by
its cyclonic retroflection, (b) an intense subtropical anticyclone (59.3

± 10.7 Sv) that replaces

the BC overshoot, and (c) a very intense subantarctic inflow (78.9 ± 13.7 Sv) near 53o W that is
maintained through both an upstream (near 42o S) earlier diversion of the MC and the cyclonic
recirculation of the flow exiting east along the Confluence. North of the Confluence, the BC
provides a net input of 30.8

± 12.0 Sv (29.1 ± 8.3 Sv along the slope). The southern inflow

splits nearly equal between barotropic and baroclinic contributions while the entire northern
flow is essentially baroclinic. These northern and southern inputs add to an eastward alongfront transport of 109.7 ± 15.1 Sv, with significant contribution of highly-oxygenated, relatively
fresh Subantarctic Mode and Antarctic Intermediate Waters (58.7

± 5.6 Sv). The regional cir-

culation experiences substantial temporal variability, with southern waters flowing into the
BMC through along-slope and interior pathways and partly recirculating within the subtropical South Atlantic gyre.

Inverse modelling the BMC

3.1 Introduction
An outstanding regional feature in the world ocean is the collision of the Brazil and Malvinas
Currents (BC and MC), two major western boundary currents that carry waters of subtropical
and subantarctic origin. The outcome of this encounter is a very intense thermohaline frontal
system, the Brazil-Malvinas Confluence (BMC), with possibly the highest temperature horizonal gradients in the open ocean. The characteristics of the BMC, as for any frontal system,
will depend on the relative effect of the advective and diffusive processes: the intensity of the
impinging currents, as the element that brings together waters with contrasting characteristics, and the cross-frontal exchange, as the process that tends to dilute the differences in water
properties.
Current descriptions of the BMC circulation pattern rely on remote sea surface temperature
(SST) and altimetry data, hydrography and velocity data from shelf and slope moorings, and
relatively low-resolution hydrographic data from regional cruises. The BMC mean position is
about 38o S, with a seasonal cycle of nearly 3o along the continental shelf break, reaching its
northernmost position during austral winter (Gordon and Greengrove, 1986; Goni and Wainer,
2001; Saraceno et al., 2004; Goni et al., 2011). The MC runs north along the Argentinean slope
until the BMC, where it sharply turns south as the Malvinas Return Current (MRC) (Piola et
al., 2013) before finally flowing east at about 45o S (Peterson and Whitworth, 1989). The BC also
follows close to the slope until the BMC, where it separates from the continent and continues
at the eastern side of the MRC, drawing a loop known as the Brazil Current Overshoot (BCO)
(Saraceno et al., 2004). Parts of the MRC and BCO continue eastward at about 40o S as the South
Atlantic Current (SAC) while other portions recirculate north to feed back the latitudinal flows
into the BMC (Stramma and Peterson, 1990).
Several studies have analysed the mean intensity and variability of the MC and BC. Early estimates of the MC – assuming the current is in geostrophic balance – ranged between 5 and 15
Sv (1 Sv = 106 m3 s-1

∼
= 109 kg s-1 ) (Gordon and Greengrove, 1986; Garzoli, 1993). However,

these estimates did not consider a substantial barotropic contribution. Studies that combine
hydrographic or altimetry data with direct current measurements have indeed reported higher
transports, in the 35-60 Sv range (Peterson, 1992; Saunders and King, 1995; Vivier and Provost,
1999a; Spadone and Provost, 2009). Artana et al. (2018) combined 25 years of altimetry and
mooring data to obtain a transport of 37.1

± 6.6 Sv, with several instances of transports grea-

ter than 50 Sv. In contrast, most of the mean BC transport is baroclinic (Matano et al., 2010),
so different geostrophic calculations have provided more consistent numbers. The BC volume
transport generally increases with latitude, as a consequence of water recirculation within the
subtropical gyre: 10 Sv at 24o S (Stramma, 1989), 20-30 Sv at 32o S (Zemba, 1991; Garzoli et al.,
2013; Schmid, 2014) and 20-40 Sv at 38o S, close to the BMC (Gordon and Greengorve, 1986;
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Garzoli and Garraffo, 1989; Garzoli, 1993; Maamaatuaiahutapu et al., 1998; Piola and Matano,
2001).
Contrasting with the above extensive descriptions of the MC and BC, there are fewer studies on
why and how the BMC frontal system becomes unstable and, particularly, on how this instability leads to cross-frontal exchange. At the locus of the collision, the BMC generally appears as
one single frontal system, commonly named BMC front; on the leeside of the encounter, however, there are two well-differentiated fronts: the Subantarctic Front (SAF), as the northernmost
front associated to the Antarctic Circumpolar Current (Orsi et al., 1995; Artana et al., 2016), and
the Brazil Current Front (BCF), which sets the southern limit of the BC (Peterson and Whitworth, 1989). The latitude and longitude of these fronts changes continuously in time, at scales
that vary from weeks to years. Several recent studies have identified the existence of two opposite regimes in the BMC – named weak and strong Malvinas flow – which are expressed in
terms of the intensity of the along-slope MC near 41o S (Artana et al., 2018; Ferrari et al., 2017,
Paniagua et al., 2018). During the weak Malvinas regime, the SAF does not reach 41o S over the
slope, the BCF overshoots as far as 44o S and the eddy kinetic energy (calculated at time scales
less than 20 days) increases; during the strong Malvinas regime, the SAF and BCF meet near
39o S along the slope, the BCO breaks down as an isolated anticyclone, and the eddy kinetic
energy decreases. Despite this useful idealization, the time series of sea-surface altimetry show
that the actual state at any time is quite complex (Ferrari et al., 2017), some sort of combination
of both longitudinal and latitudinal dipoles (and even tripoles) that results in a highly variable
and difficult to interpret pattern of mesoscale and regional recirculations.
Our lack of understanding of the processes that control the patterns of regional circulation becomes even more evident when we attempt to describe those processes that lead to net exchange across the frontal system. These include the latitudinal motions of a myriad of mesoscale
features of both signs (Legeckis and Gordon, 1982; Olson et al., 1988; Lentini et al., 2006; Saraceno and Provost, 2012; Mason et al., 2017), and the subduction and thermohaline intrusions
of subantarctic and subtropical mode waters (Gordon, 1981; Provost et al., 1999; Sato and Polito, 2014). This is relevant both regionally and globally, as the outcome of the horizontal and
vertical processes at the BMC is a substantial transformation of those water masses that will ultimately flow to the North Atlantic Ocean as the returning limb of the Meridional Overturning
Circulation (MOC) (Garzoli and Matano, 2011).
The purpose of this study is to produce a detailed portrait of the frontal structure and associated surface and subsurface circulation patterns in a relatively small region encompassing the
BMC [Fig 3.1], placing this snapshot in perspective with the frontal evolution at time scales of
months. We aim at describing the specific state at the time of the cruise, not only identifying
the associated circulation patterns but also exploring what their complexity tells us about the
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frontal evolution and dominant processes. For this purpose, we combine high-resolution hydrographic and velocity data in the upper 2000 m, from a cruise carried out in March 2015,
with velocity time series for the along-slope MC at about 41o S (Ferrari et al., 2017; Saraceno
et al., 2017; Paniagua et al., 2018) and remote-sensing altimetry and temperature data over the
entire region. The baroclinic and barotropic water mass transports are calculated using inverse
models at two different spatial scales: frontal area and confluence region. The frontal area focuses on the flow at the frontal system itself while the confluence region is used to describe the
characteristics of the impinging BC and MC, as well as the MRC and BCO.
The structure of the article is as follows. The cruise and remote sensing data are introduced in
Section 3.2, and the fundamentals and application of the inverse model are presented in Section
3.3. Section 3.4 shows the surface geostrophic velocity fields and the hydrographic properties
along the frontal and confluence perimeters, and Section 3.5 presents the velocities and transports into or out of the frontal and confluence domains as deduced with the inverse model. In
Section 3.6 we compare the velocity fields as sampled with the ship and calculated with the
inverse model, provide our best estimate of the transports associated with the main flow patterns, and assess the water transformations at the frontal system. We conclude in Section 3.7
with some remarks about what we have learnt and what yet remains unknown regarding the
mean flow structure in the BMC.

3.2 Data
3.2.1 TIC-MOC cruise
The TIC-MOC cruise was carried out onboard the R/V Hespérides between 8 and 22 March
2015 [Fig 3.1]. The positioning of the hydrographic stations relative to the BMC was done using
near real-time remote sensing altimetry and temperature data (see next section), as well as oneweek-window daily forecasts of sea-surface absolute dynamic topography (ADT) and temperature, salinity and velocity at 0, 92, 453 and 1062 m, as provided by the Mercator Ocean
PSY4QV2R2 operational model, with 1/12o resolution (https://www.mercator-ocean.fr/). A
full description of the cruise methods and sampling is presented by Orúe-Echevarría et al.
(2019) and the entire dataset is available at Pelegrí et al. (2018), a summary follows.
A total of 66 hydrographic stations were done in the BMC, with 19 stations bounding the inner
part of the front (frontal area) and 28 stations delimiting a larger and more external domain
(confluence region) [Fig. 3.1]. Conductivity-temperature-depth (CTD) data were obtained with
a SeaBird 911 Plus multi-parametric probe, with duplicate salinity and temperature sensors
in order to detect any possible drift, and dissolved oxygen (DO) was sampled with a SBE-43
sensor and calibrated through Winkler titration of a selected number of samples.
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Fig. 3. 1: (a) Mean sea-surface ADT (m) in the south-western Atlantic Ocean for March 2015 and mean
surface geostrophic velocities (black arrows) together with the location of the Brazil Current Front (BCF,
blue line) and the Subantarctic Front (SAF, black line), ADT values for each of the fronts as in Ferrari et al.
(2017). The positions of the hydrographic stations are shown as blue dots.b) Location of the hydrographic
stations on top of the bathymetry (GEBCO 2008; color-coded, in m), distinguishing those stations used for
the confluence (red dots, stations 1-28) and frontal (black dots, stations 29-47) models; the north, south,
east and west positions of each perimeter are shown for reference. The predominant paths of the BC and
MC, at the time of the cruise, are sketched.(c) Mean March 2015 sea-surface winds in the study area;
the sea-surface Ekman transports (Sv) through each portion of the perimeter are indicated, with positive
values denoting transfer out of the domain. The net freshwater fluxes for the frontal (Fw,f ) and confluence
(Fw,c ) domains are shown in the upper right, with positive values denoting net transfer towards the ocean.

The frontal area is aligned with the frontal system, with a near-rectangular shape approximately 250 km x 100 km. The mean distance between stations is 30 km, although it varies from
15 km in the western section to 90 km between the two most-spaced northern stations; the
frontal stations reached down to either the seafloor over the upper slope or 400 m in the open
ocean. The confluence stations follow a nearly circular perimeter, with diameter about 500 km,
closed to the west by the continental slope. These stations stretched down to the seafloor over
the upper slope or a minimum depth of 2000 m in the open ocean, with the distance between
each pair of stations close to 45 km everywhere. For all stations, conservative temperature (θ),
absolute salinity (S) and neutral density (γn ) are calculated with 2 dbar vertical resolution.
Horizontal velocity profiles were obtained at each hydrographic station through a lowered
acoustic Doppler current profiler (LADCP). Due to the flooding of the upper-looking LADCP,
in most stations the velocity was recorded using only the 300 kHz downward looking LADCP,
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for 4-m vertical bins. Additionally, throughout the cruise, the vessel-mounted ADCP (VADCP)
continuously sampled the horizontal currents between about 20 and 700 m, using 8-m depth
bins.

3.2.2 Supplementary datasets
We use remote-sensing altimetry data in order to obtain surface velocities and locate the surface fronts. The daily ADT and corresponding surface geostrophic velocities come from the
DUACS multi-satellite 1/4o gridded delay-time product (Pujol et al., 2016), as provided by
the Copernicus Marine Environment monitoring service (http://marine.copernicus.eu/). The
mean March 2015 ADT field characterizes the surface flow at the time of the cruise and delimits the position of the SAF and BCF using the ADT definitions in Barré et al. (2011) and
Ferrari et al. (2017) – contours of +0.30 m for the BCF and -0.05 m for the SAF. We also use
Level-3 SST images from the Advanced Very High Resolution Radiometer (AVHRR) on National Oceanic and Atmospheric Administration (NOAA) satellites, with a spatial resolution of 4
km (https://data.nodc.noaa.go).
We obtain sea-surface wind stress and evaporation-precipitation (E-P) data (spatial resolution
0.75o x 0.75o ) from the European Centre for Medium-Range Weather Forecasts,
(https://www.ecmwf.int/). From the wind stress we calculate the Ekman transports T E into
or out of either the frontal or confluence domains; similarly, from the E-P values we compute the freshwater transports Fw for either dominion [Fig. 3.1c]. Additionally, the March 2015
monthly-mean freshwater discharge by La Plata River is estimated at 14,600 m3 s-1 , as reported
by the Argentinean hydrological service (Goniadzki et al., 2015).
We also consider Argo float trajectories from 2005 to 2018 provided by the Coriolis Global
Data Acquisition Center of France (http://www.coriolis.eu.org/). These floats travel at 1000 m
and, every 10 days, perform a CTD profile between 0 and 2000 m and transmit these data and
position.
Finally, our analysis will benefit from recent reports of velocity time series during 2014-2015
at several cross-slope moorings near 41o S, which sampled the along-slope MC precisely at the
same location of our southwestern hydrographic stations (Ferrari et al., 2017; Paniagua et al.,
2018). The mooring data is available at Saraceno et al. (2017).

3.3 Inverse model
3.3.1 Model formulation
Under the assumption of a conservative ocean in hydrostatic and geostrophic balance, inverse
box models use direct hydrographic observations along the perimeter of an enclosed water vo135
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lume in order to estimate the ocean circulation (Wunsch, 1978, 1996). Mass conservation is the
minimum requirement, although conservation of other physical and biogeochemical properties
is often invoked.
The closed volumes for the frontal and confluence models are shown in Figure 3.1. The frontal area reaches down to only 400 m and is completely locked by the hydrographic stations;
the confluence domain reaches much deeper, down to 2000 m, but is closed to the west by the
continental slope. The underlying assumption for the confluence model is that the flow over
the slope runs approximately along isobaths, a coastal constrain that holds for poorly stratified
flow in geostrophic balance (e.g. Lee et al., 2001); this is consistent with the nearshore orientation of the BCF and SAF, which run parallel to the shelf break while crossing the confluence
perimeter. The only exception is the freshwater discharge from La Plata River, which is assumed to enter entirely through the north-western boundary of the confluence region.
We divide the water column in horizontal layers and impose mass and absolute salinity conservation, within uncertainties, for each layer and the entire water column. Between each pair
of stations, the horizontal velocity normal to the hydrographic section is the linear addition of
the barotropic or reference level velocity (b) and the baroclinic or relative contribution (ur ), the
latter inferred from temperature and salinity data through the thermal wind equation:

u(s, z) =

g
ρ0 f

Z

z

zr ( s )

∂ρ
dz + b(s) = ur (s, z) + b(s)
∂s

(3.1)

where (n, s, z are the coordinates – n pointing out from the domain, s along the perimeter
in the counterclockwise direction and z in the vertical direction – with corresponding velocity
components (u,v,w); zr is the depth of the reference level, is the water density (ρ0 is a depthmean density value), g is the gravity acceleration and f is the Coriolis parameter.
Additionally, we incorporate the mean March 2015 freshwater and Ekman transports to the
uppermost layer, in contact with the atmosphere. Either quantity is calculated as a measured
value plus a transport adjustment determined by the model, that is, TE
the Ekman transport and Fw

cE + δTE for
= T

c
= F
w + δF w for the freshwater input. Part of the freshwater

flux corresponds to precipitation minus evaporation, 34 x 10-4 Sv for the confluence region and
8 x 10-4 Sv for the frontal area; the contribution from La Plata River is 14.6 x 10-3 Sv, which
adds entirely to either domain through the shelf break. Finally, the Ekman transports along the
perimeter of the domain amount to 0.20 Sv and 0.045 Sv for the confluence and frontal domains,
respectively.
The mass and property conservation equations for each layer take the following form:
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where A h and Av respectively represent the horizontal and vertical areas enclosing an isoneutral, C is the property concentration per unit mass (C = 1 for mass), K and w respectively
are the dianeutral diffusion coefficients and velocities, and δ(C ) is a delta function equal to
one when the property is mass and zero otherwise. The overbars in the second term represent mean values at the horizontal areas enclosing the isopycnal layers. The integral accounts
for horizontal advection through the lateral limits of the domain, the second term quantifies
vertical advection and diffusion (calculated at the upper and lower horizontal areas englobing the isopycnal layer, taken as zero at the sea surface and the bottom reference isoneutral)
and the last two terms represent the freshwater and Ekman transport terms (entirely in the
uppermost isopycnal layer, elsewhere being zero). Each isoneutral or depth level is limited
laterally by either the perimeter of the domain or the continental slope, with the intersection of the isoneutrals and seafloor being determined from the World Ocean Database 2013
(https://www.nodc.noaa.gov/OC5/WOD13/). To improve the conditioning of the model, the
salinity equation is set in terms of anomalies, defined as the difference between the actual value
and the layer salinity average (McIntosh and Rintoul, 1997; Ganachaud, 2003a).
In the case of the frontal model, we define five layers using pressure levels (0-50, 50-100, 100200, 200-300, 300-400 dbar), while in the confluence box we distinguish six neutral density
layers, selected on the basis of previous studies (Ganachaud, 2003b; Jullion et al., 2010) [Table
3.1]. Although isoneutral layers appear as a more natural selection, this is unsuitable for the
frontal area simply because the densest isoneutral in the subtropical side (about 26.8 kg m-3 )
reaches very shallow in the subantarctic waters, only down to some 70 m. In contrast, the
deepest isoneutral in the confluence region (27.81 kg m-3 ) everywhere extends deeper than
about 1400 m.
Table 3. 1: Water masses in the confluence model, indicating the corresponding neutral density boundaries and model layers (STMW: Subtropical Mode Water; SAMW: Subantarctic Mode Water; AAIW:
Antarctic Intermediate Water; UCDW: Upper Circumpolar Deep Water)
Water mass
Surface water
STMW
SAMW
AAIW
UCDW

Neutral density (γn , kg m-3 )
Surface - 26.2
26.2 - 26.8
26.8 - 27.2
7.2 - 27.55
27.55 - 27.81

Layer
1
2
30
4
5-6
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The above partitioning results in six/seven domains for the frontal/confluence models (five/six layers plus the entire domain from the sea-surface to the deepest interface). Considering the number of domains and properties, the frontal/ confluence model consists of 12/14
equations (halved between mass and salt anomaly conservation). The 19/28 stations in the
frontal/confluence model lead to 18/27 reference velocities, plus 4/5 dianeutral velocities and
diffusion coefficients (one for each internal division of the domain) and the freshwater and
Ekman transport adjustments. The system is solved using a Gauss-Markov estimator, a method that uses a priori variance information for each unknown [Table 3.2] in order to produce a
minimum error-variance solution with uncertainty estimates (Wunsch, 1996).

3.3.2 Unknowns and uncertainties
The reference level for the thermal wind equation is often set at a boundary between two water
masses of different origin, which are expected to flow in different directions, where the horizontal velocity is possibly small. However, the BC flows south from the surface down to some
2000 m (Peterson, 1992) and the MC displays a northward flow over the entire upper slope (Artana et al., 2018a). Therefore, we do not expect stable flow reversals within the vertical range
of the frontal and confluence models, which burdens setting a proper reference level. Hence,
we select the deepest possible reference-velocity level and allow for potentially high reference
velocities: for the frontal model we choose 400 dbar, which is the deepest common level to all
stations, while for the confluence model we select the deepest common isoneutral in the domain, 27.81 kg m-3 , at the base of layer 6 varying between about 1400 and 2000 m [Table 3.1];
note that the seafloor becomes the reference level in those slope areas where the water depth
or isoneutral reference is not found. The possibility of high reference level velocities is fixed
through a relatively large a-priori standard deviation, set at 0.3 m s-1 for both the frontal and
confluence domains [Table 3.2].

Table 3. 2: A priori information on the reference-level velocity (b), vertical diffusion coefficient (K),
vertical velocity (w), and freshwater (δFw ) and Ekman (δTE ) adjustment transports for both the confluence
and frontal models)

Variable
b (m s-1 )
K (m2 s-1
w (m s-1 )
δFw (Sv)
δTE (Sv)

Initial value
0
0
0
mean March 2015 value
mean March 2015 value

Standard deviation
0.3
10-2
10-5
50 % mean March 2015
50 % mean March 2015

The initial dianeutral-velocity estimate at each interface layer is assumed to be zero. Since we
are in a region with numerous intrusions and intense mixing, we expect high dianeutral veloci138
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ties and diffusion coefficients, at least as large as what has been inferred by other authors in an
analogous but more extense geographical domain (Jullion et al., 2010). Hence, we allow fairly
high values for the a priori uncertainties of all these variables [Table 3.2]. Finally, the initial
estimates for the Ekman and freshwater transports are set to the mean March 2015 values, and
the corresponding a priori errors are taken as 50 of these mean values [Table 3.2].

3.3.3 Transport constraints
Several studies have emphasized the barotropic or barotropic-equivalent (considering a 1.5
reduced gravity model) character of the MC (Peterson, 1992; Vivier and Provost, 1999a,b; Piola
et al., 2013). Spadone and Provost (2009) and Ferrari et al. (2017) have shown that the ADTderived surface geostrophic velocities are in good agreement with near-surface measurements
from moorings, confirming that the entire water column moves in approximate geostrophic
balance. This result has been used in several studies to estimate MC transports in the top 1500
m of a section which approximately overlaps our first three stations (Vivier and Provost, 1999a;
Spadone and Provost, 2009; Artana et al., 2018).

Fig. 3. 2: (a) Standard deviation between the inverse-model and altimetry-geostrophic velocities along
the confluence perimeter as a function of northward transports in the along-slope MC (stations 1-4) and
in the middle of the southern dipole (stations 8-12). (b) Sea-surface velocities from altimetry (black line)
and the best-fit inverse model (blue line). The abscissa represents station pairs, so that j identifies the flow
between stations j and j+1 in Figure 3.1; negative values represent flow into the confluence domain.

We have looked at the VADCP data along the confluence perimeter to further confirm the goodness of referencing to the altimetry-inferred velocities. A comparison of both velocity fields
shows fairly good agreement (the standard deviation is 0.16 m s-1 in the top 700 m) [Fig. S3.1
and Table S3.1, Supplementary Materials]; Paniagua et al. (2018) obtained similar results when
comparing in-situ mooring data with altimetry surface velocities across the MC during 2015.
However, the ADCP data are much noisier than the altimetry-inferred velocities, reaching ma139
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ximum values over the central portion of the eastern part; these peak values are associated with
a filament of brackish waters stretching along the frontal zone, which is very likely not in geostrophic balance. Based on these results, we have decided to set the reference level velocities for
the confluence model using the information that arises from the sea surface altimetry. Notice
that the LADCP data will be used later, to assess the velocities obtained with the inverse model
over the entire water column [Section 3.6.1].
Consequently, we constrain the southern flow into the BMC in such a way that the inverse
model leads to surface velocities that best fit the altimetry-inferred surface field (at the time of
each pair of hydrographic stations). Specifically, we set the integrated transports within those
stations where the altimetry-inferred flow is northward – stations 1-4 for the along-slope MC
and stations 8-12 in the middle of the southern anticyclonic-cyclonic dipole [Figs. 3.1 and 3.2]
– which then translates into the γn =27.81 kg m-3 surface reference velocities. The minimum
standard deviation corresponds almost exactly to an along-slope MC of 30 Sv and a northward
transport of 135 Sv associated to the southern dipole [Fig. 3.2a].
Finally, with the help of the March 2015 mean ADT field [Fig. 3.3], we link the inflow to the
frontal area (recall it reaches down to only 400 m) with the water entering the confluence region
through the top 400 m. The transports through the upper 400 m of the confluence perimeter
are calculated with the velocity fields from the inverse model. We then assume that the ADT
contours coincide with the depth-integrated streamlines, i.e. the surface connections remain
equal at depth (Vivier and Provost, 1999a), and use selected ADT values to connect the flow
through the confluence and frontal perimeters. The contours selected are the SAF (0.05 m) and
the 0.25-m for the MC inflow, and the BCF (0.30 m), 0.57-m and 0.90-m contours for the BC
inflow [Fig S3.2 and Table S3.2, Supplementary Materials]. In all cases we allow an a priori
uncertainty of 1 Sv.

3.4 Hydrographic description
3.4.1 Surface circulation
The mean March 2015 sea-surface ADT is characterized by the strangling of the northern portion of the MC, with a significant zonal turn near 42o S, and the double meandering of the BCF,
so that the original BCO breaks into a large anticyclonic warm eddy (SW-AC, centred at about
42.0o S, 54.0o W) and a warm ridge located further east (along about 49-50o W); these two ADT
highs englobe an elongated subantarctic cyclonic eddy (SE-C, centered at about 41.5o S, 51.0o W)
[Figs. 3.1a and 3.3]. In the subtropical side of the frontal system, there is another anticyclonic
eddy (NE-AC, centred at about 38.5o S, 51.0o W). It is worth emphasizing that all three eddy
centers are crossed by those hydrographic stations comprising the confluence perimeter.
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Fig. 3. 3: (Left) Mean sea-surface ADT (color-coded, in m) and surface velocities in the BMC for March
2015; the black arrows are the velocity vectors as inferred from altimetry and the white arrows denote the
velocity vectors at each hydrographic station (blue dots) as obtained from the vessel’s LADCP. The black
and blue thick lines show the position of the SAF and BCF while the thin magenta, blue and black lines
indicate the 0.25, 0.57 and 0.9 m ADT contours, respectively. The southwest anticyclone (SW-AC), southeast cyclone (SE-C) and northeast anticyclone (NE-AC) are identified. (Right) SST image for 17 March
2015, together with the 0-700 m depth-averaged VADCP velocity (white arrows) along the vessel’s trajectory. The blue dots indicate the location of those stations used to analyse mixing fractions, and BC/MC
indicate the positions of those stations used as reference BC/MC water types.

The two southern eddies (SW-AC and SE-C) behave as a non-isolated dipole, with a large fraction of water revolving around each eddy and another substantial fraction arriving into or
departing from the mesoscale feature [Figs. 3.1a and 3.3]. Regarding the SW-AC, its western
flank shows water input from the BCF and output towards the south while its eastern flank has
water input from the south and output into the BCF. Analogously, the SE-C feeds partly from
water arriving from the south along its western side and partly from water flowing east along
the BCF; again, the surface flow associated to the SE-C does not close on itself, as some of it
follows south along its eastern margin, away from this cyclone.
A sequence of ADT images prior to the cruise helps appreciate the temporal evolution of the
mesoscale features and associated pathways [Fig. 3.4]. By the end of January, the SAF appeared
as a wide wedge of low ADT values and the MRC-BCO were well defined, corresponding to
a characteristic condition of intense MC transport at 41o S (Artana et al., 2018). In contrast, during the second half of February the MRC-BCO flow was disconnected from the frontal system,
forming a very large anticyclone. In early March, this large anticyclone broke into two anticyclone structures and the eastern ADT trough became more intense, setting up the dipole that
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characterizes the weak MC condition at that latitude (Artana et al., 2018).

Fig. 3. 4: Sea-surface ADT maps (m), weekly from 27 January till 10 March and every three days from
10 March to 16 March, together with the position of the SAF and BCF (black lines).

Considering that the MRC cyclonic (and BCO anticyclonic) recirculation extends far south,
around an ADT ridge that stretches all the way to about (46o S, 50o W) [Fig. 3.1a], the northward
flow along the western margin of the SE-C should belong to a much earlier extension of the
MRC-BCO southward flow. Indeed, a surface flow of 0.4 m s-1 would transit a 1000 km southnorth pathway around this anticyclonic high in about one month. The likely evolution is that
of an intense MC and MRC-BCO until mid-February, with high northward and southward
flows at least between 45o S and 41o S. In late February, the along-slope MC weakened at higher
latitudes as an eastern diversion appeared near 45o S that connected with the intense interior
northward flow near 53o W (through the middle of the dipole); we will come back to these ideas
in Section 3.6.2.
142

Inverse modelling the BMC

3.4.2 Water masses and vertical sections
Six water masses appear in the upper 2000 m of the BMC (Maamaatuaiahutapu et al., 1992)
[Fig. 3.5]. In the surface layers of several stations we find low salinity and warm waters with
a substantial contribution from La Plata River. In the thermocline and intermediate layers we
identify four water masses [Table 3.1]: salty and warm Subtropical Mode Water (STMW, S =
36-37 g kg-1 , θ = 15-23o C, γn = 26.2-26.8 kg m-3 , z ∼
= 50-300 m), fresh Subantarctic Mode Water

∼
= 34.4 g kg-1 , θ = 5-8o C, γn = 26.8-27.2 kg m-3 , z ∼
= 100-650 m), fresh and cold
-1
o
Antarctic Intermediate Water (AAIW, S ∼
= 34.3 g kg , θ ∼
= 3 C, γn ∼
= 27.2-27.55 kg m-3 , z ∼
=
-1
∼
800-1500 m), and low-oxygen Upper Circumpolar Deep Water (UCDW, S = 34.7 g kg , θ ∼
=
o
n
-3
2.8 C, γ ∼
= 27.55- 27.92 kg m ). Below 1800 m, but only in station 4 and within the SE-C, we
find North Atlantic Deep Water (NADW, S >34.8 g kg-1 , θ = 2.0-3.5o C, γn >27.92 kg m-3 ).
(SAMW, S

Fig. 3. 5: Conservative temperature – absolute salinity diagrams for the frontal and confluence domains: (a) the frontal diagram includes data from
100 to 400 m while (b) the confluence diagram uses
all data between 100 and 2000 m (the inner panels
include data in the top 100 m). The plots are colourcoded with depth (m), with the grey lines showing
the isopycnals (kg m-3 ) that approximately delimit
the water-mass layers used in the confluence model.

Asides the surface waters, in the entire domain there are subantarctic mode and intermediate
waters plus UCDW, with an abrupt transition from subantarctic (fresher, colder and denser) to
subtropical (warmer, saltier and lighter) waters across the BMC. This transition is clear in the
distribution of temperature and salinity along vertical sections following the perimeters of the
frontal and confluence domains [Fig. 3.6; recall that the 400-m deep frontal perimeter closes
on itself while the 2000-m deep confluence perimeter remains open along the shelf break].
Considering this distribution of water masses, we may safely say our inverse-model transports
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encompass all surface, mode and intermediate waters plus most of the UCDW.
In the frontal area [Figs. 3.6a,b], the southern rim is dominated by subantarctic waters, the northern edge by subtropical waters, and the eastern and western sides display a remarkably steep
frontal structure (the slope of the 26.8 kg m-3 isoneutral is about 10-2 ). The entire area presents
a very shallow (everywhere less than 10 m) warm and relatively fresh layer (temperatures over
15o C and salinities less than 34 g kg-1 ), caused by the runoff from La Plata River. Additionally,
the upper waters of the subantarctic side reflect summer warming, that is, temperatures over
7.5o C down to about 50 m, and the frontal system displays thermohaline intrusions of cold
subantarctic waters at different levels, particularly intense near the slope.

Fig. 3. 6: (a, c) Vertical sections of conservative temperature θ (o C), and (b, d) absolute salinity S (g kg-1 ),
for the (a, b) frontal and (c, d) confluence models. The white lines represent the isoneutral water-mass
boundaries used in the confluence inverse model and the black dots indicate the data points, and the
water masses are labelled according to the boundary definitions in Table 3.1. The southern, eastern and
northern edges follow those sectors shown in Figure 3.1b, and the approximate extent of the mesoscale
eddies is indicated.

The temperature and salinity distributions along the perimeter of the confluence region delimit
the vertical extensions of the STMW, down to 26.8 kg m-3 or about 600 m. The subantarctic
waters along the southern edge of the confluence domain are crossed by the large SW-AC
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(diameter about 200 km), which is almost entirely formed by STMW; the 26.8 kg m-3 isoneutral
in this eddy is somewhat shallower, about 400 m, which is the same depth reached by this
isoneutral in the frontal area. The MC (stations 1-4) is mostly occupied by AAIW and UCDW
(from about 200 to 1700 m), showing (θ, S) values similar to those characterizing weak MC
conditions (Paniagua et al., 2018). The eastern cyclone (SE-C), of subantarctic origin, appears
relatively isolated during the cruise but the time sequence of ADT images [Fig. 3.4] shows that
it belongs to an earlier northward return of the MRC; its long transit over the region is reflected
by a relatively deep, warm and fresh surface layer.
The vertical section along the confluence perimeter also shows that all deep isoneutrals follow
the same shape as the 26.8 kg m-3 isoneutral, that is, replicating the base of the STMW down to
at least 2000 m. This is consistent with the idea that these subantarctic waters have a relatively
small baroclinic contribution. This is true even in the north-western end of the perimeter, where
the modal and intermediate waters shallow towards the slope, suggesting the existence of a
southward along-slope flow at these deep levels.

3.4.3 Baroclinic transports
We may calculate the geostrophic transports in and out the frontal and confluence domains
without use of the inverse model, that is, maintaining null reference velocities and vertical exchange. The net transport imbalances into either domain will indicate the size of the transports
that need to be accommodated by the inverse model.
We use the BCF in order to partition either perimeter into two segments (south and north of the
BCF) where the water flow is of southern and northern origin. For each segment and layer, we
separately add up all water transports in and out of the domain (recall positive values represent
flow divergence; Fig. 3.7); the transports entering each segment will provide our first estimate
of the baroclinic transports by the MC and BC in the upper 2000 m of the water column.
In the frontal model, the depth-integrated inflow (outflow) is -2.5 Sv (6.3 Sv) for the southern
segment and -5.4 Sv (1.7 Sv) for the northern segment, for net imbalances of 3.8 Sv and -3.7
Sv, respectively. In the confluence model, the depth-integrated inflow (outflow) is -49.1 Sv (71.4
Sv) for the southern segment (most of it in the AAIW stratum) and -45.6 Sv (38.4 Sv) for the
northern segment (dominated by the surface and STMW strata), for net imbalances of 22.2 Sv
and -7.2 Sv, respectively. The total imbalance for the entire frontal area is very small, only 0.2
Sv, while for the confluence region it is 15.0 Sv (10.6 Sv in the SAMW and AAIW layers). The
large input-output differences through the southern and northern segments of the frontal and
confluence perimeters are difficult to justify. Further, the imbalance for the confluence model
doubles the water inflow associated to the along-slope MC. Both discrepancies plenty justify
the use of the inverse model.
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Fig. 3. 7: Baroclinic mass transports in the (a) frontal and (b) confluence models. The transports are
calculated independently for the southern (blue) and northern (red) segments, which are separated by
the BCF. Further, all flow into and out of the box is computed separately, with negative (positive) values
indicating the flow entering (leaving) the domain; the dashed lines (blue for the southern segment and red
for the northern segment) represent the differences between the flow leaving and entering each domain.
The black line represents the net transport for the entire box.

3.5 Model results
We now turn to the results of the inverse model for both the confluence and frontal domains. In
either case we present the velocities normal to the perimeter [Fig. 3.8] as well as the transports
into or out of the domain and the transports accumulated along the perimeter [per layer and
total, Figs. 3.9 and 3.10].

3.5.1 Confluence model
Water enters the confluence region via both the MC in the southwestern edge and the BC in
the northern side, and output occurs at the southern and southeastern margins [Fig. 3.8c]. The
pattern of water inflow and outflow in the southern side actually reflects the existence of the
along-slope MC, the recirculations associated with the SW-AC and SE-C dipole, and the southern sources and sinks for this dipole [Fig. 3.3]. The reference velocities at 27.81 kg m-3 are
fairly large in all stations south of the BCF (up to about 0.4 m s-1 in stations 8 to 11), with
negative values (water input) in those places where northward transport is imposed (stations
1-4 and 8-12) [Section 3.3.3] and positive values elsewhere, confirming the barotropic character
of the MC and associate recirculations. In contrast, the reference level velocities are small for
all stations north of the BCF, indicating that most of the transport associated with the BC is
baroclinic in the upper 2000 m [Fig. 3.8d].
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Fig. 3. 8: Vertical distribution of the inverse-model velocity through the along-perimeter section for the
(a) frontal and (c) confluence models. Reference-level velocities along the perimeter for the (b) frontal (at
400 m) and (d) confluence (at the 27.81 kg m-3 isoneutral) models. Negative/positive (blue/red) values
denote inflow/outflow velocities. The southern, eastern, northern and western edges (the latter only for
the frontal area) follow those sectors shown in Figure 3.1b, and the abscissa represents stations pairs, as
in Figure 3.2.
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The vertical velocities range between 10-7 and 10-6 m s-1 , leading to relatively minor vertical
mass transports between adjacent layers [Fig. S3.3, Supplementary materials]. The largest vertical transport takes place from the SAMW to the AAIW layers, accounting for 1.2

± 1.5 Sv;

however, because of the large a priori uncertainties, it is not significant. The vertical diffusion
coefficients, which cause no water transport but do contribute to the salt balance, are on the
order of 10-5 m2 s-1 , neither significant [Fig. S3.3, Supplementary materials].

Fig. 3. 9: Mass transports in the (a) frontal and (b) confluence models as deduced from the inverse model
(notation as in Figure 3.7).

We can use the BCF to distinguish between the transports associated to the MC and BC for each
segment and layer [Fig. 3.9b]. The mass conservation condition is fulfilled for every layer, the
transport uncertainties are larger than the residuals, though barely in the SAMW and AAIW
layers. The total imbalance for the confluence region is -0.01 Sv. The very large southern transports in the AAIW, and to a lesser degree in the SAMW and UDCW layers, are a reflection of
the recirculations associated with the two eddies south of the BCF. The net transports (inflow
minus outflow) are relatively small for each segment and layer, always less than 2 Sv except in
the southern segment for the AAIW, where there is a net inflow of 6.5 ± 2.0 Sv. In the northern
segment, the largest transports occur in the top two layers (surface and STMW), although the
largest imbalance is for AAIW, with a net loss of 3.1 ± 2.8 Sv.
These results are complemented with the cumulative transports per layer, starting at the southwestern corner [Fig. 3.10b; recall that there are no stations along the shelf break]. The MC contributes with 28.3

± 1.4 Sv along the slope and there are as much as 87.6 ± 10.6 Sv flowing

south along the western margin of the SW-AC. Assuming that the flows are connected and in
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steady state, the difference between these two values tells us the maximum water transport that
recirculates within the SW-AC, 59.3 ± 10.7 Sv; note that this is a maximum value because some
water may continue further south, away from the anticyclone. Further east, along the eastern
(western) side of SW-AC (SE-C), there is a northward transport of 138.2

± 1.0 Sv. Subtracting

the maximum water recirculating within the SW-AC, this gives an additional inflow of at least
78.9 ± 13.7 Sv, possibly even more. The major contribution to water transport in this southern
segment corresponds to AAIW, accounting for about 40 % of the total transport at each location.

Fig. 3. 10: Accumulated mass transports, per layer and total, for the (a) frontal and (b) confluence
models. The transports for the several frontal and confluence layers are color-coded with negative values
indicating transports into the box. The southern, eastern and northern edges follow those sectors shown
in Figure 3.1b.

± 6.2 Sv; however, because of a local cyclonic
recirculation (5.1 Sv), the net inflow accounts for only 30.8 ± 12.0 Sv, with an along-slope input
North of the BCF, there is a total inflow of 35.9
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of 29.1 ± 8.3 Sv [Fig. 3.10b]. This net transport is split, roughly in equal parts, among subtropical (STMW) and subantarctic (SAMW and AAIW) waters. The southern (78.9 Sv) and northern
(30.8 Sv) net inflows are eventually drained out of the confluence region through the eastern
border, with a total of 109.7

± 15.1 Sv. Part of this eastward flow will continue northward as

the BC offshore recirculation, another will form the SAC and continue eastward and another
one flows southward and feeds the SE-C as will be discussed in section 3.6.2.

3.5.2 Frontal model
Water enters the frontal area via the MC in the western half of the southern margin and via
the BC in the western and, to a lesser degree, northern borders; the outflow takes place mostly
through the eastern half and, to a lesser degree, through the eastern portion of the southern and
northern sides [Fig. 3.8a]. The reference velocities are fairly large in stations 28-32, influenced
by the MC, and stations 41-44, forced by the BC; they also reach large values in some of the
southeastern and eastern stations, where intense outflow takes place.
The inverse model also shows that the vertical velocities are of order 10-7 m s-1 , leading to
non-significant net vertical mass transports between adjacent layers [Fig. S3.3, Supplementary
materials]. The vertical diffusion coefficients are on the order of 10-4 m2 s-1 , again not significantly different from zero (not shown).
We again use the BCF to quantify the transports associated to the MC and the BC segments,
in and out per segment and layer [Fig. 3.9a]. The main exchanges with the confluence region
occur in the top 200 m. Mass output is higher than input along the southern flank while the
opposite occurs in the northern flank. The net imbalance for the entire frontal area is of only
-0.05 Sv.
The relatively intense recirculation pattern in the shallow frontal area arises after we constrain
the flow through the perimeter of the confluence region to follow the ADT-streamlines into the
frontal boundary [Section 3.3.3]. Without this constraint the southern and northern inputs into
the frontal area were 2.0 and -5.4 Sv, respectively [Fig. 3.7]. After constraining the flow with the
help of the mean March ADT, these transports increase largely, with a southern input of 6.6 ±
1.5 Sv and a northern contribution of 15.9 ± 0.8 Sv [Fig. 3.9].
The cumulative transports provide a complementary view of the exchange of water within
the frontal area [Fig. 3.10a]. Beginning at its southwestern corner, after an input of 5.9

± 1 Sv

± 1.7 Sv in the southern and eastern
borders. This difference is accounted by inflow through the northern (5.7 ± 1.5 Sv) and western
(10.4 ± 0.9 Sv) sides. About half of the input/output occurs in the top 100 m and the other half

through the southern border, there is an outflow of 21.9

is split roughly equal in the 100-200 and 200-400 m levels.
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3.6 Discussion
3.6.1 Comparison of inverse model and ADCP fields
One natural alternative to the inverse model would be the ADCP data. However, these measurements may incorporate large errors in areas of weak acoustic backscattering, such as in the
deep ocean, or high instrumental tilt (heading, pitch and roll), as in the presence of strong currents (e.g. King et al., 2001; Ott, 2002; Polzin et al., 2002; Thurnherr et al., 2017). Nevertheless,
since the inverse model solution has been possible with no need of in-situ velocity measurements, it is appropriate to compare the inferred velocity fields with both the LADCP and
VADCP values (the latter in the top 700 m).

Fig. 3. 11: Velocity samples from three station pairs: baroclinic contribution referenced to the 27.81 kg
m-3 isoneutral (black) and inverse model (blue) velocities at the mid-point between both stations; normalto-section velocities with the LADCP at both stations (red) and with the VADCP at both stations and the
central point (green, darker green for the midpoint profile).

For the model-measurement comparison, we must keep in mind that inverse-model velocities
are calculated at the mid-points between hydrographic stations, the LADCP velocities are at the
stations and the VADCP provides near-continuous values along the ship track. In Figure 3.11
we compare the velocities for selected stations in the southwestern (3-4), eastern (15-16) and
northwestern (24-25) edges of the confluence model. In each case we have up to seven velocity
profiles: the baroclinic contribution (determined through the thermal wind equation with zero
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reference velocity) and the inverse model prediction at the midpoint between stations, LADCP
data at the two adjacent stations and the VADCP data computed both at the stations and at
the midpoint (for the comparison we always use the component of the LADCP and VADCP
velocities normal to the section).
The results in Figure 3.11 illustrate the type of discrepancies among the several datasets and the
model, showing the potential limitations if we were to use only the ADCP measurements. The
VADCP velocities are always the noisiest. Most remarkable, we find several instances where
the velocities are substantially different when sampled at one same location with different instruments (e.g. stations 24-25) or when sampled at adjacent locations with one same instrument
(e.g. VADCP in stations 15-16 or LADCP in stations 3-4).
Using the normal-to-section LADCP velocity component, we may construct velocity sections
that are suitable for direct comparison with the inverse model velocities [left panels in Figs.
3.12a,c]. The LADCP velocities reproduce the same patterns as deduced with the inverse model
but with generally higher speeds, particularly in the eastern section. The velocity difference
between the LADCP and the model is rather intermittent, with a standard deviation of 0.1 m
s-1 , although the velocity difference in the eastern section can locally be as large as 0.4 m s-1
[right panels in Figs. 3.12a,c].
The LADCP velocity near the reference level [Fig. 3.12b, d] is calculated as the average velocity
in the 360 to 400 m range along the frontal perimeter and within 200 m from γn = 27.81 kg m-3
along the confluence limit. Despite the LADCP and model velocities display similar spatial
trends, there are large differences in the western and eastern transects of the frontal model [Fig.
3.12b] and in the eastern transect of the confluence model [Fig. 3.12d], leading to a substantial
standard deviation (0.25 m s-1 ).
The velocity differences between the model and the LADCP, throughout the entire water column and particularly at the reference level, peak in zones of high surface velocities, where
the rosette-CTD-LADCP system experienced substantial tilt and the ship drifted large distances during the cast, degrading the quality of processed LADCP velocities. This is the case in
the eastern sections of both the frontal (stations 35-36) and confluence (stations 15-16) perimeters, where the frontal area was accompanied by a swift filament of brackish waters (depths
less than 30 m). Hence, it seems plausible that these high local LADCP bottom velocities are
defective, pointing at the need of using the inverse model.
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Fig. 3. 12: Normal-to-section velocities along the (a, b) frontal and (c, d) confluence perimeters; the
southern, eastern, northern and western edges (the latter only for the frontal area) follow those sectors
shown in Figure 3.1b, and the abscissa represents station pairs, as in Figure 3.2. (a, c). The left panels
show the vertical distribution of the LADCP velocity and the right panels show the difference between
the LADCP and model velocities; the negative/positive values denote inflow/outflow velocities. (b, d)
Pseudo reference-level velocities (black line) are calculated along the perimeters as explained in the text
and compared with the model solution (blue line).

153

Chapter 3

Differences between the model and ADCP velocities may also result from the limited spatiotemporal resolution of the altimetry data (e.g. Pascual et al., 2013) when constraining the flow
or simply because the velocity field may have high non-geostrophic local contributions; for
example, both effects may add up in the relatively narrow surface brackish filament that flows
along the BCF, causing the altimetry-inferred speeds to be much weaker than the VADCP values [Fig. S3.1, Supplementary materials]. However, notice that the error in transport over a
restricted number of stations associated with a swift but shallow (<50 m) and narrow (<50
km) filament out of geostrophic balance would be relatively small (a velocity error of 0.4 m s-1
would cause a transport error less than 1 Sv), much less than the transport error for the entire
water column due to a flawed bottom velocity of only 0.1 m s-1 (for a water column of 1400 m
this would represent 28 Sv).

3.6.2 Baroclinic, barotropic and total transports
Our results for the upper 2000 m of the water column show very different situations north
and south of the BCF. North of the BCF we find the BC, a highly baroclinic current with weak
velocities at γn = 27.81 kg m-3 . Further, as the BC approaches the BMC, it experiences feeble
interior-ocean recirculations, that is, there are no cyclonic eddies north of the BCF and the anticyclonic eddies are of moderate strength. In contrast, south of the BCF we find much higher
reference velocities at 27.81 kg m-3 , reaching 0.4 m s-1 in the northward flow at the middle of
the southern dipole, confirming a very substantial barotropic contribution. Additionally, the
flow in this southern region displays intense mesoscalar structures, that is, there are several
cyclonic and anticyclonic features south of the BCF: the cyclone formed by the MC and MRC,
an anticyclone that replaces the BCO, and an interior-ocean cyclone.

Table 3. 3: Model barotropic, baroclinic and total contributions (in Sv), relative to γn = 27.81 kg m-3 , for
the major pathways reaching the confluence region (negative/positive values refer to inflow/outflow);
the transports for SW-AC and SE-C are maximum and minimum values, respectively

MC
SW-AC
SE-C
SAC
BC

Baroclinic
-13.3
30.2
-2.7
50.8
-29.0

Barotropic
-15.0
29.1
-76.2
58.9
-0.1

Total
28.3
59.3
-78.9
109.7
-29.1

Figure 3.13 shows the local transports (between each station pair) associated with each water
mass in the confluence model. These transports, which delineate the contributions by the boundary currents as well as the interior recirculations, are drawn on top of the surface geostrophic
velocity field. In this figure we have also included the barotropic and baroclinic contributions
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down to γn = 27.81 kg m-3 for the major pathways crossing the BMC: the along-slope MC and
MRC, the SW-AC, the interior northward flow through the middle of the SW-AC and SE-C dipole, the outflow along the BCF, and the along-slope inflow and interior recirculations of the
BC. These numbers illustrate the contrast between a MC with substantial barotropic transports
and a BC that is essentially baroclinic, and further emphasize the northward inflow near 53o W
and the eastward outflow along the BCF [Table 3.3].
The along-slope BC transport (29.1

± 8.3 Sv) agrees, within uncertainties, with previous esti-

mates ranging between 20 and 44 Sv (Zemba, 1991; Peterson, 1992; Maamaatuaiahutapu et al.,
1998; Garzoli et al., 2013). Most of the BC transport is baroclinic: 29.0 Sv in the upper 2000 m
as opposed to only 0.1 Sv associated with the γn = 27.81 kg m-3 reference velocity. This very
small barotropic contribution is consistent with the weak southward transport (2 Sv) obtained
by Goni et al. (1996).

Fig. 3. 13: (a) Transports per water mass and for each station pair as inferred from the inverse model.
The colour bars illustrate the partitioning of the transports among different water masses (surface, red;
STMW, orange; SAMW, blue; AAIW, green; UCDW, magenta) and the coloured numbers refer to the
depth-integrated transports between those stations where the transport changes sign. The lines depict
the major currents and the associated numbers indicate the barotropic (grey digits) and baroclinic (black
digits) contributions. The vectors (grey arrows) represent the surface geostrophic velocities as inferred
from the altimetry. (b) Scheme of the main currents (solid lines) and associate transports, together with
the proposed MC interior pathways (dashed lines); the BCF is shown as a black line.

The transport of the along-slope MC is -28.3 ± 1.4 Sv, below earlier estimates for this current,
of the order of 35-60 Sv (Saunders and King, 1995; Vivier and Provost, 1999a; Spadone and
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Provost, 2009), but not so far from the potential variability calculated by Artana et al. (2018)
from the combined analysis of 25 years of altimetry and mooring data at 41o S, 37.1

± 6.6 Sv.

The baroclinic contribution relative to γn = 27.81 kg m-3 (-13.3 Sv) is on the order of previous
estimates when assuming a level of no motion at 1400 m (Gordon and Greengrove, 1986; Garzoli, 1993), although much less than the 23 Sv estimated by Vivier and Provost (1999b) using
this same reference level. The barotropic and baroclinic contributions are fairly equal, 53 % and
47 %, in agreement with Vivier and Provost (1999b). Therefore, the constraints imposed onto
the three southwestern stations of the confluence perimeter [Section 3.3.3] reproduce correctly
the important barotropic inflow in the MC.
According to the time series reported by Artana et al. (2018), the MC at 41o S was unusually
weak between December 2014 and August 2015, with near-average transports between midJanuary and the end of April 2015 (35-37 Sv) and much weaker between May and August.
From the analysis of velocity, salinity and temperature variations during 2015 from mooring
data along this same 41o S line, Ferrari et al. (2017) and Paniagua et al. (2018) classified the
January-April period as strong; however, considering Artana et al.’s (2018) results, this strength
is relative to the very weak MC conditions that took place between May and August 2015. Close
inspection of Paniagua et al.’s (2018) velocity time series further shows that the along-slope
flow experienced a substantial decrease during the first 10 days of March 2015, which caused a
short reversal of the along-slope-flow orthogonal function.
The mean ADT pattern in March 2015 [Figs. 3.1a and 3.3] indeed resembles the characteristic
ADT distribution at times of minimum MC near the BMC (Artana et al., 2018): the SAF is
at a southern position, the BCO has split into an anticyclonic eddy, and the MRC at 46o S is
connected with the interior-ocean cyclonic structure. The dipole formed by the SW-AC and
the interior SE-C appears as a remarkable feature at the time of the cruise. The northward flow
between both eddies is particularly strong as it accounts for the recirculation within the SW-AC
(59.3 Sv) and an additional very intense inflow (78.9 Sv). This strong interior northward flow
near 53o W (hereafter to be referred as interior northward flow) cannot be solely explained in
terms of a time-delay in the arrival of an earlier along-slope MC, simply because the JanuaryFebruary transport did not exceed 37 Sv (Artana et al., 2018).
We may explore if the existence of the interior northward flow can be sustained via meridional
pathways from more southern latitudes. A preliminary analysis of along-slope Argo trajectories between 45o S and 50o S sustains the possibility of this interior pathway. We find that a substantial fraction of these floats, roughly one-third of all floats, divert from the slope much before
reaching the BMC. Figure 3.14 shows 10 float trajectories that display such behaviour, with half
of them diverting cyclonically near 42o S and the other half following a meridional pathway
near 46o S. It seems likely that these pathways may become reinforced at times of weak alongslope MC conditions at 41o S. Under these circumstances, we could envision that the entire
156

Inverse modelling the BMC

along-slope MC could be diverted at a southern latitude and continue as an interior northward
current into the BMC near 53o W. However, based on the analysis of ADT along-slope data, Artana et al. (2016) have shown that this southern transport will not differ substantially from the
values at 41o S. Hence, we may anticipate that the southern contribution will occasionally reach
at least 44 Sv (mean plus SD transport at 41o S). This value, although relatively large, remains
much less than our estimate of a minimum interior transport of 78.9 Sv into the BMC so we
must turn to alternative water sources.

Fig. 3. 14: Selected trajectories of Argo floats (parking depth at 1000 m) that departed the along-slope

MC (a) near 42o S and (b) south of 44o S. The dots indicate the location of the float as it surfaced approximately every 10 days.

The origin of the intense interior northward flow may be connected to the outflow transport
associated with the BCF. Considering only the upper 400 m, this along-front jet intensifies largely from the frontal to the confluence perimeters through the incorporation of the subantarctic
waters drawn by the cyclonic SE-C. As a consequence, there is an intense along-front eastward
transport cross the confluence perimeter: down to γn = 27.81 kg m-3 this amounts to 109.7

±

15.1 Sv, with about half (50.8 Sv) in baroclinic balance and the other half (58.9 Sv) associated
with the flow at the reference isoneutral.
Our estimate for the along-front transport through the confluence perimeter is quite large,
about twice the value of the SAC as obtained by other authors (Maamaatuaiahutapu et al.,
1998; Jullion et al., 2010). The mean March 2015 ADT distribution indeed suggests that, after
overtaking the perimeter of the confluence region, only a fraction of the flow will continue east
as the true SAC, with most of it recirculating south to close the SE-C. We may use Jullion et
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al.’s (2010) transport estimates along the BCF at 35o W, 44

± 14 Sv, in order to assess the size

of this eastern recirculation. Their minimum transport condition (mean minus one standard
deviation, i.e. 30 Sv) would imply that the entire eastward flow along the BCF at 35o W was
composed by waters of subtropical origin (recall our estimate for the BC is 29.1 ± 8.3 Sv). This
situation (110 Sv flowing east at 51o W with 30 Sv of subtropical origin) apparently leaves 80 Sv
for recirculating south between 51o W and 35o W. However, we further notice that only about
half the total along-front transport exiting the confluence perimeter is in barotropic transport
(58.9 Sv) while most of the interior northward transport is barotropic (76.2 Sv out of 78.9 Sv).
In the absence of any clear baroclinic-barotropic flow-conversion process, this sets an upper
recirculation limit of about 61.6 Sv (the barotropic 58.9 Sv of the SAC plus the baroclinic 2.7 Sv
of the SE-C).
Ferrari et al.’s (2017) analysis of the modes of spatial variability in the BMC helps identify the
dominant contributions to the observed flow at the time of the cruise. These authors carried
out an empirical orthogonal function (EOF) analysis of 24 years of ADT data in the BMC and
found that the first mode (explaining 24 % of the variance) was associated to the northward
penetration of the MC while the second mode (17 % of the variance) was associated to the development of a near-zonal pattern of anomalies changing sign every couple of degrees. The
temporal evolution of the ADT field previous and during our cruise supports the view of such
a zonal pattern along 40-42o S, between about 47o W and 57o W, corresponding to a situation
of maximum positive EOF-2 values. This condition could coincide with a period of maximum
positive EOF-1 values – what Ferrari et al. (2017) identify as a strong Malvinas regime – hence
leading to a short weakening of the along-slope MC (Paniagua et al., 2018) and the reinforcement of all interior recirculations, including the cyclone and anticyclone southeastern features
responsible for the 78.9 Sv northward recirculation.
It is worth pointing at a possible connection between the reinforcement of the southeastern
interior recirculation with the formation of anticyclonic features on the outer edge of the Zapiola Gyre (Saraceno and Provost, 2012). According to these authors, the anticyclones form on
time scales on the order of a few months, that is, with intermittency comparable to the periodicity that holds most of the EOF-2 energy (Ferrari et al., 2017). Hence, the interaction of this
anticyclone with the eastward along-BCF flow may be the initial factor leading to the creation
of a zonal pattern of alternating ADT anomalies; confirmation of this hypothesis, however, lays
beyond the objective of our study.
The above considerations endorse the idea that the observed interior northward transport (at
least 78.9 Sv) is related to both the offshore diversion of the along-slope MC and the recirculation of the along-front flow exiting the BMC. The relative contributions are uncertain but
our analyses suggest that most of it comes from the barotropic recirculation of the along-front
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flow (up to about 61.6 Sv) although a non-negligible fraction (at least 17-18 Sv) comes from
the MC itself, hence endorsing the idea of the existence of an interior MC branch. This branch
would develop during the weak Malvinas regime (Ferrari et al., 2017), being associated with
the upstream diversion of the along-slope MC and the intensification of near-barotropic interior
mesoscale features, hence being neither a permanent nor a transient feature.

3.6.3 Transformation and incorporation of subantarctic waters to the subtropical gyre
The BMC has been reported to be a key site for the incorporation of intermediate waters of
southern origin (SAMW and AAIW) into the subtropical South Atlantic Ocean (Gordon, 1981;
Sloyan and Rintoul, 2001). These waters subduct at the SAF and BCF to become intermediate
waters, which follow north into the Atlantic Ocean in order to balance the southward flow of
NADW (Sloyan and Rintoul, 2001; Garzoli and Matano, 2011).
The inverse model shows that most waters of southern origin reaching the BMC (96.8 Sv out
of 166.5 Sv) belong to the intermediate strata, composed by AAIW and SAMW. Considering
the waters of southern and northern origin as being separated by the BCF, we find that these
intermediate waters are the ones that have the largest transport imbalances [Table 3.4]. Indeed,
the deepest layers of the Confluence model experience a net gain (there is a net inflow of 11.9
Sv of AAIW and UCDW in the southern segment and a net outflow of 6.5 Sv in the northern
segment) while the SAMW experiences a net loss in both segments (3.2 Sv through the south
and 1.0 Sv through the north); further, the surface and subtropical waters show a net loss (net
inflow of 1.8 Sv of surface and STMW through the northern segment and net outflow of 3.3 Sv
through the southern segment). All together, these results reveal 5-6 Sv of net upward diapycnal transfer in the frontal system, from the intermediate to the mode and central waters.

Table 3. 4: Mass transports south and north of the BCF (in Sv, positive out of the box) in the confluence
model

Water mass
Surface
STMW
SAMW
AAIW
UCDW
Total

In
-9.0
-16.7
-29.1
-67.7
-43.9
-166.5

South BCF
Out
Net
11.5
2.5 ±0,4
17.5
0.8 ±1,3
32.3
3.2 ±1,4
61.2 -6.5 ±2,0
38.5 -5.4 ±1,3
161.1 -5.4 ±6,2

In
-11.4
-14.0
-7.3
-6.7
-1.3
-40.6

North BCF
Out
Net
9.9 -1.5 ±1,8
13.7 -0.3 ±2,3
8.3
1.0 ±2,3
9.9
3.2 ±2,8
4.6
3.3 ±2,6
46.2 5.4 ±6,2

The results in Table 3.4 show that most of the SAMW and AAIW transported east along the
BCF are of subantarctic origin (relatively cold, fresh and highly oxygenated) but also indicate
that about 20 % of these water masses come from the BC, after having traveled through the
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subtropical gyre [Fig. 3.13] (Garzoli and Gordon, 1996; Boebel et al., 1999; Garzoli and Matano,
2001). Valla et al. (2018) have recently argued that this recirculation of SAMW and AAIW is
meridionally elongated, with the northward flow occurring only 400-600 km from the slope.
Indeed, along the confluence perimeter, the isoneutral strata holding the SAMW and AAIW
(26.8-27.55 kg m-3 ) present waters relatively fresh and with high DO values in the southern
segment that contrast with saltier and much less oxygenated waters incorporated through the
north [Figs. 3.6d and 3.15].

Fig. 3. 15: Vertical section of DO (ml l-1 ) along the rim of the confluence model. The black lines represent
the isoneutral water-mass boundaries used in the inverse model and the vertical black lines indicate the
data points. The southern, eastern and northern edges follow those sectors shown in Figure 3.1b, and the
approximate extent of the mesoscale eddies is indicated.

The θ, S and DO distributions point at the existence of substantial variability in the frontal
region but the details are not clear. Hence, we turn to property-property diagrams to further
investigate the mixing of southern and northern waters in the frontal region [Fig. 3.16]. We
consider four different groups of stations: station 3 to characterize the upstream MC, station
26 to typify the upstream BC, a third group of 20 stations within the frontal area, and a fourth
group of seven stations along the confluence perimeter (stations 16 to 22); all stations (except
number 3) are located north of the BCF in order to investigate the intrusions of subantarctic
waters [Fig. 3.3b].
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Fig. 3. 16: (a, d) θ - S diagrams, (b, e) θ – DO diagrams and (c, f) DO as a function of γn . In all panels the
blue and red lines characterize the MC (station 3) and BC (station 26), respectively. In the upper panels
the grey lines represent all stations within the frontal area and north of the BCF; in the lower panels the
grey lines correspond to stations in the eastern sector of the confluence perimeter and north of the BCF
(stations 16 to 22). The black dashed lines in (a, d) represent the γn contours used to define the different
water masses.

Possibly the most evident aspect in the property-property diagrams is the practical absence of
the STMW strata in the southern stations. North of the BCF, this water mass is less oxygenated
in the upper slope (stations 27 and 28, not shown) and within the frontal stations; in contrast,
the middle-slope BC station (26) and all stations along the confluence perimeter show STMW
with relatively high DO values. This is consistent with the view that old STMW enters de BMC
through the boundary current and follows along the BCF, where it mixes with younger water
and becomes oxygenated, before continuing both eastwards and northwards (Valla et al., 2018).
Considering the intermediate waters (SAMW and AAIW), all slope southern and northern stations (here illustrated by stations 3 and 26) have similar vertical distributions of θ, S and DO
[Fig. 3.16]. In contrast, within the frontal stations there is high variability between adjacent stations and depths, due to substantial horizontal interleaving. Similarly to what happened with
the STMW, the variability in these deep strata is largely gone by the time these waters reach the
confluence perimeter.
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We may investigate what processes are behind this smoothing out of properties by considering
the case of along-isopycnal mixing between two end members. Specifically, we select stations
3 and 26 to respectively characterize the MC and BC conditions and, for each neutral density
level, we obtain the corresponding temperature, salinity and DO end-water values. The temperature, salinity and DO values of a water parcel at any neutral-density level of a frontal station
are then expressed as the linear combination of the two end-water types. For steady-state conditions and conservative water properties, along-isopycnal mixing should lead to the same
mixing fraction for all water properties, so that any observed difference may be attributed to
diapycnal mixing.

Fig. 3. 17: (a, d) S, (b, e) θ and (c, f) and DO as a function of γn , at intervals of 0.02 kg m-3 . In all panels
the blue and red lines characterize the MC (station 3) and BC (station 26), respectively, and the horizontal
lines delimit the different water masses. In the upper panels, the dots represent data from stations north
of the BCF within the frontal area; in the lower panels, the dots correspond to stations in the eastern sector
of the confluence perimeter and north of the BCF (stations 16 to 22). (b, e) The color-coded values indicate
the mixing fraction, with zero indicating pure MC water (dark blue) and one denoting pure BC water
(dark red); (a, d) difference between the S and θ mixing fractions, and (c, f) difference between the DO
and S mixing fractions (notice the change in colour code).

The results of the above procedure are shown in Figure 3.17, with the θ, S and DO profiles
plotted as a function of γn . In the conservative-temperature versus neutral-density profile we
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show the fraction of the BC water type that contributes to the observed value (the complement
to one represents the fraction of the MC water type); notice that the contribution of the BC and
MC water types to the observed temperature is inversely proportional to the along-isopycnal
difference between the observed temperature and the BC and MC temperatures, respectively. If
we repeat the procedure for the salinity and DO profiles we would obtain water fractions that,
for entirely along-isopycnal mixing, should not change (given the smallness of the frontal and
confluence domains, we may reasonably assume DO as conservative). However, we observe
that the S and θ mixing fractions differ by up to 20 %, and the DO and θ mixing fractions differ
by as much as 40 %. We interpret these differences as the consequence of diapycnal mixing
between water masses that bear different ratios among water properties. For example, over the
entire SAMW stratum DO is approximately constant but both θ and S change linearly with
depth, so that vertical mixing brings larger property anomalies for θ and S than for DO.

3.7 Concluding remarks
The Brazil-Malvinas Confluence (BMC) is a very intense frontal system that results from the
encountering of two major western boundary currents: the northward Malvinas Current (MC),
which carries subantarctic waters, and the southward Brazil Current (BC), which carries a mixture of subantarctic and subtropical waters. At the BMC, the surface manifestation of this frontal system is the Brazil Current Front (BCF), set at the absolute dynamic topography (ADT)
contour of 0.30 m (Ferrari et al., 2017).
The MC is possibly the strongest equatorward boundary current in the entire global ocean, with
intense surface and subsurface currents. As the MC encounters the BC along the continental
slope, it undergoes a sharp 180o turn and the entire frontal system follows south, in what
is known as the MC retroflection (MRC) and BC overshoot (BCO). The characteristics of this
convoluted turn and its leeward structure at 41o S has been the subject of several recent studies
(Ferrari et al., 2017; Artana et al., 2018; Paniagua et al., 2018; Valla et al., 2018). These studies
show that the BMC has substantial temporal variability, between times of an intense impinging
MC and a powerful MRC-BCO return flow, and times when the MC weakens, characterized by
the MRC-BCO breaking into an isolated anticyclone and a cyclone forming further east.
Our study of this intense frontal system refers to the March 2015 conditions, as observed with
cruise data (8-22 March) encircling the BMC at two different spatial scales. These data are analysed with an inverse model, helped by both altimetry data and velocity time series over the slope
near 41o S, in order to assess the patterns of circulation associated with the boundary and frontal currents, their barotropic and baroclinic contributions, and the intensity of the cross-frontal
exchange in the upper 2000 m. The model reference level is set at γn = 27.81 kg m-3 (found between 1400 and 2000 m) for the outer (confluence) region and at z = 400 m for the inner (frontal)
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area, and altimetry data are used to connect both domains.
The March 2015 BC depicts a fairly classic picture: its along-slope transport down to γn = 27.81
kg m-3 (29.1

± 8.3 Sv) lies in the middle of the reported range of variation, largely baroclinic
(29.0 Sv). Most of the flow belongs to the surface and Subtropical Mode Waters (18.0 ± 2.0
Sv), although there is a quite significant southward flow of subantarctic waters (10.2 ± 2.8 Sv).
These southward-flowing subantarctic waters are much depleted in oxygen, indicating that
they have followed a long subtropical pathway before returning to the northern edge of the
BMC.
The situation for the MC and the eastward jet associated with the BCF, however, differs greatly
from the classic description. The ADT reveals conditions that characterize a weak along-slope
MC at 41o S: the northward loop is strangulated and the MRC-BCO system has evolved into an
anticyclone, and an elongated cyclone is formed further east. Surprisingly, this corresponds to
a period (January-April) that Ferrari et al., (2017) and Paniagua et al. (2018) identify as a strong
Malvinas regime. Close inspection of Paniagua’s time series, however, shows that the alongslope MC at 41o S weakened substantially during the first 10 days of March, precisely before
our cruise. Our inverse model indeed shows a weak along-slope MC near the collision latitude
(39.5o S) at the beginning of the cruise and, in contrast, finds a remarkably intense northward
interior flow, located between the eastern anticyclone and cyclone (near 53o W). Down to γn =
27.81 kg m-3 , the along-slope MC transports 28.3

± 1.4 Sv, the anticyclone recirculates up to
59.3 ± 10.7 Sv, and the interior flow accounts for at least 78.9 ± 13.7 Sv.
We have carefully explored the origin of the intense interior northward flow. The temporal
evolution of the sea-surface ADT and the trajectories of Argo floats suggest that there is an
eastward diversion of the along-slope upstream MC at latitudes 42o S or greater, potentially favoring the interior branch. Periods of weak along-slope MC transport probably come together
with the intensification of the interior currents, as the convoluted MC and MRC strangle, and
the slope flow is deviated at either 42o S or 46o S. During this weak-MC periods, it seems possible that the upstream (beyond 46o S) along-slope MC flow finds an alternative interior pathway
to reach the BCF. However, the interior northward current is also sustained by the cyclonic recirculation of the water outflow along the BCF. Indeed, we observe a very intense (109.7

±

15.1 Sv) South Atlantic Current (SAC) exiting the convergence zone along the BCF and the
ADT field and barotropic-baroclinic decomposition suggest that a major fraction of this outflow recirculates cyclonically to feed the interior flow. Grossly speaking, we estimate that the
offshore diversion of no less than 17-18 Sv from the upstream along-slope MC and the cyclonic
recirculation of some 60 Sv of along-front outflow add together to produce the observed interior northward transport; further, we anticipate that similar situations may occur during the
occurrence of a weak-Malvinas regime, hence leading to the notion of an intermittent interior
MC.
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The inverse model provides other pieces of useful information. The first one is a large barotropic contribution in the MC and SAC for water layers lighter than γn = 27.81 kg m-3 , by
barotropic meaning the contribution associated with the velocities at that reference level. Over
half of the SAC transport responds to the reference velocities (58.9 Sv) and the rest to the baroclinic velocities (50.8 Sv). Regarding the along-slope MC at 41o S, 13.3 Sv are baroclinic and 15.0
Sv are barotropic; for the interior northward flow, nearly the entire flow is barotropic (76.2 out
of 78.9 Sv). Further, about 70 % of this southern inflow corresponds to Subantarctic Mode and
Intermediate Waters (SAMW and AAIW, respectively).
Another relevant piece of information is the net exchange of subantarctic and subtropical waters through the BMC, along some 500 km of the frontal system. The water balance per stratum
reveals about 5-6 Sv of net upward diapycnal transfer in the confluence region, with intermediate AAIW and SAMW being transferred to the shallower layers. In particular, we find a substantial net inflow (11.9 Sv) of AAIW and Upper Circumpolar Deep Waters (UCDW) south of
the BCF. Assuming along-isopycnal mixing, we calculate the mixing fractions for different water properties, which reveal large differences depending on water property: up to 20 % between
temperature and salinity and 40 % between temperature and dissolved oxygen. Both evidences
– the transport imbalances per layer on both sides of the BCF and the differences in mixing
fraction from one property to another – point at substantial cross-frontal and diapycnal water
exchange in the BMC.
The BMC, at the crossroads of subantarctic and subtropical waters, is a regional process with
global implications. We are urged to improve our understanding of its different modes of functioning, characterized by extraordinary temporal and spatial variability (e.g. Ferrari et al.,
2017; Artana et al., 2018; Paniagua et al., 2018; Valla et al., 2018). Our results show that the
regional pattern of circulation evolves on time scales on the order of weeks and emphasizes
the idea that any description of the BMC cannot be understood without monitoring the time
history of the upstream along-slope (BC and MC) and interior (Zapiola gyre) conditions. The
time series of satellite ADT and mooring velocity indeed expose the existence of many possible
combinations, resembling a baroque musical improvisation with an unpredictable outcome.
Additionally, there are short and fast submesoscale processes that produce noticeable water
mass transformations in the frontal system, causing an even more capricious evolution. The
challenge is to decipher the spatial and temporal predominant rhythms but also the way they
preferentially connect to create a perpetually changing melody.
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Supplementary material
Table S.3. 1: Comparison (rmsd) between the VADCP at different depths (0 to 700 m, 24 m, 200 m and
600 m) and altimetry derived surface geostrophic current, for the zonal (u) and meridional (v) components
and the modulus of the velocity (V) in the confluence model, stations 1 to 4 (MC) and stations 8 to 12 (SWAC-SEC).

Depth
rmsd u
rmsd v
rmsd V

Confluence model
0-800 24
200 600
0.16 0.25 0.19 0.19
0.17 0.20 0.19 0.22
0.16 0.22 0.18 0.20

0-800
0.13
0.32
0.16

MC
24
200
0.11 0.13
0.26 0.35
0.19 0.18

600
0.14
0.31
0.19

SW-AC/SE-C
0-800 24
200
0.12 0.20 0.14
0.24 0.34 0.30
0.19 0.30 0.26

600
0.12
0.21
0.16

Table S.3. 2: Transport (in Sv) constraints through selected portions of the frontal perimeter, imposed
following the inverse-model calculations between selected ADT contours through the confluence perimeter. The SAF and BCF correspond to ADT contours of 0.05 and 0.3 m, respectively.

Confluence stations
Frontal stations
Transport
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SAF - 0.25
1-3
29-33
5.7

BCF - 0.57 0.57 - 0.90
26-28
43-46
39-43
9.7
5.4

Inverse modelling the BMC

Fig. S.3. 1: Zonal (a) and meridional (b) velocity components retrieved from the satellite altimetry
(red) and from the VADCP (at 200 m in magenta, at 600 m in green and the mean value from 24 to 800
m in black). The grey shaded area corresponds to the stations where the confluence model transport is
constrained.

Fig. S.3. 2: Mean sea-surface ADT contours (magenta: 0.25 m; red: 0.57 m; brown: 0.9 m) together with
the SAF (black) and BCF (blue). The hydrographic stations are shown as black dots.
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Fig. S.3. 3: (a, d) Dianeutral velocity, (b, e) dianeutral mass advection and (c, f) dianeutral diffusion
coefficients for the (a, b, c) frontal and (d, e, f) confluence models. Positive values indicate upward fluxes.
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Abstract
Ocean frontal systems may act both as barriers and mixers between different water masses,
the latter thanks to very energetic structures with relatively short temporal and spatial scales.
Here, we explore the high-frequency temperature variability in the Brazil-Malvinas Confluence
through the joint analysis of novel high-resolution SeaSoar measurements and sea surface temperature imagery. Surface spatio-temporal correlation scales range between 1.5 and 6 days and
between 20 and 50 km, with the shortest scales along the shelf-break path of the Brazil Current
and over the Confluence and the longest ones along the Malvinas Current. The spatial scales
display minima along the front, at the surface because of the presence of brackish shelf waters
and at the subsurface due to both meso and submesoscale thermohaline intrusions. The smallest cross-frontal vertical correlations, in the 5-10 m range, are associated with submesoscale
processes. Overall, temperature variability is enhanced at depth in the frontal system.

Temperature spatio-temporal correlation scales

4.1 Introduction
Frontal regions are characterized by multiple-scale turbulence (Fu et al., 2007; Lumpkin and
Johnson, 2013). In the Southwest Atlantic Ocean, the dominant frontal system is the Brazil
Malvinas Confluence (BMC), generated at the encounter of the Brazil (BC) and Malvinas (MC)
Currents [Fig. 4.1]. The meandering and retroflection of these currents leads to an intricate
multi-scale and highly-energetic region, filled with meso and submesoscale structures such as
eddies, rings, filaments and intrusions (Legeckis and Gordon, 1982; Bianchi et al., 1993; Provost
et al., 1999; Lentini et al., 2002; 2006). Therefore, this region is thought to be characterized by
short temporal and spatial scales of variability (Barré et al., 2006).
The MC (subantarctic) and BC (subtropical) waters present intense contrasts in sea surface
height (SSH), primary production and sea surface temperature (SST). These sharp gradients
have allowed assessing the spatial and temporal variability of the surface BMC using satellite imagery (Goni and Wainer, 2001; Garcia et al., 2008; Saraceno et al., 2004; 2005; GonzalezSilveira et al., 2006; Goni et al., 2011; Machado et al., 2013). In particular, high SST horizontal
gradients, of the order of 0.1 o C km-1 , are found in the main frontal systems: the shelf-break
Brazil region, the BMC front, the Subantarctic Front (SAF) and the Brazil Current Front (BCF)
(Saraceno et al., 2004). Less pronounced SST gradients also show up at the meso and submesoscale structures formed downstream of the BMC (Barré et al., 2006).
Regarding surface temporal variability, most studies have focused on the semi-annual and interannual scales, characterized by the migration of the latitude where the BC diverts from the
shelf (Olson et al., 1988; Goni and Wainer, 2001; Goni et al., 2011). Synoptic variability has been
associated with the regional and mesoscale structures, particularly with the position of the MC,
the BC and the BC overshoot (BCO) (Legeckis and Gordon, 1982; Goni and Wainer, 2001). Garzoli and Garraffo (1989) and Ferrari et al. (2017) found that the BCO moves zonally with time
scales of 90-150 days and Provost and LeTraon (1993) have observed that the dominant mesoscale features have temporal and spatial scales of 75-150 days and 100-500 km. Higher frequency
surface variations are also expected in the BMC, as for example SST consecutive images show
changes up to

± 4 o C d-1 (Barré et al., 2006). One potential source are the changing winds,

which can flush shelf water over much of the frontal area, bringing potential temperature and
salinity (θ, S) changes in only a few days (Guerrero et al., 2014; Combes and Matano, 2018).
Other studies on thermohaline changes in the Patagonian shelf-break front have found 1- to
5-day correlation times for temperature in the upper 100 m, which have been associated with
synoptic atmospheric storms (Garzoli and Simionato, 1990; Valla et al., 2015; Carranza et al.,
2017).
Contrary to sea-surface studies, the subsurface variability of θ and S in the BMC remains barely
explored. Paniagua et al. (2018) have reported θ/S changes of 0.3 o C/0.18 in three days at
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a slope mooring in the path of the MC (near 41o S and 1000 m depth). This high-frequency
variability has been ascribed to either the intense mesoscale activity of the region, with eddies
translating at velocities between 1 and 10 km d-1 (Pilo et al., 2015; Mason et al., 2017) or to the
east-west and north-south BMC migrations at speeds up to 10 km d-1 (Legeckis and Gordon,
1982; Garzoli and Bianchi, 1987). Subsurface rapid changes may also be caused by thermohaline
intrusions with lifetimes of 5-13 days (Bianchi et al., 1993; 2002) or baroclinic frontal instabilities
oscillating with periods of 3-5 days (Garzoli and Simionato, 1990).
Subsurface structures may be largely decoupled from the surface fields due to the development
of the seasonal thermocline (Provost et al., 1996; Saraceno et al., 2004) and the presence of localized thermohaline frontal intrusions (Orúe-Echevarría et al., 2019). However, their existence
does influence the conditions at the sea surface, especially affecting the water elevation and velocity (Maamaatuaiahutapu et al., 1999). Hence, a proper knowledge of these subsurface scales
is necessary not only to quantify the water transfer cross the frontal system, of major relevance in the large-scale redistribution of properties, but also to improve the design of operational
models.

4.2 Data and methods
The RETRO-BMC cruise was conducted on board R/V Hespérides between 8 and 28 April 2017
in the BMC frontal region (Pelegrí et al., 2019). Here, we analyse data from 12 cross-frontal highresolution transects aimed at finding the short temporal and spatial scales in the frontal region.
These transects were done within five days, between 40.6o S-56.7o W and 39o S-53.6o W, as part
of two surveys carried out with a winged and towed undulating platform (SeaSoar), which
included temperature, salinity and pressure sensors (Annex 4.1, Supporting Information).
Each of the two SeaSoar surveys consisted of 6 near-parallel transects, ranging from 55 to 90
km, with all tracks separated by 18 km (except tracks I and II of SeaSoar1, which were 27 km
apart) and covering an area of approximately 135 km zonally and 100 km meridionally [Fig.
4.1]. The individual transects were oriented cross the frontal region, following tracks either 25o
or 205o from the true north. The first survey (SeaSoar1, 17-18 April) covered 620 km and was
completed within 46 hours; the second survey (SeaSoar2, 19-21 April) started 40 hours after
completion of SeaSoar1 and extended over 751 km in 52 hours.
The temperature and salinity data were gathered as a function of pressure for all cross-frontal
tracks as well as in the five short transects between them. These raw data were linearly binned
to 1-dbar vertical intervals, every 5 km along the SeaSoar tracks following the methodology
in Sans (2018). Finally, the potential temperature (θ) field was calculated and interpolated horizontally onto a regular 0.05o x 0.05o grid; hereafter, whenever mentioning temperature, we
will always implicitly refer to the potential values.
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Both surveys were carried out from west to east, in the same direction of the mean flow over
the frontal region, as an attempt to minimize aliasing effects. Considering the distance between
the first and last cross-frontal transect (90-100 km) and the time of the survey (40-50 hours) it
turns out that the vessel moved along the front with a mean speed of 0.5-0.7 m s-1 , similar to the
characteristic along-front sea-surface velocities [Fig. 4.1 and Fig. S4.3, Supporting Information)
(Orúe-Echevarría et al., 2019). Further confidence on the results comes from the fact that, during
each survey, the frontal displacements were relatively small as compared with the extension of
the cross-frontal tracks; the only large displacement occurred between 20 and 21 April 2017, in
the western portion of the survey area, when the ship had already reached the eastern part of
the domain (Fig. S4.4, Supporting Information).

Fig. 4. 1: Mean SST (o C) in the southwest Atlantic Ocean for 17-21 April 2017 as deduced from the
OSTIA data. The location of the SeaSoar1/SeaSoar2 survey tracks are shown by black/magenta lines,
with Roman numbers indicating the cross-frontal transects for each survey. Grey vectors correspond to
mean surface velocities from gridded altimetry for these days. Dashed black lines indicate the mean
position of the Subantarctic Front (SAF, ADT=-0.05 m) and Brazil Current Front (BCF, ADT=0.3 m) as
defined by Ferrari et al. (2017). Solid black lines indicate the position of the BCF based on SST gradients
following the methodology in Saraceno et al. (2004). White lines correspond to the 200, 500, 1000 and 5000
m isobaths (GEBCO, 2008). The main streams are labelled: Brazil Current (BC), Malvinas Current (MC),
Malvinas Return Current (MRC) and Brazil Current Overshoot (BCO).

In addition to hydrographic data, we also use satellite SST and SSH data for April 2017. Both datasets are provided by the Copernicus Marine and Environment Monitoring Service (CMEMS)
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(http://marine.copernicus.eu). The multi-scale optimal interpolation scheme in the SST product allows studying the frontal variability at temporal/horizontal scales larger than about
1day/10 km (Donlon et al., 2012; Reynolds et al., 2013) while the SSH can only resolve temporal/horizontal scales longer than 20 days/40 km (Pujol et al., 2016).
The autocorrelation decreases with time and distance, over scales that depend both on external
forcing and local dynamics (Sumata et al., 2018). A correlation scale can be defined as to characterize the prevailing temporal and spatial scales, with short scales identifying areas of highfrequency changes. Throughout this study we fit the autocorrelation to a Gaussian function and
define the correlations in terms of e-folding scales (Molinari and Festa, 2000) (Annex 4.2, Supporting Information). Using SST satellite data, we can determine the sea-surface temporal and
horizontal correlation scales. Similarly, the SeaSoar data allow estimating the horizontal correlation scales in the survey area and the vertical correlation scales along the cross-frontal sections. In contrast, the two SeaSoar provide temperature differences in about three days but do
not allow calculating the temporal subsurface time correlation. The signal-to-noise ratio (SNR)
in the autocorrelation functions is inferred from the fraction of explained variability (Sprintall
and Meyers, 1991; Hosoda and Kawamura, 2004) (Annex 4.2, Supporting Information).

4.3 Results
4.3.1 High-resolution three-dimensional view of the frontal system
The SST and surface geostrophic velocity fields show the MC flowing northward along the 5001000 isobaths and reaching 40o S with θ <10 o C and S <34.5, where it encounters warmer and
saltier subtropical waters [Fig. 4.1]. These velocity fields, together with the salinity and temperature sections [Fig. 4.2 and Figs. S4.5 and S4.6, Supporting Information] also reveal the BC
crossing the north-eastern end of the study area, and show relatively colder shelf waters covering most of the northern and western sections. Surface salinity values confirm the presence of
widespread low-salinity shelf waters over the study area [Figs. S4.5 and S4.7, Supporting Information]. East of 55o W, the BC follows south as a well-developed elongated BCO that reaches
as far as 44o S and 51o W.
Figure 4.1 also shows the intricate confluence of the SAF and BCF in the BMC region, i.e. the
collision of the two boundary currents that leads to a single yet complex BMC frontal system. The three-dimensional θ and S fields [Fig. 4.2 and Fig. S4.5-S4.8, Supporting Information]
illustrates this complexity, with one main transition from subantarctic to subtropical waters at
the isotherm/isohaline of 12 o C/34.7 and a second transition at the isotherm/isohaline of 17
o C/35.3. Interestingly, the classical definition of the BCF (in terms of ADT=0.3 m) coincides

with the first transition and the entire region between the first and second transition is the one
that displays most of the interleaving. North of the second transition, which is observed on
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the northeastern end of the survey region (crossed by tracks III-VI of SeaSoar2), the subtropical
waters remain fairly unperturbed.

Fig. 4. 2: Three-dimensional temperature view during (a) SeaSoar1 and (b) Seasoar2. The black vertical
lines indicate the central point of the SeaSoar diving cycle. The black arrows show vertical sections II and
V of SeaSoar1, used to illustrate the vertical correlation scales in Figure 4.4. OSTIA SST for the (c) 17 and
(i) 20 April 2017. Horizontal temperature fields at 10, 50, 100, 200 and 300 m for (d-h) SeaSoar1 and (j-n)
SeaSoar2. The location of the SeaSoar1/SeaSoar2 tracks is shown by black/magenta lines. (Additional
horizontal temperature and salinity fields are shown in Figs. S4.7 and S4.8, Supporting Information.)

The frontal system is also characterized by substantial thermohaline intrusions. In the western
stations (I-III in SeaSoar1 and I-II in Seasoar2), the subantarctic side remains fairly immaculate
but the subtropical side displays mesoscale features. There are at least two tongues or wedges of subantarctic waters intruding into the subtropical region – a central one during SeaSoar1
and a western one during SeaSoar2 – some 10-30 km wide and stretching by as much as 100 km
[Figs. 4.2d-h and 4.2j-n, Figs. S4.7 and S4.8, Supporting Information]. These subsurface tongues
are smaller than the surface ones and have no surface expression in the SST and ADT images
[Fig. 4.1 and Fig. S4.3, Supporting Information]. In contrast, the eastern sections (IV-VI in SeaSoar1 and III-VI in SeaSoar2) reveal opposite-sign submesoscale intrusions, i.e. warm/cold in
the subantarctic/subtropical sides of the front. All mesoscale and submesoscale intrusions are
found between the 26.5 and 27.0 isopycnals, displaying temperature gradients sharper than at
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the sea-surface (0.3-0.8 o C km-1 ) [Figs. S4.5 and S4.6, Supporting Information].

4.3.2 Temporal correlation scales
For the entire Southwest Atlantic Ocean, the OSTIA SST temporal correlation scales range between 1.5 and 6 days [Fig. 4.3a]. The shortest scales (1.5-3.5 days) are associated with the shelfbreak in subtropical waters, the BMC front and the BCO, i.e. to frontal regions with intense
currents and high mesoscale activity, characterized by elevated eddy kinetic energy and rapid
migrations of the frontal structures [Fig. S4.4, Supporting Information] (Legeckis and Gordon,
1982; Garzoli and Simionato, 1990; Saraceno and Provost, 2012). In other areas, including the
MC and MRC, fewer mesoscale structures develop (Artana et al., 2016), leading to less variability, longer temporal correlation scales (5-6 days) and higher SNR [Fig. S4.9a, Supporting
Information].

Fig. 4. 3: (a) OSTIA SST temporal correlation scale (days); the black solid lines correspond to the 500
and 1000 m isobaths while the black dashed line indicates the mean position of the BCF for April 2017.
(b) OSTIA SST difference between the 20 and 17 April 2017. Temperature differences between SeaSoar2
and SeaSoar1 at (c) 10, (d) 50, (e) 100, (f) 200 and (g) 300 m. Negative values denote cooling; in each panel,
the mean standard deviation temperature differences are indicated. The black/magenta lines show the
SeaSoar1/SeaSoar2 tracks.

During April 2017 and in the limited region enclosing the SeaSoar survey area, the OSTIA SST
temporal correlation scales range between 2 and 4.5 days, with a mean monthly value of 3.0

± 0.2 days (see the sampling window in Fig. 4.3b). Over the SeaSoar survey tracks, the OSTIA
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SST differences between 17 and 20 April (precisely 3 days) range between -1.9 o C and 2.1 o C,
with the greatest cooling over the western sections and slight warming south of the SeaSoar
tracks. We may also use the entire April data to generate, at each grid point, time series of SST
differences for 3-day intervals (not shown); when averaged over the SeaSoar survey area the
mean standard deviation is 1.1 o C and the mean maximum-absolute-difference is 2.6 o C.
The sea-surface OSTIA and 4-m SeaSoar temperature differences indicate cooling over the frontal region, though the SeaSoar data shows greater temperature differences [Figs. 4.3b,c]; these
discrepancies possibly reflect some level of near-surface homogenization due to a shallow summer mixed layer (Provost et al., 1996) and the spreading of brackish shelf waters over the frontal region, but may also respond to an increased uncertainty caused by high cloud-coverage
in April 2017 (around 65 %). The subsurface temperatures also display a generalized cooling
between 17 and 20 April, with peak absolute values between 50 and 150 m [Figs. 4.3d-f]. At 300
m, the peak absolute differences are smaller (yet reaching values similar to 10 m) and remain
restricted to the central region, associated with the intrusion of subantarctic waters [Fig. 4.3g].
The different character of the surface and subsurface fields in the frontal SeaSoar survey area is
remarkable. The characteristic 3-day SST variability (mean 1.1 o C and maximum 2.6 o C from
OSTIA for April, and mean 2.2 o C and maximum about 5 o C from the 10-m SeaSoar data
between 17 and 20 April) is substantially less than the mean values in the 50-150 m depth
interval (mean 2.8 o C and maximum about 7 o C from the SeaSoar data between 17 and 20
April).

4.3.3 Vertical correlation scales
We examine the vertical correlation scales through both individual and ensemble SeaSoar crossfrontal sections. In every individual section, the distribution of the vertical correlation scales is
patchy, with values ranging between 10 and 25 m [Fig. S4.10, Supporting Information]. Low
values are related to large vertical changes in temperature, either associated with the seasonal
thermocline, with the edge of frontal structures or with intrusions of distinct water masses.
An inspection of all sections suggests that some differences are associated with the distance
(and hence time) from the initial encounter of the MC and BC. In Figure 4.4a,b we illustrate the
results for two sections: one in the western boundary of the survey area, close to the encounter
point of the BC and MC (section II of SeaSoar1), and the other in the eastern margin (section V
of SeaSoar1). The small correlation lengths (8-12 m) correspond roughly to those bands of high
background vertical stratification; the SNR is large over the entire domain, generally above 3
and reaching 7 in the unperturbed well-stratified subtropical waters [see Fig. S4.9b, Supporting
Information, for section II of SeaSoar1]. In the western section, the subantarctic side of the frontal system displays relatively high correlation values, indicative of the absence of intrusions,
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while the subtropical side shows some large features, about 50-80 m thick and 60 km long [Fig.
4.4a]. In the eastern section, we still find some large features in the subtropical side but there
are also small intrusions on both sides of the frontal system, some 10-50 m thick and 10-20 km
long [Fig. 4.4b].

Fig. 4. 4: Vertical correlation scales (m) for (a) section II and (b) section V of SeaSoar1; black contours
represent isothermals (o C). Mean (black contours) and standard deviation (coloured) of the vertical correlation scales (m) for the (c) western and (d) eastern stations. The black arrows show the position of the
front.

In order to best identify the longitudinal differences, we divide the sections into western (sections I-III in SeaSoar1 and I-II in Seasoar2), close to the shelf-break confluence point, and eastern
(all other seven sections), where the two colliding currents have been in close contact for a longer time. The division is set about 55 km offshore from the 500-m isobath, which we consider
as the shelf-break emergence of the confluence (see the bathymetry and location of the BCF in
Figure 4.1); considering along-front mean velocities of 0.5-1 m s-1 (Orúe-Echevarría et al., 2019),
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this represents that the water masses reaching the eastern sections have been in contact for at
least an additional 15-30 hours. Following this separation, we produce ensemble sections with
the origin referenced to the location of the BCF, defined as the point where the 10 o C isotherm
crosses 200 m (Garzoli and Bianchi, 1987). In this way, there are five western and seven eastern
realizations (one of the eastern sections did not cross the BCF) that can be combined to compute
the mean and standard deviation of the vertical correlation at each cross-frontal coordinate and
depth.
In Figures 4.4c,d we show the mean (obtained using a 10-m low-pass vertical filter) and standard deviation of the vertical correlation scales; only the portion of the vertical section with
three or more realizations is shown. The two ensemble sections have fairly similar mean values
(14-18 m). The main difference appears in the standard deviations: the western section shows
a clear contrast across the front, between small values in the subantarctic side versus high values in the subtropical side; contrarily, the eastern section shows little difference between both
sides of the front, with substantially greater intermittency. These results are consistent with the
view of the frontal system as the locus of subsurface mesoscale incursions at any position (in
section 4.3.1 we pointed at the existence of cold-fresh subsurface tongues of subantarctic waters penetrating northwards in the western and central tracks) and submesoscale thermohaline
intrusions developing in the central and eastern sections. The submesoscale intrusions appear
to be enhanced after the two water masses have been in contact for a sufficiently long time, of
the order of one inertial period or 19 hours in our survey area (Shcherbina et al., 2010), either
because of high salt-fingering activity in the BMC (Bianchi et al., 2002).

4.3.4 Horizontal correlation scales
We first examine the sea-surface horizontal correlation lengths for the extended BMC region
during April 2017, as deduced using the OSTIA SST fields [Figs. 4.5a,b]. The maximum correlations (major-axes of the correlation ellipses) follow the pathway of the western boundary
currents and its interior retroflections, ranging between about 35 and 55 km. Over the shelf
and in the eastern portion of the domain, these values decrease, ranging between 20 and 30
km. The situation reverses for the minimum correlation lengths (minor axes), with the largest
values occurring over the platform and the smallest ones taking place along the path of the
major currents. Both results indicate that the boundary currents are largely asymmetric, with
the longest correlation lengths well aligned with the current, while the shelf and other interior
regions of high kinetic energy are dominated by shorter scales and more symmetric features
[Fig. S4.11, Supporting Information]. The SNR is fairly low, always less than 1.5, slightly less
than the mean values found by Hosoda and Kawamura (2004) using microwave SST images
[Fig. S4.9, Supporting Information]; the largest SNR values occur over the platform and along
the pathway of the MC.
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Fig. 4. 5: (a) Major- and (b) minor-axis lengths of the correlation ellipses, calculated using the April
2017 OSTIA SST data (colour-coded). The colours indicate the mean values and the black contours the
standard deviation. Correlation-ellipse values: major-axis lengths for (c) the OSTIA SST on 17 April and
SeaSoar1 and (e) the OSTIA SST on 20 April and SeaSoar2, color-coded as in (a); minor-axis lengths for
(d) the OSTIA SST on 17 April and SeaSoar1 and (f) the OSTIA SST on 20 April and SeaSoar2, colourcoded as in (b); the SeaSoar data is at 10, 100 and 300 m, as indicated. The black/magenta lines show the
SeaSoar1/SeaSoar2 tracks, the white solid lines correspond to the 500 and 1000 m isobaths, and the white
dashed line indicates the mean position of the BCF for April 2017. The grey line shows the position of the
BCF for the 17th April (c, d) and 21st April (e, f) 2017.
Over the SeaSoar survey area, the situation differs substantially at the surface and subsurface
[Figs. 4.5c-f and Figs. S4.11c, S4.12 and S4.13, Supporting Information]. The OSTIA SST field
displays a band of minimum major- and minor-axis correlation lengths along the frontal system
(less than 25/15 km for the major/minor axes), surrounded by values that are at least twice as
large. In contrast, the subsurface SeaSoar data is noisy but shows fairly large values south of
the front (40-50 km for the major axis), in the subantarctic water domain, and much smaller
values along and north of the front (20-30 km for the major axis); nevertheless, the correlations
in the southern domain decrease as we move away from the slope, consistent with the idea
of thermohaline intrusions developing when the two water masses remain in contact for long
enough [section 4.3.3]. Remarkably, the band of minimum surface values is included in the
southern portion of subsurface maximum values, sustaining the idea that this narrow surface
band responds to brackish and relatively cold platform waters stretching along the southern
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sector of the front (Orúe-Echevarría et al., 2019). This is confirmed by the surface salinity values
[Fig. S4.5 and S4.7, Supporting Information].

4.4 Conclusions
We have combined high-resolution remote-sensing surface and SeaSoar-survey subsurface temperature data to explore the structure of the BMC, a very dynamic and intricate open-ocean
frontal system. The spatial resolution of both data sets is about 5 km, although the spatial coverage of the subsurface data is much smaller. The temporal resolution of the surface remotesensing data is 1 day while for the subsurface data we only have two (3-day apart) realizations.
At the sea-surface, the large areal coverage of the SST data allows separating the shelf and
deep-ocean regions. Over the shelf, the temporal correlations are relatively large (5 days) yet
the spatial correlations are moderate (40 km) except in the northern shelf (50-55 km). These
results reflect that, except for the northern margin off La Plata River, the entire shelf is characterized by weak currents. Off the shelf, the results display three major regions: (1) the MC and
its retroflection, characterized by long temporal (4-5 days) and spatial (40-60 km) correlations,
as expected for an intense and coherent current with relatively few mesoscale features; (2) the
BC and its overshoot, represented by short temporal (1.5-3.5 days) but long spatial (40-60 km)
correlations, as foreseen for an intense but more intermittent current, with substantial mesoscale variability; (3) the interior ocean away from the boundary currents, depicted by relatively
long temporal (5-6 days) and short spatial (25-45 km) correlations, reflecting smaller and less
energetic structures.
The SeaSoar data permits having a closer look at the frontal region. The surface waters display both low temporal (1.5-4 days) and spatial (20-30 km) correlations, with an outstanding
narrow band of minimum spatial correlation values, which we ascribe to brackish filaments
stretching from the shelf along the front. At the subsurface, the front is characterized by relatively long/short spatial correlations in its southern/northern sides (40-50 km versus 20-30
km), although the southern correlation distances decrease as we move away from the slope.
These values are consistent with the idea of two colliding water masses, with small mesoscale
intrusions of subantarctic water at the collision and the downstream development of both-sign
submesoscale thermohaline intrusions. Further comparison of the surface and subsurface patterns shows that subantarctic waters are located right below the brackish filament.
The vertical correlation scales reflect the seasonal thermocline, the frontal structure and the
presence of intrusions. The values range between 10 and 25 m, with the longest distances occurring in the subantarctic waters close to the shelf. The observed subsurface distributions are
again consistent with the presence of mesoscale tongues of subantarctic waters close to the
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slope, penetrating north through the front, and submesoscale thermohaline intrusions further
offshore.
Our results point at the frontal system as the locus of high-frequency small-scale processes,
leading to the down-gradient transfer of properties. These subsurface processes, which are
smaller and faster at the subsurface (down to at least about 200 m) than at the sea-surface,
are hardly represented in operational models. An improved representation of the intrusion
dynamics in frontal systems is needed if we wish to properly typify those subsurface processes
that bear global implications.
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Supporting Information
Annex 4.1: Data
The position of the Confluence front was initially estimated from daily SST and SSH images together with one-week forecasts of θ, S and horizontal velocity down to 1000 m, as provided by
the

MERCATOR

Ocean

PSY4V3R1

operational

model

(1/12o

resolution)

(http://marine.copernicus.eu). The precise position was eventually obtained with along-track
in-situ measurements of near-surface θ, S and velocity as well as with hydrographic stations.
The hydrographic measurements were gathered with a SeaBird 911 conductivity-temperaturedepth (CTD) instrument mounted on the SeaSoar, with redundant temperature and conductivity sensors and additional dissolved oxygen, fluorescence and turbidity probes. The SeaSoar
collected data in a sawtooth pattern between the sea-surface and a maximum depth of 400,
with a horizontal spacing of 4 km between apogees and a typical tow speed of 8.5 knots. The
entire dataset is available at Pelegrí et al. (2019).
SST data, with spatial and temporal resolutions of 0.05o x 0.05o and 1 day, correspond to the
Operational Sea Surface Temperature and Sea Ice Analysis (OSTIA) product, which combines
in-situ data with infrared and microwave satellite data.
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Satellite altimetry data are from the multi-satellite delayed time DUACS gridded products (Pujol et al., 2016). These products include absolute dynamic topography (ADT) and surface geostrophic velocity at daily sampling and spatial resolution of 1/4o on a Mercator regular grid.
The altimetry data helps position the SAF and BCF, providing the dynamic context of the region at the time of the cruise. Due to its spatio-temporal coverage, however, it cannot resolve
the variability at periods shorter than 20 days and spatial scales less than 40 km (Pujol et al.,
2016).
The temperature gradients are sharp (up to 0.2 o C km-1 ) at the BMC surface front and less
intense along the BCO path (∼
= 0.08 o C km-1 ). The sampling area is north of the SAF and is
entirely crossed by the BCF; a second thermal front (∼
= 0.03 o C km-1 ) is found in the northern
limit of SeaSoar1, separating the shelf waters stretching on top the BMC front from the northern subtropical BC waters [Figs. 4.1 and 4.2]. During both surveys, the westernmost sections
sampled the near-shore emergence of the confluence point, marked by the MC retroflection and
the BC diversion from the shelf-break.
The comparison of the two surveys reveals a very dynamic region, with substantial θ temporal
changes [Fig. 4.2]. In particular, the ADT and SST fields illustrate that during the three days
between the two surveys (17 and 20 April) the BCF moved north some 20 km (this expansion of
subantarctic waters is confirmed by a temperature decrease in the southern portion of the three
western sections) and the BCO shifted westwards [Fig. S4.4]. Further, the subsurface structures
evolved rapidly, as for example, the cold-water intrusions in the northern extreme of SeaSoar1
were not sampled three days later.

Annex 4.2: Methods
For the OSTIA SST, we calculate the temporal autocorrelation function for each grid point (i,j)
of our extended BMC domain [Fig. 4.1] as follows:



∑rN=+1n+n SST (i, j, r ) − SST (i, j) SST (i, j, r − n) − SST (i, j)
ACFt (i, j, n) =

2
∑rN=1 SST (i, j, r ) − SST (i, j)

where the data are available at daily time steps ∆t and τ

(S.4.1)

= n∆t is the time lag. SST can vary

at many different temporal scales, with the largest variations often at seasonal scales. However,
since we focus on processes taking place at time scales of the order of a few days, the selection
of N∆t = 20 days (with r= 1 corresponding to 1 April 2017) turns out to be adequate; the
results are essentially insensitive to small changes in N . At each grid point, we fit ACFt to
a Gaussian function and define the temporal scale as an e-folding time (Molinari and Festa,
2000), the temporal separation where the autocorrelation decays to e-1 [Fig. S4.1].
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Fig. S.4. 1: Examples illustrating the procedure used to calculate the autocorrelation function: (a) the
temporal autocorrelation ACFt in three grid points of our domain during April 2017 and (b) the vertical
autocorrelation ACFv at 1 m in three grid elements along section II of Seasoar1. The solid lines show the
calculated autocorrelations and the dashed lines represent the best-fit Gaussian functions; the corresponding e-folding times/distances are also shown.

Similarly, for each SeaSoar potential temperature vertical profile, we calculate the vertical autocorrelation function at each cross-frontal grid element l and depth level k as follows:



m + k −1
θ
(
l,
k,
r
)
−
θ
(
l,
k
)
θ
(
l,
k,
r
−
m
)
−
θ
(
l,
k
)
∑rM=+k+
m
ACFv (l, k, m) =

2
+M
θ (l, k, r ) − θ (l, k)
∑rk=
k

where the data are available at vertical intervals of ∆z =1 m and the vertical lag is λ

(S.4.2)

= m∆z.

The calculation is carried out from z=1 m down to z=267 m, at each level over a depth interval
of M∆z = 100 m. The selection of M =100 turns out to be adequate to encompass the range of
vertical correlation scales that characterize the frontal structures.; small increases in M cause
little differences except that there are no results in a more extended lower portion of the water
column. A Gaussian function is adjusted to the autocorrelation function at each frontal position
and depth, and the e-folding distance is selected to be the depth scale [Fig. S4.1].

For both the OSTIA SST and SeaSoar (potential) temperatures at any depth level, we can calculate the horizontal autocorrelation function at each grid point (i, j). For the OSTIA SST this
can be done for any single day while for the SeaSoar we have only two realizations. For either
case, we use a 0.5o x 0.5o window that moves both zonally and meridionally over the entire
frontal region, with an overlapping of 90 % between adjacent windows. Prior to calculating the
autocorrelation, a least-square planar trend is applied to each sub-image in order to eliminate
those scales longer than the window. The autocorrelation function is determined relative to any
(vector) position x through a two-dimensional fast Fourier transform, normalized to the zerolag value. From this autocorrelation function, the principal correlation scales are determined
by adjusting an ellipse (r) to the e-folding correlation coordinates xl = ( xl , yl )
r (x, xl ) = a1 xl2 + a2 y2l + a3 xl yl + a4 xl + a5 yl + a6
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where the coefficients ai = ai (x) (i = 1, 2, ... 6) are obtained using a least-mean square method [Fig. S4.2]. From the orientation of the ellipse, we can identify both the size and
direction of the longest (major axis) and shortest (minor axis) correlation scales.

Fig. S.4. 2: Two examples of the horizontal autocorrelation function (color-coded) and the ellipse fitted
to the e-folding correlation coordinates (black contour). The major and minor axes, and the orientation
angle, defined clockwise from the true north, are shown.

Considering the temporal and spatial resolution of our datasets, we cannot resolve scales shorter than 1 day for OSTIA and smaller than 1 m in the vertical for the SeaSoar, and shorter than
about 5 km in the horizontal for both datasets. For the temporal and vertical autocorrelation
functions, the signal-to-noise ratio (SNR) is estimated from the explained variability at the shortest discriminated scale, with values less than one meaning that most of the fluctuations are not
resolved (Sprintall and Meyers, 1991)
s
SNRt,v ≡

ACFt,v (1)
1 − ACFt,v (1)

(S.4.4)

where ACFt,v (1) is the value of the autocorrelation function in the first adjacent bin. For the
horizontal spatial scales, the SNR is determined as (Hosoda and Kawamura, 2004)
SNRh ≡

q

exp(− a6 )/[1 − exp(− a6 )]

(S.4.5)
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Fig. S.4. 3: Mean ADT (m) for April 2017 (color-coded). The black arrows show the associated mean
surface geostrophic velocity. The magenta lines indicate the path of the SeaSoar surveys.
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Fig. S.4. 4: Frontal positions as derived from the ADT and SST-gradients during 17-21 April 2017,
color-coded per day. The dashed lines show the position of the Subantarctic Front (ADT=0 m) and Brazil
Current Front (ADT=0.3 m) defined as in Ferrari et al. (2017); the 0.6-m ADT contour is also shown as
dashed lines. The continuous lines indicate the position of the BMC based on SST-gradients, following
the methodology in Saraceno et al. (2004). The black thin lines show the SeaSoar tracks.
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Fig. S.4. 5: Vertical sections of salinity along sections I to VI (from top to bottom, as labelled), during
SeaSoar1 (left) and SeaSoar2 (right). The white contours in each panel (displayed from top to bottom)
correspond to the 26.2, 26.8 and 27.0 isoneutral surfaces.
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Fig. S.4. 6: Vertical sections of potential temperature (o C) along sections I to VI (from top to bottom, as
labelled), during SeaSoar1 (left) and SeaSoar2 (right). The white contours in each panel (displayed from
top to bottom) correspond to the 26.2, 26.8 and 27.0 isoneutral surfaces.
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Fig. S.4. 7: Horizontal salinity fields at 10, 50, 100, 200 and 300 m for (left) SeaSoar1 and (right) SeaSoar2.
The location of the SeaSoar1/SeaSoar2 tracks is shown by black/magenta lines.
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Fig. S.4. 8: Horizontal potential temperature (o C) fields at 10, 50, 100, 200 and 300 m for (left) SeaSoar1
and (right) SeaSoar2. The location of the SeaSoar1/SeaSoar2 tracks is shown by black/magenta lines.
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Fig. S.4. 9: Samples of SNR for (a) temporal scales (April 2017), (b) vertical scales (Section II in SeaSoar1),
and (c) OSTIA SST spatial scales (April 2017). In panels (a, c) the magenta lines show the SeaSoar tracks,
the black solid lines correspond to the 500 and 1000 m isobaths and the black dashed line indicates the
mean position of the BCF for April 2017.
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Fig. S.4. 10: Vertical correlation scales along sections I to V1 (from top to bottom, as labelled) during
(left) SeaSoar1 and (right) SeaSoar2. The distance shows the relative position with respect to the BCF,
except for section VI of SeaSoar2 whose origin is set at the southern end.
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Fig. S.4. 11: (a) Mean values (color-coded) and standard deviations (contours) of the correlation-ellipses
orientation during April 2017; the angle is defined clockwise from the true north. (b) Orientation angle
and elliptical contours (1/e correlation length) for 17 April 2017. The white lines correspond to the 1000
m isobath and the mean BCF position for April 2017. (c) Orientation angle as determined from OSTIA
SST for 17 and 20 April 2017 (top row panels) and SeaSoar1 and SeaSoar2 at 10, 100 and 300 m (panels in
rows 2-4). The grey line shows the position of the BCF for the 17th April (left figures) and 21st April (right
figures) 2017.
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Fig. S.4. 12: Major-axis of the correlation ellipses (km) at (a, b) 50, (c, d) 75, (e, f) 150 and (g, h) 200 m
for (left panels) SeaSoar 1 and (right panels) SeaSoar 2. The grey line shows the position of the BCF for
the 17th April (left figures) and 21st April (right figures) 2017.
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Fig. S.4. 13: Minor-axis of the correlation ellipses (km) at (a, b) 50, (c, d) 75, (e, f) 150 and (g, h) 200 m
for (left panels) SeaSoar1 and (right panels) SeaSoar2. The grey line shows the position of the BCF for the
17th April (left figures) and 21st April (right figures) 2017.
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Mixing in the Brazil-Malvinas Confluence
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Abstract
The temperature-salinity distribution in the ocean is the outcome of energy inflow at many
different scales and its transfer towards smaller scales and eventual dissipation at molecular
scales. Here, we use microstructure data collected along the South Atlantic Subtropical Front
in order to assess the role of dianeutral mixing by small-scale turbulent diffusive fluxes and
isoneutral mixing induced by mesoscale eddy stirring in setting the temperature-salinity relationship in the Argentine basin. Enhanced dianeutral diffusivity values are found in the upper
500 downstream the Brazil Current Overshoot region and at depth near each side of the basin,
associated with the continental margin on the west and the abrupt topography of the midAtlantic ridge on the eastern limit. Isoneutral eddy diffusivity is high below 500 m, mostly
exceeding 103 m2 s-1 , and intensifies below 800 m in the centre of the basin. Finally, the isoneutral diffusivity is combined with climatological potential vorticity data in a flux-gradient
parameterization in order to estimate the along isoneutral eddy-induced meridional volume
flux across the Subtropical Front. Most intense eddy-induced advection occurs in the upper
600 m. The basin integrated eddy overturning streamfunction contributes to the subduction of
about 2.5 Sv of Subtropical Mode Water and Antarctic Intermediate Water into the subtropical
thermocline and the poleward transport of around 1 Sv in the Upper Circumpolar Deep Water
layer.

Mixing in the BMC

5.1 Introduction
Turbulent mixing plays a major role in the distribution of oceanic tracers such as heat, salt, nutrients or dissolved oxygen (Dong et al., 2014; Dufour et al., 2015), in the water mass formation
(Cerovečki et al., 2013; Groeskamp et al., 2017) and in the meridional overturning circulation
(MOC) (Munk and Wunsch, 1998; Marshall and Speer, 2012; Naveira Garabato et al., 2016).
These mixing processes are the direct consequence of different physical phenomena, including
small-scale dianeutral mixing and isoneutral stirring induced by mesoscale eddies.
Small-scale turbulent dianeutral fluxes are the major process leading to vertical smoothening of
water properties. Dianeutral mixing is quantified in terms of a turbulent dianeutral diffusivity
which presents high spatial variability, ranging between O (10-7 ) and O (10-3 ) m2 s-1 (Kunze et
al., 2006; Whalen et al., 2012; Waterhouse et al., 2014). Intense diffusivities are found in the upper 1000 m, related to wind-generated near-inertial waves (Whalen et al., 2012; Waterhouse et
al., 2014). At higher depths, high values are associated with breaking internal waves at regions
with strong near-bottom flows, rough topography and abrupt ridges or continental margins
(Polzin et al., 1997; Ledwell et al., 2000; Nash et al., 2004; Walter et al., 2005; Naveira Garabato
et al., 2013; Waterhouse et al., 2014).
Mesoscale eddies mix ocean properties along isoneutral surfaces, stirring background tracers
such as heat, salt or dissolved gases. Below the Ekman layer, this mechanism is responsible for
most of the poleward transport of these tracers across the Antarctic Circumpolar Current (ACC)
fronts, which act as barriers for the meridional fluxes (Dufour et al., 2015). Besides diffusive fluxes, eddies induce southward advective volume transports across frontal systems. At the ACC,
this eddy-advection settles an overturning cell where deep waters upwell poleward and balance the equatorward subduction of intermediate waters along isonetrual surfaces (Marshall and
Radko, 2003; Marshall and Speer, 2012; Mazloff et al., 2013). In addition, at Subtropical Fronts
(STF), these mesoscale eddy fluxes strengthen the subduction of newly ventilated mode water
into the main thermocline (Marshall, 1997; Henning and Vallis, 2004; Xu et al., 2016).
Eddy-induced transports are usually parameterized as a down-gradient eddy property flux
(e.g. Treguier et al., 1997), which depends on the mixing capacity of mesoscale eddies, characterized in terms of an isoneutral diffusivity (Abernathey et al., 2010). This diffusivity varies with
longitude, latitude and depth between O (101 ) and O (104 ) m2 s-1 (Abernathey and Marshall,
2013; Bates et al., 2014 Cole et al., 2015; Roach et al., 2018), and becomes intensified in regions
of strong zonal currents and elevated eddy kinetic energy, such as in the equatorial current system, the ACC and the western boundary current extensions (Abernathey and Marshall, 2013;
Klocker and Abernathey, 2013; Cole et al., 2015; Roach et al., 2018). At these locations, maximum diffusivity values are found at the steering level, that is, where the propagation speed
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of eddies approaches that of the mean flow, but are reduced at the surface where both velocities differ (Abernathey et al., 2010; Ferrari and Nikurashin, 2010; Naveira Garabato et al., 2011;
Bates et al., 2014; Tulloch et al., 2014).
Regional and global surface and subsurface isoneutral diffusivity estimates highlight the elevated values at the Argentine basin, particularly over the Confluence of the two western boundary currents, the Brazil and Malvinas Currents (BM and MC), and around the Zapiola Drift
(Abernathey and Marshall, 2013; Cole et al., 2015; Roach et al., 2018). The BMC is a particularly
relevant region in the Atlantic Meridional Overturning Circulation (AMOC). It holds intense
water mass transformations that arise from the high property contrast between the subantarctic
and subtropical waters south and north the STF, respectively (Garzoli and Matano, 2011; Valla
et al., 2018; Orúe-Echevarría et al., 2019). Besides, important meridional transferences take place across the front (Bianchi et al., 1993; Campos et al., 1995; Schouten and Matano, 2006; Jullion
et al., 2010) as well as the formation and subduction of Subtropical Mode Water (Campos et al.,
1999; Porovost et al., 1999; Sato et al., 2014).
Mesoscale eddy fluxes and small-scale turbulent mixing have a leading role in these processes.
On one hand, diapycnal diffusivities estimated with direct microstructure data reveal mean
values of order 10-5 m2 s-1 (Waterhouse et al., 2014). These diapycnal fluxes contribute to the
intense water mass modifications in the region, such as the transformation of deep waters (Upper Circumpolar Deep Water, UCDW, and North Atlantic Deep Water, NADW) into intermediate Subantarctic Mode Water (SAMW) and Antarctic Intermediate Water (AAIW), and the
transformation of these masses through heat and salt fluxes from the overriding Subtropical
Mode Water (STMW) (Piola et al., 2000; Sloyan and Rintoul, 2001). This, for example, results
in AAIW over the mid-Atlantic ridge (MAR) that is warmer and saltier than over the BMC
(Sloyan and Rintoul, 2000). On the other hand, isoneutral diffusivity determined from Argo
floats are overall high, between O(102 m2 s-1 ) and O(104 m2 s-1 ) (Cole et al., 2015; Chapman
et al., 2017; Roach et al., 2018). This suggests the prominent role of the BMC in the poleward
transference of properties, also suggested by the eddy heat fluxes estimated from numerical
models (Schouten and Matano, 2006) or sea surface height anomalies (Foppert et al.; 2017).
Furthermore, numerical models indicate that eddy-induced mass advection may have a relevant contribution to the along isoneutral subduction of mode and intermediate waters into the
subtropical gyre (Schouten and Matano, 2006; Tanaka and Hasumi, 2008).
Here, based on in-situ microstructure and hydrographic data as well as climatological information, we assess the relative roles of dianuetral and isonetrual diffusivities setting the mean
potential temperature - salinity (θ-S) relationship in the Argentine basin as well as the eddyinduced transports across the STF. The study is organized as follows. The theory of how turbulent fluxes establish the mean temperature-salinity relationship and contribute to the meridional volume fluxes is discussed in section 5.2. The dataset and analysis methodology are
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described in section 5.3. Section 5.4 presents the synoptic conditions and estimates the mixing
coefficients and finally we provide the main conclusions in section 5.5.

5.2 Methodology
5.2.1 The temperature-salinity relationship
The θ-S relationship is the result of thermohaline variability induced by fluctuations acting at
different scales, from the large-scale general circulation to intermediate and dissipative
  scales.
This variability can be assessed through the potential temperature variance

0

θ 2 equation,

obtained from the heat equation following a “Reynolds decomposition” of the temperature
0

0

θ = θ̄ + θ and velocities u = ū + u ,
0

∂θ 2
+ ∇ · (uθ 0 2 + u0 θ 0 2 − κ ∇θ 0 2 ) + 2u0 θ 0 · ∇θ = −2κ ∇θ 0 · ∇θ 0
∂t

(5.1)

where u is the three-dimensional velocity vector and κ the heat molecular diffusivity, overbars
denote temporal mean and primes the deviations from that mean. This equation states that the
generation and transport of potential temperature fluctuations (left-hand side) is balanced by
its dissipation by molecular motions (right-hand side). Assuming that fluctuations are statistically stationary and homogeneous (Ferrari and Polzin, 2005), the first four terms vanish, and
the equations simplify to

1
0 0
0
0
u θ · ∇ θ = −κ ∇ θ · ∇ θ ≡ − χ
2

(5.2)

where χ is the rate of dissipation of temperature variance, which can be measured with fastresponse thermistor probes. Equation 5.2 is the Osborn-Cox relation (Osborn and Cox, 1972)
which equals the generation of variance by eddies stirring the background gradient (left-hand
side) with its removal by molecular mixing (right-hand side).
In order to assess the interactions between the large, intermediate and small-scale flows in
setting the large scale θ-S distribution, we consider the triple decomposition of variables into
large-scale motions, mesoscale fluctuations and microscale turbulence (Joyce, 1977; Davis, 1994;
Garret, 2001; Ferrari and Polzin, 2005); in a way, this is as decomposing the fluctuations into
intermediate (mesoscale and internal waves) and microscale (turbulence supporting unstable
overturns and direct molecular dissipation) scales: θ

0

0

= θe + θt and u = ue + ut (Ferrari

and Polzin, 2005; Naveira Garabato et al., 2016). The previous equation becomes
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0
0
1
hut θt i · ∇⊥ θ + hue θe i · ∇k θ = −Kt |∇⊥ θ |2 − Ke |∇k θ |2 = − hχi
2

(5.3)

where Kt and Ke respectively are the dianeutral and isoneutral diffusivities, and ∇⊥ and ∇k
indicate gradient operators across and along neutral density surfaces, respectively. Equation
5.3 states that the variance of potential temperature is produced by both small scale turbulence
(taken as a dianeutral or vertical turbulent flux acting on the vertical mean temperature gra0

= −Kt |∇⊥ θ |2 ), and by mesoscale eddies (taken as a lateral isoneutral
0
eddy flux acting onto horizontal gradients of the large-scale hue θe i · ∇k θ = − Ke |∇k θ |2 ),
dient, hut θt i · ∇⊥ θ

and that both together equal molecular mixing. The balance between the generation of temperature variance by mesoscale eddy stirring and its dissipation by molecular mixing is not
expected to meet locally. Therefore, the balance in Equation 5.3 might only be fulfilled when integrated over large horizontal scales of persistent thermohaline variability (Naveira Garabato
et al., 2016).
The dianeutral diffusivity, Kt , can be determined from the turbulent kinetic energy dissipation
rate (e), estimated from microstructure measurements, through a mixing efficiency coefficient
(Γ),

Γe
Kt = 2
N

g
where N 2 is the squared buoyancy frequency N 2 = − ρ
0

(5.4)
∂ρ
∂z



and Γ is taken to be 0.2 (Os-

born, 1980). Replacing in Equation 5.3 it is possible to estimate the isoneutral diffusivity (Ke ),
which characterizes the rate of eddy stirring,

χ/2 − Γe/N 2 |∇⊥ θ |2
Ke =
|∇k θ |2

(5.5)

Equation 5.5 does not specifically include the effect of double-diffusive instabilities in the dianeutral production of temperature variance. Instead, the variance generated by these processes
will be included in the isoneutral production, resulting in larger Ke values (Merrifield et al.,
2016). This effect could be significant in the BMC region, particularly in the top 600 m and the
upper NADW layer, where double diffusivity is a possible mechanism for vertical mixing (You,
1999, 2002; Bianchi et al., 2002).
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5.2.2 Eddy induced overturning
Mesoscale eddies, besides inducing the poleward flux of tracers, contribute to the overturning
circulation of the Southern Ocean, through southward mass advection. In addition, eddy advection helps strengthen the subduction of intermediate and mode waters at STFs (Speer et
al., 2000; Henning and Vallis, 2004; Xu et al., 2016). The eddy-induced meridional transports
have been related to the downgradient transport of potential vorticity (PV, q

=

(ζ + f ) ∂ρ
ρ0
∂z )

(Marshall et al., 1993; Speer et al., 2000; Karsten and Marshall, 2002). PV is defined as q

≡

z is the vertical
( f + ζ )/h ∼
= f /h , where h =
coordinate, ρ0 is a constant reference density, and ζ is the vertical component of the relative
∂z
ρ0 ∂γ
is the thickness of the isoneutral layer,

vorticity.
Assuming that eddies mix PV along isoneutral surfaces
(Green, 1970; Rhines and Young, 1982),


the mean geostrophic eddy meridional flux of PV u0 q0 is determined as an isoneutral downgradient diffusion of PV (Treguier et al., 1997),
0 0

u q ≈ − Ke ∂k q

(5.6)

where ∂k q is the along-isoneutral meridional PV gradient; this equation simply assumes that
PV will diffuse as any other tracer (Plumb and Mahlman, 1987; Smith and Marshall, 2009; Bates
et al., 2014).
From the along-isoneutral eddy PV flux, using the equation for the residual meridional velocity
in a transformed Eulerian-mean formulation (Ferreira et al., 2005, Abernathey et al., 2010), the
eddy induced advective velocity (u∗ ) is defined as the ageostrophic part balanced by the PV
flux,

u∗ =

∂ψ∗
1
≡ u0 q0
∂z
f

(5.7)

where ψ∗ is the eddy-induced streamfunction and f the Coriolis parameter. From this velocity
we can estimate the meridional eddy volume
0

h u∗ = hL

ke
∂ q
f k

(5.8)

where h is the isoneutral surface thickness and L a characteristic length scale (Argentine basin
length). The eddy induced meridional volume flux will thus vary spatially with Ke and the
large-scale isoneutral PV gradient.
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5.3 Data
The hydrographic, velocity and microstructure data were gathered during the GEOTRACES
40S zonal section across the South Atlantic, on board the RRS James Cook during January 2012,
as part of the GEOTRACES program (http://www.geotraces.org/). We use data from 9/10
CTD/microstructure stations in the western part of this section, along 40o S between about
20o W and 47o W and from this last location normal into the slope [Fig. 5.1]. The bottom topography changes along the section, with the first two stations over the Argentine slope, stations
3 to 6 over the smooth topography of the Argentine basin and stations 7 to 9 over a rough
topography associated with the MAR [Fig. 5.1a].

Fig. 5. 1: Southwest Atlantic. (a) Bottom topography (GEBCO, 2008). (b) Mean EKE for 24 years (19932016) as determined from the DUACS gridded absolute dynamic topography (ADT) product (Pujol et al.,
2016). Black contours are ADT contours at intervals of 0.2 m. Thicker contours indicate the mean location
of the Subantarctic Front (SAF) and Subtropical Front (STF), determined using ADT values of -5 and +30
cm. Representative pathways of the Brazil Current (BC), Malvinas Current (MC), Malvinas Return Current (MRC), Brazil Current Overshoot (BCO) and Zapiola Drift are indicated in white. The locations of
the GEOTRACES 40S microstructure stations analysed in this study are indicated by black dots. (c) θ-S
diagram along the zonal section. Black lines indicate density levels delimiting the different water masses, STMW (Subtropical Mode Water), SAMW (Subantarctic Mode Water), AAIW (Antarctic Intermediate
Water), UCDW (Upper Circumpolar Deep Water), NADW (North Atlantic Deep Water (NADW), LCDW
(Lower Circumpolar Deep Water), AABW (Antarctic Bottom Water).
The section roughly follows the STF, a boundary between relatively warm-salty subtropical and
cold-fresh subantarctic waters. Stations 1 to 3 occupy slightly northern positions, being over
the BC core. Stations 6 to 10 are north of the front while stations 4 and 5 are on the southern
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flank, presenting slightly fresher and colder subantarctic origin waters [Fig. 5.1c]. The western
stations (2 to 4) are on a very energetic region, where eddy kinetic energy (EKE) values exceed
1000 cm2 s-2 , associated to eddies detached from meanders of the BC (Lentini et al., 2006;
Saraceno and Provost, 2012) [Fig. 5.1b].
Conductivity-temperature-depth (CTD) data were obtained with a SeaBird 911 plus multiparametric probe, processed at a vertical resolution of 2 dbar. Horizontal velocity profiles were
measured at each CTD cast with a downward-looking 300 kHz RDI Workhorse lowered acoustic Doppler current profiler (LADCP) fitted to the CTD frame, providing velocity measurements
in 10-m bins from the surface to the seafloor. LADCP data were processed using the velocity
inverse method (Visbeck, 2002).
Microstructure profiles were collected with a free-falling Vertical Microstructure Profiler 5500
(VMP), from the UKORS instrument pool. This equipment allows resolving the velocity and
temperature microstructure, necessary to estimate e and χ were estimated. The VMP consisted of two airfoil shear probes, two fast response thermistors and a dual needle conductivity
cell capable of resolving scales from one meter to several millimetres. It also included a highresolution SeaBird 3–4 CTD. The frequency of microstructure and CTD data sampling was 512
Hz and 32 Hz respectively. Variance of the vertical gradient in velocity and temperature were
gridded at 0.5 dbar using 1-second bin lengths. Microstructure cast locations were recorded as
the midpoint between the instrument deployment and recovery position.
The e and χ measurements are bin-averaged at neutral density (γn ) intervals of 0.08 kg m-3 .
This bin size represents a compromise between the vertical resolution and a sufficient number
of data at each interval so as to be statistically robust. N 2 is determined from the CTD data and
averaged over the same neutral-density bins.
The large-scale mean potential temperature θ is determined in two steps, following the methodology in Naveira Garabato et al. (2011). We first bin-average the CTD potential temperature
over the same γn intervals as the microstructure variables and then fit a cubic spline to each
isoneutral level. The dianeutral gradients are determined using centered differences in the neutral density space, except for those bins adjacent to bins with no data where we use forward or
background differencing. In the case of isoneutral gradients, we looked for cross frontal property gradients.
We estimate along-isoneutral PV gradients from climatological data. We use the World Ocean
Atlas 2013 (WOA-13, http://www.nodc.noaa.gov/OC5/woa13/) (Locarnini et al., 2013; Zweng
et al., 2013), which provides temperature and salinity fields at standard depths and 1/4o resolution, from which we determine the climatological γn . We bin-average the climatological PV
and meridional PV gradients (∂k q) at the same γn intervals as the microstructure data and
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determine the layer thickness h as the difference in depth of the isoneutral surfaces. Finally, we
interpolate these variables onto the position of the microstructure stations.

5.4 Results
5.4.1 Hydrographic and microstructure properties
The θ-S distribution along 40o S shows large thermohaline fluctuations at almost all density
classes [Fig. 5.1c]. Below the mixed layer, the largest isoneutral variability is found between 500
and 1100 m (27.1<γn <27.4 kg m-3 ) and in the NADW layer (27.9<γn <28.1 kg m-3 ). This may
suggest important along isoneutral temperature variance production at these density levels. On
the other hand, the AABW layer shows a tighter θ-S relation, where we may expect a dominant
role of dianeutral mixing.
The maximum horizontal and vertical θ̄ gradients are found above the 27.2 kg m-3 isoneutral
[Fig. 5.2]. At these levels there is substantial variability in the horizontal θ̄ gradients, responding to reversals in the isoneutral slopes associated with mesoscale features. The most intense
gradients mark the transition between the warm waters in the core of the BC (stations 1-2) and
the relatively cold waters in the BC offshore recirculation (BC overshoot or BCO) (stations 3-4),
and from warm waters north of the STF (stations 6-7) to cold waters in stations further south
(stations 4-5), in all cases associated with the shoaling of isoneutral surfaces. In contrast, all variables (θ̄ , ∂⊥ θ̄ , ∂k θ̄ and N 2 ) are relatively homogeneous in denser layers. Maximum velocities
occur in the western stations, especially over the BC, where velocities keep high down to about
600 m. Station 7, located over the western limit of the MAR, presents relatively high velocities
at all depths.
Microstructure estimates of turbulent dissipation e and dissipation of temperature variance χ
[Fig. 5.3] show elevated values in the upper 500 m (near or above 10-9 W kg-1 and 10-7 o C s-1 ,
respectively), and decrease between one and two orders of magnitude below the 27.2 kg m-3
isoneutral. The most intense e values are found in the upper 400 m of the station downstream
the BCO (station 4), where mean turbulent dissipation value is 5.4 x 10-9 W kg-1 . At denser
levels, the stations over a more complex bathymetry (stations 1, 2 and 7) show enhanced e
values. Regarding dissipation of temperature variance, values in the western stations (1 to 5)
are higher than in the eastern stations (6 to 10) at almost all density classes, with mean values
of 1.8 x 10-7 o C s-1 and 1.3 x 10-7 o C s-1 , respectively. Particularly intense χ values take place
in the upper 400 m of station 3, where it reaches up to two orders of magnitude more than in
the remaining stations.
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Fig. 5. 2: Zonal section of (a) mean potential temperature θ̄, (b) vertical potential temperature gradient

∂⊥ θ̄, (c) horizontal potential temperature gradient ∂k θ̄, (d) buoyancy frequency N 2 , and (d) LADCP absolute velocity v, along each isoneutral surface. Black contours show pressure contours. vertical lines
indicate the position of the microstructure stations.

The distribution of both variables is very similar, with a general increase, both at depth and
especially in the upper ocean, at the BMC (west of station 4). The general qualitative enhancement of χ over e suggests isoneutral stirring might be the principal process counterbalancing
the dissipation of temperature variance across the basin, whereas the qualitative decline of χ
between 1100-2500 m in the stations over the MAR may indicate the important implication of
dianeutral mixing at this location.
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Fig. 5. 3: Vertical zonal section of the log distributions of (a) rate of dissipation of temperature variance
χ, (b) turbulent kinetic energy dissipation rate e, and (c) dianeutral diffusivity Kt . Gray contours show
pressure contours. Black vertical lines indicate the position of microstructure stations.

5.4.2 Dianeutral and isoneutral stirring
The mean Kt across the basin is 1.2 x 10-2 m2 s-1 , with values varying by as much as two orders
of magnitude in the vertical along the section [Fig. 5.3c]. Below 100 m, the western four stations
present values higher than stations to the east, with mean values of 2.0 x 10-5 m2 s-1 and 0.8 x
10-5 m2 s-1 respectively. Especially remarkable are the large values (>2.0 x 10-2 m2 s-1 ) in the
26.6-27.24 kg m-3 density range of stations 3 and 4, where Kt is between half and one order of
magnitude larger than in the rest of the section. Below 500 m, enhanced Kt values are found in
stations over rough topography or near the shelf-break (stations 1, 2 and 7), being particularly
high in the AAIW-UCDW layers of station 7 (peak values of 2.4 x 10-5 m2 s-1 ).
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Fig. 5. 4: (a) Rate of dissipation of temperature variance χ/2 (gray bars) and rate of dianeutral produc2

tion of temperature variance Kt ∇⊥ θ̄ (thicker contour bars) with along isoneutral potential temperature
gradient ∂k θ̄ (color-coded). (b) Isoneutral diffusivity Ke (gray bars) with LADCP speed (color-coded).

For density layers lighter than 27.3 kg m-3 , most stations show an approximate balance between
the dianeutral production of temperature variance (Kt

2

∇⊥ θ̄ ) and its dissipation (χ/2) [Fig.

5.4a]. On the contrary, deeper layers show low dianeutral variance production, suggesting a
relatively large isoneutral production. Large temperature variance deficits, that is dianeutral
production less than dissipation, are found in the 27.8 - 28.1 kg m-3 density range and vary
between one and three orders of magnitude. The low ∇⊥ θ̄ values in these layers may lead to an
underestimation of dianeutral temperature variance production. Yet, it corresponds to NADW,
where thermohaline variability is high [Fig. 5.1c] and therefore large isoneutral diffusivities are
expected.
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Since e and χ show qualitative differences east (stations 6-10) and west (stations 1-5) of the BCBCO, we expect a different balance between temperature variance production and dissipation
in each flank of the section [Fig. 5.5]. In the upper 500 m, both variables show a fair balance
between production and dissipation. On the other hand, for density classes 27.2-27.8 kg m-3 ,
there are large differences, with imbalances about one order of magnitude larger in the western
than in the eastern stations. Finally, the densest layers show an imbalance of around one order
at magnitude both sides of the section.

Fig. 5. 5: Mean profiles of the rate of dissipation of temperature variance χ/2 (gray bars) and Kt ∇⊥ θ̄

2

(thicker contour bars) distinguishing between (a) western stations (1, 2, 3, 5) and (b) eastern stations (6, 7,
8, 9, 10).

Along isoneutral diffusivity (Ke ) varies by as much as two orders of magnitude but is usually
above 103 m2 s-1 [Fig. 5.4b]. In most stations, isoneutral diffusivity increases below 200 m
(γn <26.8 kg m-3 ), once the intense horizontal gradients and velocities of the upper layers decrease [Fig. 5.2]. In the upper 200 m, the BC station is the only one that has Ke exceeding 104 m2
s-1 . Below 500 m (>27.2 kg m-3 ), Ke is generally enhanced, with peak values over the smooth
topography of the Argentine basin (station 5 to 8). Below 1300 m, Ke decreases at both extremes
of the section, where bottom topography is more complex and dianeutral diffusivity values are
high. There are remarkable the low Ke diffusivity values found at all density classes in the
station located downstream the BCO (station 4); indeed, in this station dianeutral production
nearly balances the dissipation of temperature variance.
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Fig. 5. 6: (a) Isoneutral potential vorticity expressed as log10 (−q), (b) along isoneutral potential vorticity
0

0

gradient ∂k q, (c) eddy potential vorticity flux u q , and (d) eddy volume flux eddy induced advective
velocity u∗ . Black contours show pressure levels (in dbar).

5.4.3 Eddy PV transport
The lowest q values, O(10-9 m-1 s-1 ), are found in layers lighter than γn =27.2 kg m-3 , especially
over the BC and downstream the BCO (stations 4-5), corresponding to mode waters near the
BMC [Fig. 5.6a]: STMW formed over the BCO (Provost et al., 1999; Sato and Polito, 2014) and
SAMW transported by the MC (Piola and Gordon, 1989). Below 600 m, the q differences along
the section decrease.
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The mean PV gradient is around 10-13 m-2 s-1 in the upper 400 m, intensifying in the western
three stations [Fig. 5.6b], but decreases in layers denser than 27.3 kg m-3 , with values one or two
orders of magnitude lower. The sign of the PV gradient indicates the sense of the flux: positive/negative ∂k q indicate poleward/equatorward eddy transports. The lighter layers (γn <26.6
kg m-3 or z

≤ 100 m) present positive/negative values east/west of the MAR. The density
range 26.6 <γn <27.3 kg m-3 shows negative ∂k q values in most of the section, while positive
values dominate for γn >27.3 kg m-3 or depths down to 1800 m. Finally, we find overall positive
∂k q values in the bottom layers.

Fig. 5. 7: a) Eddy volume flux h0 u∗ . b) Section integrated eddy overturning streamfunction. Positive
(negative) values indicate northward (southward) transports.
0 0

As expected from the spatial variability of both PV gradients and Ke , the u q transports change
along the section and with depth, with absolute values ranging between O(10-12 m s-2 ) and

O(10-7 m s-2 ) [Fig. 5.6c]. The peak transports (4.2 x 10-8 m s-2 ) are found in the upper 600 m.
There are flow reversals at different density levels, mostly equatorward (positive values) in the
upper 500 m and bottom waters and poleward (negative values) between 500 and 2500 m. The
largest equatorward fluxes (2.5 x 10-8 m s-2 ) take place in the uppermost 150 m of stations 3-4,
where ∂k q is more intense despite the low Ke values, and in stations 5-7 below 200 m, where
both positive PV gradients and Ke increase. Below 800 m, the differences along the section are
reduced, with a mean poleward PV flux of 4.3 x 10-9 m s-2 .
0

0 0

The eddy volume transport h u∗ [Fig. 5.7a], determined from u q and mean isoneutral layer
thickness, presents peak values of 0.5 Sv, although mean values are of O (10-2 Sv). The largest
0 0

equatorward eddy volume fluxes are determined by the large u q in the top 250 m of station
2 and between 150 and 500 m of stations 5-7. Below 700 m, the eddy volume flux is poleward
along the entire section, being more intense in the 27.4<γn <27.8 kg m-3 density classes.
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Finally, we sum up the eddy-induced advection in a zonally integrated eddy overturning
streamfunction [Fig. 5.7b]. This is generally negative, presenting a 1.2 Sv poleward transport
in the 27.3<γn <27.9 kg m-3 density classes. On the contrary, lighter layers show the equatorward subduction of around 0.5 Sv in the AAIW layer and a maximum of around 2 Sv in the
STMW-SAMW layers.

5.5 Conclusions
We have examined the distribution of dianeutral and isoneutral diffusivity across the South
Atlantic Subtropical Front (STF) in the Argentine basin. From the analysis of microstructure measurements in the framework of the triple decomposition of the temperature variance,
which assumes that the heat variance generated by dianeutral small-scale stirring and by isoneutral mesoscale stirring is dissipated by molecular mixing. In addition, from this isoneutral
diffusivity and the climatological potential vorticity gradients (PV), we determine the eddy
induced meridional advective velocity and therefore the eddy-induced overturning streamfunction across the STF.
The turbulent dissipation of temperature variance (χ) increases in the western Argentine basin, with enhanced values downstream the main meanders of the Brazil Current (BC), the BC
offshore recirculation and the BC overshoot (BCO). The mean dianeutral diffusivity is O (10-5 )
m2 s-1 , which is of the order of mean values reported by Whaterhouse et al. (2014) for this same dataset. However, in this study we have assessed the spatial distribution along the section,
finding maximum values at depth over the rough topography of the mid-Atlantic ridge and
the continental platform and between 200 and 800 m (26.6 <γn <27.3 kg m-3 ). These are particularly high downstream the BCO, about two orders of magnitude larger than the background
values in the section. The associated mixing may contribute to the winter and mid-spring Subtropical Mode Water and Subantarctic Mode Water formation (Provost et al., 1999; Sato and
Polito, 2014), as has been suggested for the formation of SAMW north of the Subantarctic Front
in the South Pacific Ocean (Sloyan et al., 2010).
Isoneutral diffusivity by mesoscale eddies is overall above 103 m2 s-1 . The density classes 26.4
<γn <27.4 kg m-3 present high values all along the section (2.2 x 103 – 3.8 x 105 m2 s-1 ), about
one order of magnitude than shallower layers. Overall, the most intense diffusivity values are
found downstream the BCO, over the smooth topography of the Argentine basin. Particularly
high values are present in the 26.9 <γn <27.2 kg m-3 density classes and below 1300 m (γn
>27.76 kg m-3 ). The isonetrual diffusivities determined in this study are 1 to 2 orders of magnitude larger than estimates from Argo floats, with the greatest differences occurring in the
centre of the basin at depths below 1500 m (Chapman et al., 2017; Cole et al., 2018). These large
discrepancies may be related to either the different methodologies used in each case or to the
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intense double diffusive activity in these deep layers.
Enhanced isoneutral diffusivity values in the upper 500 m are associated with the presence of
intense potential vorticity (PV) gradients and drive the northward PV fluxes at these layers. Below, despite the low PV gradients, the strengthen of isoneutral mixing in the centre of the basin
leads to the southward flux of UCDW. This flux results in the equatorward subduction of about
3 Sv of Subtropical Mode Water and lighter Antarctic Intermediate Water into the Subtropical
gyre. Only few studies have quantified the eddy contribution to the mode water subduction
across the STF of the South Atlantic. Our diffusivity estimates are comparable to previous estimates based on eddy-resolving models (Schouten and Matano, 2006; Tanaka and Hasumi,
2008), although the eddy-transport accounts for about only the 25 % of the total intermediate
water subduction determined by Karstensen and Quadfasel (2002) with a water-age approach
or by Jullion et al. (2010) from an inverse box model. Nevertheless, our measurements confirm
that eddy stirring contribute substantially to the subduction of new STMW and AAIW into the
subtropical thermocline. Further deep, the eddy transports induce a poleward flux of about 1
Sv in the 27.3 <γn <27.9 kg m-3 density classes, mainly occupied by Upper Circumpolar Deep
Water.

218

Part IV

General conclusions
and future perspective

Conclusions

Conclusions
The BMC is one of the most outstanding frontal systems in the world ocean. Despite the regional character of this system, it holds processes with implications in the whole South Atlantic
circulation, becoming a key point in the returning path of the AMOC. The encounter of subantarctic and subtropical waters, together with the rich eddy field generated downstream the
collision point, favours intense mixing processes and enhances the exchange of heat and salt
across the STF, therefore driving strong water mass modifications. In addition, it holds the formation and northward subduction of mode water masses, hence contributing to the ventilation
of the permanent thermocline.
Despite its remarkable importance, we still know little about the dynamics of the BMC. Its high
spatial and temporal variability (e.g., Barré et al., 2006; Ferrari et al., 2017; Paniagua et al., 2018;
Valla et al., 2018) contests the proper description of the main dynamic processes, from the regional circulation patterns to the fine-structure mixing, there still being numerous research gaps
to fill. The conceptual and observational challenge is the study of very different processes that
cover many spatial and temporal orders of magnitude and, very particularly, their interactions.
In this dissertation we have addressed this challenge through the revision of historical data,
which includes recent studies of the MC at 41o S (Ferrari et al., 2017; Artana et al., 2018; Paniagua et al., 2018), and the analyses of two novel high-resolution oceanographic cruises as well as
remote sensing (SST and SSH), model and climatological data. These analyses have included
a variety of techniques that encompass inverse regional-scale modelling, mesoscale diffusivity,
submesoscale variability and energy dissipation at the microstructure.

Choke regions in the global heat transport
The ocean plays a crucial role in the Earth’s global energy budget, being the Earth’s primary
heat reservoir and accounting for about half the tropical latitudinal heat transport (e.g. Palmer and McNeall, 2014; Von Schuckmann et al., 2016). Variations in ocean heat content and,
very particularly, changes in the intensity and location of the latitudinal transports do play a
fundamental role in global and regional climate variability.
In Chapter 1 we have used a five-box model to explore what is the steady-state of the atmosphereocean latitudinal heat budget and how it changes at glacial-interglacial time-scales. Both the
atmosphere and oceans are split into two latitudinal zones: a low-latitude zone (tropical- subtropical) where incoming solar radiation exceeds outgoing radiation and a high-latitude zone
(subpolar-polar) with the opposite radiative balance. This model has allowed us to explore how
the heat content and transport relate these to different processes such as changes in the global
overturning circulation or the ice-albedo feedback at high latitudes.
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We have found that the strength of the meridional heat exchange is primarily determined by
the temperature gradient between the tropical-subtropical and subpolar-polar latitudes. High
temperature gradients are found at key ocean regions – choke regions – that characterize the
meeting site of the different radiative regimes. In these choke regions there are regional, mesoscale and small-scale processes that may either contribute to block or enhance meridional heat
transfer. The two major choke points in the South Atlantic Ocean are the Agulhas retroflection
and the BMC. Both regions connect the Atlantic basin with the other two major oceanic basins, Indian and Pacific Oceans, in what are known as the warm and cold routes of the MOC.
The BMC, in particular, is a key western-boundary site connecting subtropical and subantarctic
waters.

Circulation at the BMC
In Chapter 2 we describe the hydrographic conditions found during an early fall cruise (TICMOC, March 2015) in the BMC and compare them with the conditions provided by both an
eddy-resolving reanalysis product and climatological data. The description focuses in the contrasting properties of the two western boundary currents, in the mesoscale features surrounding the confluence front and in the cross-frontal structures. The most notorious features of the
frontal system are the very intense frontal jet, where the surface velocity is higher than 1 m s-1 ,
and the cross-frontal thermohaline intrusions, which are reproduced neither in the reanalysis
nor in the climatology.
We also assess the presence of large amounts or RdlP water on top the Confluence. Our results
indicate that offshore transport of surface waters (RdlP and SASW) is related to the local wind
forcing (intensity and directionality), the location of the maximum detrainment (position of the
BMC) and the intensity of the two western boundary currents (Guerrero et al., 2014; Matano
and Combes, 2014; Combes and Matano, 2018; Franco et al., 2018). The signature of these surface waters disappears at around 50o W but they contribute to the freshening and cooling of the
near-surface waters of subtropical origin, TW and STMW; these subtropical waters are transported eastwards by an intense jet that develops along the BCF, with a substantial ageostrophic
contribution, and stretches for several hundred kilometres into the interior ocean. The frontal
jet also transports coastal-origin nutrients, which will contribute to sustain the high productivity found at regional scales (Saraceno et al., 2005, Romero et al., 2006).
In Chapter 3 we complete the regional and frontal description of the BMC during March
2015, through the development of two inverse models that allow calculating the main watermass transports at two different scales, frontal and confluence. These models determine that the
BC transport is in the range of reported mean values and point at a relative weak along-slope
MC, which appears to correspond to the ‘weak’ MC mode at 41o S (Ferrari et al., 2017). The
models also help identify and quantify several regional features: the recirculation pathways of
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both subtropical and subantarctic waters, the subduction of subantarctic waters at the frontal
structure, and the high-latitude (42o S or more) diversion of the MC and the development of
intense mesoscale features between 40-42o S during the weak MC mode [Fig. 3.1].

Water mass modifications and subduction at BMC
Fronts act both as barriers and blenders of contrasting properties (Bower et al., 1985). On one
hand, the frontal system is highly stratified (hence statically very stable) and the usually intense
currents run parallel to the front, hence strongly suggesting that fronts act as a barrier for tracer
exchange. On the other hand, the front itself may be quite unstable, both laterally, as evidenced
by the presence of multiple sub and mesoscale structures, and vertically, high vertical shear
converts a statically stable into a dynamically unstable water column. These instability processes favour water-mass modifications and the meridional exchanges of heat and freshwater,
among other properties, through vertical mixing and lateral surface and subsurface intrusions.
The results in Chapters 2 and Chapter 4 reveal the high variability of the frontal region.
Thermohaline variability at the front can be triggered by changes in the intensity of the colliding currents, particularly the MC, and by high-frequency migrations of the BCF. Surface changes are also favoured by changes in the wind direction at characteristic scales of 2 to 5 days,
which condition the presence or river waters on top of the frontal jets (Chapter 2). Notorious
subsurface variability is the outcome of numerous thermohaline intrusions with dimensions of
about 10-50 m thick and 10-20 km wide, evolving rapidly along the front (Chapter 2).
In Chapters 2 and Chapter 3 we also show the complex thermohaline and horizontal structure at the BCF as well as the rich eddy field. These features may favour the existence of dianeutral fluxes in the STMW-SAMW-AAIW layers and cross-frontal exchange of waters suggested
at the end of Chapter 3. Additionally, in Chapter 3 we assess the transformations experienced by waters of subtropical origin (TIC-MOC stations north of the BCF) before leaving the
BMC and joining the returning path of the MOC.
In Chapter 4 we use high-resolution data, from a second cruise at the BMC (RETRO-BMC,
April 2017) and a daily SST product, to analyse the temperature temporal, vertical and spatial correlation scales. Near the continental slope, where the two boundary currents collide,
the presence of mesoscale and submesoscale structures leads to high frontal variability, with
a shortening of the correlation scales between 100 and 300 m. The vertical and spatial correlation scales are related in the subtropical side of the frontal system, largely as a consequence of
mesoscale and submesoscale thermohaline intrusions. On the contrary, south of the BCF, the
water masses are more homogeneous and submesoscale intrusions take longer to develop, in
agreement with the lower variability found south of the BCF (Chapter 2). As the frontal system waters flow east, the thermohaline intrusions develop on both sides of the front and the
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spatial scales decrease to similar levels as observed in the subtropical waters north of the front.
In Chapter 5, we complete the analysis of the mixing processes at the BMC and evaluate the
dianeutral and isoneutral diffusive processes in the Argentine Basin along the STF. In agreement with the conclusions of Chapter 3, we find that the dianeutral diffusivity is enhanced
in the upper 600 m of the water column, being particularly intense downstream the BCO. West
of the BCO, over the shelf break, the dianeutral fluxes are intense below 200 m and down to the
seafloor. These fluxes contribute to the transformations in the SAMW/AAIW layers observed
in Chapter 3 or the ones observed by Valla et al. (2018), whereby water masses get warmer
and saltier. On the contrary, downstream the BCO, below 500 m and especially below 1300 m,
the isoneutral mesoscale diffusivity dominates.
Finally, in Chapter 5 we analyse the role of eddy-induced advection in the subduction of
mode water into the local thermocline. Eddy-resolving models suggest that at regions with
high eddy activity such as the BMC, the mesoscale eddy contribution to the subduction of mode
waters can be of the same order of magnitude as the mean-flow subduction (e.g. Mashall, 1997).
The results in Chapter 5, however, show that the along isoneutral subduction of the upper
water masses (including STMW, SAMW and AAIW) is about 25 % of the total subduction.
Nevertheless, these water masses contribute substantially to exchanges between the ACC and
the subtropical gyre, thereby cooling, freshening and ventilating the thermocline layers of the
South Atlantic Ocean.

Main conclusions
The above studies have extended our understanding on the dynamics in the BMC and their
contribution to the transport of heat and other principal properties at different scales. The main
general scientific contributions of this dissertation follow:

∗ The eddy-resolving GLORYS12V1 reanalysis product correctly reproduces the surface
structure of the BMC during the TIC-MOC cruise whereas at depth it does not show
the presence of thermohaline intrusions across the BMC front. Climatological products
smooth the water properties so that the view of the highly variable BMC differs greatly
from the cruise observations.

∗ The northeasterly prevailing winds during March 2015 favour the off-shelf detrainment
of brackish river water, flowing eastward on top the frontal jet. The salinity anomaly on
top the BMC correlates well with the high surface ageostrophic velocities.

∗ During March 2015, the inverse model at the Confluence scale leads to MC transports
in agreement with mooring observations, 28.3 ± 1.4 Sv. Additionally, the inverse model
predicts a southward 29.1 ± 8.3 Sv transport by the BC near 37o S.
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∗ During March 2015, between the eastern anticyclone and cyclone, we find a very intense
subantarctic inflow into the Confluence, around double of the along-slope MC transport.
This inflow is sustained through the cyclonic recirculation of flow exiting east along the
Confluence and by an upstream earlier diversion of the MC. All transports add to cause
an eastward along-front transport of 109.7 ± 15.1 Sv.

∗ In the northern edge of the BCF the flow is principally baroclinic. On the other hand, the
MC inputs are split near equally between barotropic and baroclinic contributions while
the interior subantarctic inflow is mainly barotropic.

∗ The inverse model reveals the existence of net upward dianeutral transference of AAIW
and SAMW in the Confluence region. Moreover, the different mixing fractions for distinctive water properties point at the presence of cross-frontal and dianeutral exchanges.

∗ During April 2017, high-resolution SST images allow the identification of short temporal
and spatial temperature correlation scales at the subtropical waters of the shelf-break BC
and BMC. The MC and MRC present larger scales, probably caused by the presence of
fewer mesoescalar structures. The BC and BCO presented short temporal scales, due to
the significant mesoscale variability, but long spatial correlations, corresponding to their
elongated structure.

∗ At the frontal region, the minimum correlation scales are associated with filaments stretching from the shelf. Overall, at the subsurface, the southern side of the front presents
correlation scales that are larger than in the northern extreme. However, as the frontal jet
flows eastward, the correlation scales at the south decrease due to the development of
thermohaline intrusions on both sides of the front.

∗ The role of turbulent diffusive fluxes (dianeutral and isoneutral) in setting the temperaturesalinity relationship in the Argentine Basin has been assessed. Dianeutral diffusivity is intensified at depth on both extremes of the basin, over the shelf-break and in the western
side of the MAR. It is particularly intense is in the upper layers (26.6 <γn <27.3 kg m-3 )
downstream the BCO. On the other hand, isoneutral diffusivity is enhanced at depths
greater than 500 m.

∗ The isoneutral eddy-induced meridional volume flux across the STF is largest in the upper 600 m. It leads to the poleward subduction of SAMW and AAIW into the subtropical
thermocline, in the 27.3 <γn <27.9 kg m-3 density classes.

Future research
One of the most relevant results in this thesis has been to elucidate the prominent role of mesoscale structures in the regional circulation and mixing processes at the BMC. In Chapter 3
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we have examined the recirculations associated to the mesoscale features and their influence
on the regional BMC circulation and in Chapter 5 we have assessed the role of eddy diffusive
(eddy stirring) and eddy advection in the Argentine basin. Nevertheless, we have not presented any results regarding the role of eddies in the trapping and transfer of properties across the
STF and SAF. Lentini et al. (2006) estimated, from SST and altimetry data, that each BC anticyclonic ring can carry a heat anomaly of 0.045 PW cross the BCF. However, they did not consider
the three-dimensional shape of the eddy or their evolution.
At any time, it is common to observe anticyclones south of the BCF and cyclones north of
it (Lentini et al., 2006; Pilo et al., 2015). The formation of rings in this area is related to the
large-scale retroflection of the BCO (da Silveira et al., 1999), which can occlude and shed a
large anticyclonic eddy in a process forced by continental geography, bathymetry and wind
patterns (e.g. Olson, 1991; Matano, 1993; De Boer et al., 2013); this process can also lead to
the formation of additional anticyclonces/cyclonic eddies south/north of the BCF, as observed
during TIC-MOC cruise (Chapter 2 and Chapter 3). However, there are no statistics of the
average number of cyclonic and anticyclonic eddies exchanged between the subtropical and
subantarctic zones per year. Altimetry could be used to identify and track the number, and
associated surface areas, of those eddies crossing the frontal system.
Once we have the number and areal extent of eddies, in order to quantify their property content, we still need to characterize their vertical extent and distribution of properties. Mesoscale
eddies in the Argentine basin have been studied using high-resolution radiometer sea surface
data, altimetry data (Lentini et al., 2002; 2006; Saraceno and Provost, 2012; Pilo et al., 2015),
in-situ measurements from the Argo program (Dong et al., 2014; Zhang et al., 2014; Frenger et
al., 2015) and the ARMOR-3D data set, which combines in-situ, SST and altimetry data (Mason
et al., 2017). However, only a few of these studies have characterized the subregional vertical
structure of these features, based on either the relatively scarce in-situ available measurements
or a combination of Argo and auxiliary SST and altimetry data (Lentini et al., 2002; Mason et al.,
2017). For example, anticyclonic eddies detaching from the BMC at origin are about 5o C warmer and 1 psu saltier than the surrounding subantarctic waters (Lentini et al., 2002), although
these property anomalies may change as eddies spread into different subregions.
The combination of these analyses – the characterization of the subregional properties of eddies
and the number of anticyclones and cyclones crossing the BCF – could be used to assess the
potential impact of mesoscale eddies in the cross-frontal transport of heat in the BMC. This is
work currently in progress.
Throughout the thesis, the BMC frontal system has emerged as a source of questions and surprises that indeed deserve further attention, such as the temporal development of the subsurface thermohaline intrusions, the spatial extension and temporal intermittency of the brackish
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shelf waters, and the ageostrophic horizontal and vertical motions. Of special interest has been
to understand how the BMC evolves as a result of upstream (e.g. the offshore diversion of the
MC) and downstream (the anticyclones in the outer ring of the Zapiola Gyre). The recent efforts in monitoring the MC (Ferrari et al., 2017; Artana et al., 2018; Paniagua et al.,2018) and
the BC (Meinen et al., 2012; 2013; 2017; 2018; Valla et al., 2018; 2019) will be fundamental in
this direction; these should be completed in the future with the surveying (remote sensing and
Argo floats) of the Zapiola Gyre.
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